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Abstract 
 

The western Antarctic Peninsula (WAP) is a hotspot of climatic and oceanographic 

change, with a 6˚C rise in winter atmospheric temperatures and >1˚C warming of the 

surface ocean since the 1950s. These trends are having a profound impact on the 

physical environment at the WAP, with widespread glacial retreat, a 40% decline in 

sea ice coverage and intensification of deep water upwelling. The main objective of 

this study is to assess the response of phytoplankton productivity to these changes, 

and implications for the marine carbon and nitrogen cycles in the WAP coastal zone.  

 An extensive suite of biogeochemical and physical oceanographic data was 

collected over five austral summer growing seasons in northern Marguerite Bay 

between 2004 and 2010. Concentrations and isotopic compositions (�15N, �13C, 14C) 

of dissolved nitrate, dissolved inorganic carbon species, particulate nitrogen, organic 

carbon and chlorophyll a are used in the context of a substantial ancillary dataset to 

investigate nutrient supply, phytoplankton productivity and nutrient uptake, export 

flux and the fate of organic material, and the factors underpinning pronounced 

seasonal and interannual variability. High-resolution biogeochemical time-series data 

for surface and underlying seawater, sea ice brine, sediment trap material and core-

top sediments allow detailed examination of carbon and nitrogen cycle processes 

under contrasting oceanographic conditions and the interaction between these marine 

processes and air-sea exchange of climate-relevant CO2. 

 This study shows that the WAP marine environment is currently a 

summertime sink for atmospheric CO2 in most years due to high productivity and 

biological carbon uptake sufficient to offset the CO2 supply from circumpolar deep 

waters, which act as a persistent source of heat, nutrients and CO2 across the shelf. 

For the first time, CO2 sink/source behaviour is parameterised in terms of nitrate 

utilisation, by exploiting the relationship between CO2 and nitrate concentrations, 

and deriving the nitrate depletion at which surface ocean CO2 is undersaturated 

relative to atmosphere and carbon sink behaviour is achieved. This could have vast 

utility in examining CO2 sink/source dynamics over greater spatial and temporal 

scales than by direct CO2 measurements, of which availability is more limited.  

This study documents abrupt changes in phytoplankton productivity, nitrate 

utilisation and biological CO2 uptake during a period of rapid sea ice decline. In fact, 
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nitrate utilisation, particulate organic matter production and biological CO2 uptake all 

decrease by at least 50 % between a sea ice-influenced, high productivity season and 

one of low sea ice and low productivity. The key driver of interannual variability in 

production and export of organic material is found to be upper ocean stratification 

and its regulation of light availability to phytoplankton. Productivity, CO2 uptake and 

export are maximal when stratification is sufficient to provide a stable well-lit 

surface environment for phytoplankton growth, but with some degree of mixing to 

promote export of suspended organic matter. Strong stratification causes intense 

initial production, but retention of suspended organic particles in the surface ocean 

induces a self-shading effect, and overall productivity, CO2 uptake and export fluxes 

are low. When stratification is weak, mixing of phytoplankton over a larger depth 

range exposes cells to a wider range of light levels and reduces photosynthetic 

efficiency, thus total productivity and CO2 uptake. A conceptual model is developed 

here, which attempts to describe the mechanism by which sea ice dynamics exert the 

principal control on stratification and therefore productivity and CO2 uptake at the 

WAP, with potential application to other regions of the Antarctic continental shelf. 

Although meteoric waters (glacial melt and precipitation) are more prevalent in 

surface waters throughout the study, sea ice meltwater variability is driven by large 

and rapid spring/early summer pulses, which stabilise the upper ocean and initiate 

phytoplankton growth. The timing and magnitude of these sea ice melt pulses then 

exert the key control on stratification and seasonal productivity. In a low sea ice year 

of this study, the sea ice trigger mechanism was absent and productivity was low. 

This strongly suggests that ongoing sea ice decline at the WAP and greater frequency 

of such low sea ice years is likely to drive a dramatic reduction in productivity and 

export, which would substantially reduce the capacity of the summertime CO2 sink in 

this region. Ongoing warming and ecosystem change are thus likely to have severe 

impacts on net CO2 sink/source behaviour at the WAP over the annual cycle, and the 

role of the Southern Ocean in regulating atmospheric CO2 and global climate. 

 Finally, factors influencing the stable isotopic signature of particulate organic 

carbon (�13CPOC), a common paleo-proxy, are assessed. �13CPOC is greatly influenced 

by seasonal shifts in diatom assemblages and isotopically heavy sea ice material, so 

cannot be used as a robust proxy for ambient CO2 in the coastal Southern Ocean. 
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1 Introduction 

 

1.1 Thesis overview 

 

This PhD thesis examines the biogeochemical cycling of carbon and nitrogen in the 

coastal Antarctic sea ice zone, and the mediation of these cycles by phytoplankton 

productivity, particle export, physical oceanography and air-sea gas exchange. Stable 

isotopic and radiocarbon tracers are used to explore the supply, biological uptake, 

internal cycling and loss of carbon and nitrogen from the west Antarctic Peninsula 

(WAP) surface ocean, in the context of rapid ongoing climate and environmental 

change. The contribution of this work is of vital importance to developing an 

understanding of polar marine carbon and nitrogen cycles and the ways in which they 

may react to continuing climatic and oceanic warming. This response is likely to 

have a profound impact on the capacity of the ocean to take up atmospheric CO2 in 

this climatically sensitive region of substantial air-sea gas exchange. 

 

This introductory chapter provides an introduction to the physical, biological and 

chemical oceanographic setting of the Southern Ocean and its role in regulating 

global climate. A sharper focus is then given to the west Antarctic Peninsula as one 

of the fastest warming regions on Earth and an important oceanic region of high 

productivity and active nutrient dynamics. The importance of the WAP ocean to 

regional biogeochemical cycling and CO2 drawdown, and its exposure to rapid 

climate change, explains the motivation and rationale for examining the carbon and 

nitrogen cycles in this region. A detailed introduction to the climatic, oceanographic 

and biogeochemical setting of the WAP and the study area in northern Marguerite 

Bay provides the context for the study and subsequently leads to an outline of the key 

questions and objectives of this PhD thesis. 
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1.2 An introduction to the Southern Ocean  

 

1.2.1 Physical oceanographic setting 

The Southern Ocean occupies a surface area of 32 x 106 km2 between 50˚S and the 

Antarctic continent, ~10 % of total global ocean surface area (Takahashi et al., 

2002), and is of vital importance to global biogeochemical cycles. The Southern 

Ocean is the only ocean that is zonally unbounded by continental land masses and 

forms a crucial link between major ocean basins around Antarctica, such as to permit 

the existence of the global overturning circulation. The Antarctic circumpolar current 

(ACC) plays a key role in thermohaline circulation processes and transport of heat, 

salt, nutrients, particulates and dissolved gases throughout the global ocean. The 

ACC is bounded by the Polar Front to the south (~60 ˚S) and the sub-Antarctic front 

to the north (~50 ˚S), and flows in an eastwards or clockwise direction around 

Antarctica (Fig. 1.1). The ACC is the world’s largest current system with a mean 

transport through the Drake Passage of 100 – 135 Sv (Whitworth, 1983; Orsi et al., 

1995), and is driven by strong westerly winds over the Southern Ocean.  

 

Sea ice formation, brine rejection and sinking of cold dense waters drives extensive 

formation of deep waters around the Antarctic continent, particularly in the Weddell 

Sea. Formation of Sub-Antarctic mode water (SAMW) and Antarctic intermediate 

water (AAIW) at the sub-Antarctic Front also contribute to the thermohaline 

circulation. As well as being a region of deep and intermediate water formation, the 

Southern Ocean is a region of vigorous upwelling of North Atlantic deep waters, 

south of the Polar Front all around the ACC. As such, the Southern Ocean constitutes 

an important bidirectional pathway between the deep ocean and the surface ocean 

and acts as an important conduit for heat and gas exchange between the deep ocean 

and the atmosphere, such that it plays a key role in global carbon cycle processes. 
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Figure 1.1. Map of the Southern Ocean, showing the location of the Antarctic 

Circumpolar Current (ACC; red shading). Dashed black line depicts 50˚S, the 

northward limit of the Southern Ocean as defined here and commonly in the 

scientific literature. Yellow oval highlights the fact that the west Antarctic Peninsula 

(WAP) is the only region where the ACC is in contact with the Antarctic continental 

shelf. This is shown further in Figure 1.3 and explained in the accompanying text. 

Figure modified from Martinson and McKee, 2012. 

 

1.2.2 Productivity in the Southern Ocean 

Estimates of Southern Ocean productivity vary significantly based on the methods, 

parameters and modelling approach used. However, annual productivity is thought to 

be between 4000 and 6450 Tg C yr-1 and 32 % of primary production has been 
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shown to occur in eutrophic waters, defined as having satellite-derived pigment 

concentrations �1.0 mg m-3 (Longhurst et al., 1995; Antoine et al., 1996; Behrenfeld 

and Falkowski, 1997; Arrigo et al., 1998). This is twice the proportion estimated for 

the global ocean, so the Southern Ocean is said to be of higher trophic status than the 

global ocean average (Arrigo et al., 1998). Contribution to total productivity varies 

between sectors, of which the Ross Sea is the most productive. As a result of zonal 

flow around the Antarctic continent, a latitudinal zonation best describes ecological 

variation across the Southern Ocean. Tréguer and Jacques (1992) divided the 

Southern Ocean into four functional units based on phytoplankton productivity and 

macronutrient drawdown. From the Antarctic continent northwards, these were the 

coastal and continental shelf zone (CCSZ), the seasonal ice zone (SIZ), the 

permanently open ocean zone (POOZ) and the polar front zone (PFZ). Although 

Arrigo et al. (1998) preferred sea ice coverage and bathymetry as delineating factors 

between the Antarctic shelf, the marginal ice zone (MIZ) and the pelagic province, 

there is distinct similarity between both schemes. The coastal, continental shelf and 

sea ice zones exhibited highest productivity and macronutrient drawdown within 

each sector, and the comparison between each varied by sector and month of the 

year. For example, Arrigo et al. (1998) showed that in the Bellingshausen-Amundsen 

Sea sector (130˚-60˚W), daily primary productivity in December in the shelf, MIZ 

and pelagic zones was 1.21, 1.08 and 0.98 g C m-2 d-1, respectively, whilst January 

daily productivity was highest in the MIZ (1.39 g C m-2 d-1, compared to 1.19 g C   

m-2 d-1 over the shelf and 0.61 g C m-2 d-1 in the pelagic province). However, the 

Bellingshausen-Amundsen Sea MIZ only contributes 5.6 % of annual production 

because it is the smallest MIZ of all sectors. Over the entire Southern Ocean, the 

highest daily rates of production (1.5 g C m-2 d-1) were found over the continental 

shelf in December and January (Arrigo et al., 1998). However, total production was 

greatest in the pelagic zone (3912 Tg C year-1), due to its considerably larger size 

than the marginal ice zone and the shelf region.  

 

1.2.3 Iron-limited productivity in the Southern Ocean 

Despite estimates of significant productivity in the Southern Ocean, macronutrient 

utilisation is low and concentrations remain high throughout the year over large areas 
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of the open ocean (e.g. Clarke and Leakey, 1996; Sigman et al., 1999; Altabet and 

Francois, 2001). These high nutrient low chlorophyll (HNLC) conditions are thought 

to be driven by intense upwelling of nutrient-rich deep waters and iron-limited 

productivity (de Baar et al., 2005; Jickells et al., 2005). Iron is an essential 

micronutrient for chlorophyll synthesis and is often present in very low 

concentrations in the Southern Ocean (Martin and Fitzwater, 1988; de Baar et al., 

1990). The first mesoscale iron fertilisation experiment in the polar Southern Ocean 

(Southern Ocean iron release experiment: SOIREE), conducted in February 1999, 

confirmed the iron-limitation of productivity by finding that iron addition 

significantly enhances phytoplankton growth, and macronutrient and CO2 drawdown, 

but does not necessarily increase export and sequestration of CO2 (Boyd et al., 2000). 

 

The availability of iron to phytoplankton is controlled by its supply, removal and 

transformation processes in seawater. Iron is supplied to the Southern Ocean from 

coastal, shallow and resuspended sediments (Moore and Braucher, 2008; Bowie et 

al., 2009), meltwater from glaciers, icebergs and sea ice (Smith et al., 2007; Lannuzel 

et al., 2008), island wakes (Blain et al., 2007), atmospheric dust (Duce and Tindale, 

1991), vertical diffusive flux (Boyd et al., 2005) and interactions between ocean 

currents and bathymetry (de Baar et al., 1995). However, these inputs are patchy and 

lead to distinct heterogeneity in primary production. Iron availability also leads to 

variability in phytoplankton species composition, such that diatoms tend to make a 

much larger contribution to the biogenic particulate iron pool in iron-replete waters 

than in low iron waters (Boyd et al., 2005; Chever et al., 2010; Boyd and Ellwood, 

2010). Low iron concentrations over large areas of the Southern Ocean arise from its 

size and therefore large distances from continental iron source areas and atmospheric 

dust plumes (de Baar et al., 1990; Duce and Tindale, 1991).  

 

1.2.4 Summary of iron biogeochemistry 

As reviewed by de Baar et al. (2005) and Boyd and Ellwood (2010), iron exists in 

sea water in the soluble fraction, as reduced Fe(II), organically-bound Fe(III) and 

inorganic Fe(III), or in the colloidal or particulate phase. Because the ocean is an 

oxic setting, Fe(III) is by far the most abundant iron species and is normally present 
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in its complexed form. Complexation by ligands released by bacteria and other 

grazers keeps iron in the dissolved bioavailable phase and consequently aids iron 

acquisition. Iron is taken up by phytoplankton and autotrophic and heterotrophic 

bacteria by a variety of mechanisms. In order for soluble iron to be taken up by 

phytoplankton, Fe(III) must first be reduced by iron-reducing enzymes in the cell 

membrane (Shaked et al., 2005). These authors also found that inorganic Fe(III) 

species are more bioavailable than ferric chelates (iron cations bounded by ligands), 

because they are reduced to Fe(II) at a higher rate than complexed iron. As well as 

biological uptake, transfer of iron between surface ocean pools occurs by 

photochemical reduction of colloidal iron, which acts to resupply soluble iron to 

phytoplankton (Barbeau et al., 2001). Since iron is so particle reactive, it can be 

readily scavenged from seawater by adsorption, precipitation and aggregation 

processes, which convert soluble iron into colloidal or particulate iron (Wu et al., 

2001; Bergquist et al., 2007). As a result of these exchange processes between 

surface ocean iron pools, the residence time in the mixed layer is on the order of 

months for colloidal iron and months to years for soluble iron (Bergquist et al., 

2007). The particulate biogenic iron pool undergoes efficient recycling by 

microzooplankton, mesozooplankton, viruses and heterotrophic bacteria, such that 

this pool is mobilised and made bioavailable, and a balance is maintained between 

biological uptake and recycling (Hutchins and Bruland, 1994; Barbeau et al., 1996; 

Maranger et al., 1998; Price et al., 1998; Strzepek et al., 2005; Mioni et al., 2005; 

Sarthou et al., 2008). As iron-containing particles sink from the euphotic zone, they 

are remineralised, with the greatest rates of remineralisation occurring in the upper 

ocean (Frew et al., 2006; Lamborg et al., 2008). This particle degradation releases 

ligands as well as soluble and colloidal iron, which is subsequently complexed or 

scavenged, with a resultant increase or decrease in iron concentration, respectively 

(Wu and Boyle, 2002; Cullen et al., 2006; Frew et al., 2006; Boyd et al., 2010). 

Aggregation of particles and colloids increases the rate of sinking and removal of 

iron to the sea floor (e.g. Wu et al., 2001).  
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1.2.5 Co-limitation of productivity by light, iron and silicate 

Phytoplankton in the Southern Ocean can also be limited by light availability for 

photosynthesis, due to deep mixing and consequent low light levels in the mixed 

layer (Mitchell et al., 1991; Nelson and Smith Jr, 1991; van Oijen et al., 2004). 

Primary production is thought to be co-limited by iron and light, since both are low 

over most of the Southern Ocean for most of the annual cycle (Timmermans et al., 

2001). Iron-limitation acts to lower the photosynthetic efficiency of phytoplankton 

(Greene et al., 1994) and production of light-harvesting pigments is enhanced under 

low-light intensities so that cellular iron requirement increases (Raven, 1990; Sunda 

and Huntsman, 1997; Strzepek and Price, 2000).  

 

Laboratory studies have shown that Southern Ocean diatoms can also be co-limited 

by iron, light and silicate, particularly the larger bloom-forming species (Hoffmann 

et al., 2008). However, whilst silicate limitation may be important north of the Polar 

Front, where dissolved Si concentrations are low, it is unlikely to play a role in the 

Si-rich waters to the south (Tréguer and Jacques, 1992; Franck et al., 2000). As such, 

productivity south of the Polar Front is most likely to be co-limited by iron and light 

availability (Timmermans et al., 2001). 

 

1.2.6 The impact of grazing on productivity 

Grazing pressure has been demonstrated to limit primary production in some areas of 

the Southern Ocean (Mayzaud et al., 2002; Krell et al., 2005). However, the general 

consensus is of low grazing impact, with grazing pressure typically <5 % of primary 

production in Antarctic communities (Hopkins, 1987; Atkinson and Shreeve, 1995; 

Swadling et al., 1997). Further, it has been shown that grazing pressure is only 

significant when phytoplankton productivity is low, typically in offshore areas, and 

decreases exponentially as productivity increases (Calbet, 2001). This is consistent 

with a review of the role of grazing pressure in structuring Southern Ocean pelagic 

ecosystems (Smetacek et al., 2004), which finds that in iron-replete high productivity 

settings, phytoplankton growth rates are sufficient to outpace grazing rates, such that 

substantial phytoplankton blooms develop free from limitation by grazing. The 

formation of significant phytoplankton blooms along the WAP (Ducklow et al., 
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2006; Clarke et al., 2008) strongly suggests that primary production is not limited by 

zooplankton grazing in this location. This contention is given support by results from 

the Southern Ocean CROZet natural iron bloom and EXport experiment (CROZEX), 

where grazing pressure was significant (~90 % of daily primary productivity) in low-

productivity waters south of Crozet Island, but low (<1 % of chlorophyll a standing 

stock per day) in the iron-fertilised phytoplankton bloom north of the Crozet Islands 

(Fielding et al., 2007).  

 

1.2.7 Sea ice and productivity 

The distinct seasonal cycle in productivity in the Southern Ocean is driven by sea ice 

dynamics and incoming solar radiation (insolation). Productivity is low throughout 

the austral winter when light levels are restricted by sea ice cover and the loss of 

insolation from high southern latitudes, and higher during austral summer when sea 

ice retreat and solar radiation drive a distinct increase in light availability. Sea ice 

dynamics also exert a strong control on primary productivity in the Antarctic 

seasonal sea ice zone in spring and summer by modifying the physical structure and 

light environment of the upper water column, and supplying seed populations of sea 

ice algae to water column phytoplankton blooms (Smith and Nelson, 1985; Smith 

and Sakshaug, 1990; Mitchell and Holm-Hansen, 1991; Ackley and Sullivan, 1994; 

Smith et al., 1995, 1998; Ducklow et al., 2007). Heavy winter sea ice cover restricts 

sea ice formation and wind-induced deep mixing throughout the winter period such 

that winter mixed layers are shallow. This preconditions the water column so that 

spring and summer mixed layers are also shallow. Mixed layer stability is further 

enhanced by the extensive input of low-salinity sea ice meltwater when ice-cover 

retreats in spring, such that winters of heavy sea ice cover are followed by well 

stratified summers. The freshwater lens released from melting sea ice stabilises the 

upper water column and provides a well-lit surface environment favourable for 

phytoplankton growth, so productivity is high. Conversely, low winter sea ice cover 

fails to preclude wind-induced mixing and permits continued sea ice formation, so 

that winter mixed layers are significantly deeper. The preconditioning of the water 

column persists into summer, since the sea ice meltwater input is insufficient to 

restabilise the surface environment. The resultant unstable deep summer mixed layer 
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causes vertical mixing of phytoplankton over a greater depth range and exposure to a 

wider range of light intensities, which reduces their photosynthetic efficiency and 

therefore overall productivity. 

 

1.2.8 Southern Ocean CO2 system and climate 

The Southern Ocean CO2 system plays a crucial role in regulating global climate, 

since it is the oceanic region of greatest CO2 uptake and greatest sensitivity to global 

change. As such, this region is expected to have the largest impact on the global 

ocean response to ongoing anthropogenic warming (Sarmiento and Le Quéré, 1996; 

Sarmiento et al., 1998; Friedlingstein et al., 2003). Significant upwelling and 

ventilation of deep ocean CO2 creates a source of atmospheric CO2 from the 

Southern Ocean. However, high biological productivity (Arrigo et al., 1998) and 

deep water formation provide a direct pathway for transport of atmospheric CO2 to 

the deep ocean, via thermohaline circulation processes (e.g. Bakker et al., 1997; 

Takahashi et al., 2002). Overall, the Southern Ocean is thought to act as a CO2 sink 

in summer due to high primary productivity and biological CO2 uptake (e.g. Arrigo 

et al., 1998; Gibson and Trull, 1999; Louanchi et al., 2001; Metzl et al., 2006), and a 

CO2 source during austral winter due to intense upwelling of high-CO2 deep waters 

(Gammon et al., 1985; Goyet et al, 1991; Rubin et al., 1998; Roy et al., 2003; Laika 

et al., 2009). The summertime CO2 sink is stronger than the winter source and so 

over a complete annual cycle, the Southern Ocean acts as a net CO2 sink taking up an 

estimated 0.47 Pg C/year south of 50°S (Takahashi et al., 2002). As such, the 

Southern Ocean currently accounts for >20 % of global ocean CO2 uptake despite 

occupying only 10 % of global ocean area.  
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1.3 An introduction to the west Antarctic Peninsula 

 

The WAP is a highly important region of high biological productivity, active 

biogeochemical cycling and intense air-sea gas exchange. The WAP is also the 

fastest warming oceanic region on Earth, so provides the ideal opportunity to 

examine the impact on ongoing climate change on the marine environment. As a 

result, this region benefits from a significant international research effort, including 

research cruises, remote-sensing operations and time-series programmes based at 

Antarctic Peninsula research stations. Central to this effort are the Palmer Long-

Term Ecological Research (Pal-LTER) programme of the USA and the Rothera 

Oceanographic and Biological Time-Series (RaTS) programme of the British 

Antarctic Survey. The Pal-LTER programme has been in operation at the WAP since 

1992, and comprises year-round sampling off Palmer Station at the southern end of 

Anvers Island (64˚ 46.77’S, 64˚ 04.36’W; Fig. 1.3) and annual summertime 

observations in a larger grid between 62˚ and 69˚ S and 59˚ to 78˚ W (Smith et al., 

1995, 1998). The RaTS programme, based in northern Marguerite Bay, began in 

1997 and provides the framework for this PhD thesis. A detailed introduction to the 

RaTS programme is given in Chapter 2. 

 

1.3.1 Rapid climatic and oceanic warming 

The west Antarctic Peninsula is one of the fastest warming regions on Earth and the 

fastest warming in the southern hemisphere, with an average 20th Century 

atmospheric warming of 3.7 ± 1.6 ˚C per century, unweighted, or 3.4 ˚C per century 

when weighted by length of record (Vaughan et al., 2003). This is substantially 

higher than the continental Antarctic mean warming of 0.2 to 1.3˚C per century, 

depending on the exact methodology and weighting applied (Jacka and Budd, 1998; 

Comiso, 2000; van den Broeke, 2000; Vaughan et al., 2003), and a global mean 

warming of 0.6 ± 0.2˚C during the 21st Century (Houghton et al., 2001). Figure 1.2 

shows annual average surface air temperature since 1947 at Faraday/Vernadsky 

Research Station, just south of Palmer Station and ~300 km north of Marguerite Bay, 

on the WAP (Fig. 1.3). Shallow ice core records show that regional warming at the 
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WAP began around 1900 and is likely a result of external climate forcing (Thomas et 

al., 2009). 

 

 

Figure 1.2. Annual average surface air temperature at Faraday/Vernadsky Research 

Station (65˚ 15’ S, 64˚ 16’ W), on the WAP. Data courtesy of J.C. King, British 

Antarctic Survey. 

 

Recent atmospheric warming has driven a concomitant increase in ocean 

temperatures west of the WAP, where summer surface ocean temperatures have risen 

by more than 1 ˚C and shown strong salinification since 1951 (Meredith and King, 

2005). Ocean temperatures in the mid-levels of the ACC also increased in the open 

Southern Ocean by 0.17 ˚C between the 1950s and 1980s (Gille, 2002), and it is the 

continuation of this trend that has caused a warming of upper circumpolar deep water 

(UCDW) of 0.011 ˚C per year on the WAP continental shelf between 1993 and 2004 

(Martinson et al., 2008). Martinson et al. (2008) also found an increase in the 

prevalence of UCDW over the WAP shelf due to a greater degree of upwelling, 

which is likely to be a response to climatic changes in atmospheric circulation 

(Stammerjohn et al., 2008a). This compounds the upper ocean warming driven by 

increasing UCDW temperature and the combination of these mechanisms is likely to 

provide a positive feedback for the observed atmospheric warming.  
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The pronounced warming trend at the WAP is having a strong impact on the physical 

environment with 87 % of marine-terminating glaciers in retreat and retreat rates 

accelerating over time (Cook et al., 2005). This includes Sheldon Glacier, close to 

the study site, which retreated around 3 km between 1947 and 2007 (Peck et al., 

2010). The annual duration of the melt season is also on the increase and, although 

much meltwater will refreeze within the ice, there are indications that run-off will 

increase (Vaughan, 2006). Further, several large ice shelves have collapsed in recent 

years, for example the Wordie Ice Shelf in the 1980s, large parts of the Larsen Ice 

Shelf in 1995 and again in 2002, and most recently the Wilkins Ice Shelf in 2008 

(Doake and Vaughan, 1991; Vaughan and Doake, 1996; Rott et al., 1996; MacAyeal 

et al., 2003; Humbert and Braun, 2008). Rapid warming at the WAP is also driving a 

significant decline in the extent and duration of winter sea ice cover, in contrast to 

other areas of the Southern Ocean where sea ice trends are weaker or positive (Smith 

and Stammerjohn, 2001; Vaughan et al., 2003; Stammerjohn et al., 2008a; Turner et 

al., 2009). Mean annual sea-ice extent for the Pal-LTER region at the WAP showed a 

~40 % decline between 1979 and 1998, based on satellite data (Smith and 

Stammerjohn, 2001). The decrease in duration of sea ice cover is driven by a strong 

trend towards a later autumn advance and a weaker trend towards an earlier retreat 

during spring (Stammerjohn et al., 2008a). These observed changes in the WAP 

physical environment are likely to be accelerated by increasing upper ocean 

temperatures, due to enhanced basal melting of marine-terminating glaciers 

(Shepherd et al., 2004; Pritchard et al., 2012), as well as enhanced melting and 

reduced formation of sea ice (Liu et al., 2004; Stammerjohn et al., 2008a). 

 

1.3.2 Modes of atmospheric variability 

Climate change at the WAP is strongly linked to the Southern Annular Mode (SAM), 

which is the dominant mode of extratropical atmospheric circulation in the Southern 

Hemisphere (Gong and Wang, 1999; Thompson and Wallace, 2000; Thompson and 

Solomon, 2002), and the El Niño – Southern Oscillation (ENSO) (Mo and Ghil, 

1987), which has its largest extra-tropical surface temperature response on Earth in 

the WAP region (Yuan, 2004). The SAM is a zonal phenomenon comprising a 

transfer of atmospheric pressure between mid and high southern latitudes, whilst 
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ENSO is the switching of atmospheric pressure between the southeast and southwest 

tropical Pacific, from which the signal propagates to high latitudes via an 

atmospheric Rossby wave train and has a particularly pronounced impact on the 

southeast Pacific and the WAP region (Turner 2004; Meredith et al., 2010). These 

modes of atmospheric variability have a strong impact on wind patterns, which in 

turn influence air temperature, sea ice and oceanic circulation (Marshall and King, 

1998; Harangozo 2000; Hall and Visbeck 2002; Kwok and Comiso 2002; Liu et al., 

2004; Lefebvre et al., 2004). Of specific relevance here, sea ice is advected away 

from and along the coastline by strong northerly winds, driven by positive SAM – a 

positive atmospheric pressure anomaly at mid-latitudes and a negative pressure 

anomaly at high latitudes – or  la niña conditions, where a strong polar jet causes 

deep polar lows (Rind et al., 2001; Yuan, 2004; Meredith et al., 2010).  

 

Ongoing climatic warming at the WAP is driving an increasing tendency towards the 

positive state of SAM, and an increase in covariability between SAM and ENSO 

(positive SAM and la niña; negative SAM and el niño) was observed over the 1990s 

(Fogt and Bromwich, 2006). This covariability is likely to be greatest in the east 

Pacific sector due to the sensitivity of this region to both climate modes (Simmonds 

and King, 2004). SAM and ENSO covariability and the high latitude response to 

ENSO variability are strongest during austral spring-summer and a strong positive 

trend in SAM has occurred over austral summer-autumn between 1979 and 2004 

(Marshall, 2003; Marshall et al., 2006; Turner et al., 2009). Therefore, the high 

latitude response to SAM and ENSO variability is particularly relevant to the autumn 

advance and, to a lesser extent, spring retreat of sea ice (Stammerjohn et al., 2008a). 

Further, although SAM is amplifying the high-latitude response to ENSO in general, 

the amplification of la niña events is greater than that of el niño (Fogt and Bromwich, 

2006; L’Heureux and Thompson, 2006). Because la niña and positive SAM drive 

stronger and more frequent northerly winds over and to the west of the WAP, and 

consequently an earlier spring retreat and later autumn advance of sea ice, climate-

induced SAM and ENSO variability are contributing strongly to the overall trend of 

decreasing winter sea ice duration in this region (Ducklow et al., 2007; Stammerjohn 

et al., 2008a). This shortening of the sea ice season is likely providing a positive 
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feedback to the warming trend by increasing the ocean heat flux over the annual 

cycle, such that SAM and ENSO variability contribute strongly to rapid warming at 

the WAP (Thompson and Solomon, 2002; Stammerjohn et al., 2008a). Stronger 

winds are also driving increased upwelling of warm UCDW, which further 

exacerbates ocean heat flux and the positive climate feedback associated with SAM 

and ENSO (Martinson et al., 2008). As climate change proceeds at the WAP, the 

increasing preponderance of the positive SAM state is likely to continue, so these 

positive feedbacks are set to intensify and accelerate the rapid warming trend in this 

climatically sensitive region (Marshall et al., 2004; Stammerjohn et al., 2008b; 

Meredith et al., 2008b, 2010; Venables et al., submitted). 

 

1.3.3 Introduction to the study area 

This PhD thesis aims to examine the impacts of these climatic and oceanic changes 

on phytoplankton productivity and biogeochemical cycling in the WAP coastal 

marine environment. The study location is Ryder Bay, a shallow embayment in 

northern Marguerite Bay at the south end of Adelaide Island, with a maximum depth 

of 520m (Fig. 1.3). Ryder Bay is a seasonally sea-ice covered Southern Ocean 

environment, in open exchange with Marguerite Bay, such that oceanographic 

conditions at the study site are representative of the wider area (Clarke et al., 2008). 

Summer phytoplankton assemblages in this region are dominated by diatoms, and 

biomass of other phytoplankton such as prymnesiophytes and cryptophytes is more 

than an order of magnitude lower (Garibotti et al., 2005a). In the context of the wider 

WAP region, Ryder Bay and Marguerite Bay are positioned towards the southern end 

of latitudinal environmental gradients, such that summertime temperatures are lower 

than further north along the WAP and average chlorophyll concentrations are higher 

(Clarke et al., 2008). In order to set the scene for this work, a detailed introduction is 

given here of the regional oceanographic setting, productivity and macronutrient 

dynamics, the CO2 system, ecosystem structure and ongoing environmental change 

in the WAP marine environment. 
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1.3.4 Regional oceanographic setting 

The west Antarctic Peninsula (WAP) is the only region of coastal Antarctica where 

deep ocean waters from the Antarctic Circumpolar Current (ACC) intrude onto the 

continental shelf and exert a direct influence on continental shelf ecosystems 

(Hofmann et al., 1996; Klinck, 1998). Elsewhere around Antarctica, the ACC is 

separated from the coastal environment by large regional gyres (Fig. 1.1). Upper 

Circumpolar Deep Water (UCDW) occupies the mid-levels of the ACC between 

~400m and ~700m, has a characteristic temperature of 1.5 to 1.8˚C (Prézelin et al., 

2004) and salinity of ~34.6 to 34.73 psu (Smith et al., 1999), and is a prominent 

feature of ocean water mass structure west of the WAP (Hofmann and Klinck, 1998). 

The southern boundary of the ACC lies adjacent to the WAP continental shelf and 

exerts the principal control on deep water circulation throughout the WAP region 

(Fig. 1.3). UCDW shoals towards the WAP continental shelf and incurs at the shelf 

break, then moves across the shelf by upwelling, lateral advection, eddy variability 

and cross-shelf flow in deep troughs, such as Marguerite Trough at the northern end 

of Marguerite Bay (Sievers and Nowlin, 1984; Jacobs, 1991; Domack et al., 1992; 

Whitworth et al., 1998; Klinck et al., 2004; Dinniman and Klinck, 2004; Martinson 

et al., 2008, Martinson and McKee, 2012).  

 

Relatively high-salinity UCDW is separated from the fresher overlying Antarctic 

surface water (AASW) by a permanent pycnocline at 150-200m (Hofmann and 

Klinck, 1998), but vertical mixing across this pycnocline permits exchange of heat, 

salt and nutrients between surface and underlying water masses (Smith et al., 1999). 

A physically modified form of UCDW, cooled to 1.0 to 1.4 ˚C by mixing with 

overlying AASW, occupies the lower levels of the water column across the WAP 

shelf (Smith et al., 1999).  
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Figure 1.3. Map of the west Antarctic Peninsula, showing regional surface water 

(pink arrows) and deep water (purple arrows) circulation patterns, dominated by 

UCDW. Solid lines are measured flows, dotted lines are predicted or inferred flows. 

Permanent ice cover is denoted by grey shading. “APCC” is the Antarctic Peninsula 

Coastal Current. “Marguerite Trough” is an important conduit for transport of deep 

waters to the shelf interior. Red dots are time-series sampling locations: “Ryder Bay” 

is the location of this study and the RaTS programme, “Palmer” is the location of the 

Palmer Long-Term Ecological Research (Pal-LTER) programme time-series site, 

which is referred to in this thesis. Figure modified from Meredith et al. (2010). 

 

Water column structure and physical properties of the dominant water masses in 

Ryder Bay are applicable to the wider Marguerite Bay area, and are presented for 

typical summertime conditions in Figure 1.4. In agreement with the wider WAP 

region, UCDW is a permanent feature of the Ryder Bay water column below 200m, 

and is identifiable here by temperature ~1.0 ˚C and salinity ~34.5 psu (Clarke et al., 
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2008). Unlike more open waters further out in Marguerite Bay, a wind-driven signal 

beneath the permanent pycnocline between surface and underlying waters indicates 

that UCDW in Ryder Bay is subject to some degree of atmospheric forcing and 

therefore changes in atmospheric circulation or sea ice cover could impact upon 

mixing processes in these deeper waters (Wallace et al., 2008). The persistent 

presence of UCDW at such shallow depths provides a significant source of heat, 

macronutrients, and CO2 to the surface environment and consequently a key 

ventilation pathway for oceanic CO2 (Klinck, 1998; Prézelin et al., 2000; Martinson 

et al., 2008; Montes-Hugo et al., 2010). 

 

 

Figure 1.4. Water column structure of Ryder Bay and the wider Marguerite Bay 

region, shown by a) temperature and b) salinity, from a representative summer time-

slice (January – March 2010). AASW = Antarctic surface water, WW = winter 

water, UCDW = upper circumpolar deep water. c) shows the temperature-salinity 

distribution of water masses, circled and labelled, and mixing between them. Data 

courtesy of the British Antarctic Survey. 

 

The overlying AASW is typically characterised by temperatures of 0.3 to 1.7 ˚C and 

salinity 32 to 33 psu in Ryder Bay (Fig. 1.4). Warming and freshening of surface 

waters over the summer season is driven by interaction with the atmosphere and 

cryosphere (Klinck, 1998). This leads to summertime isolation of a colder layer of 

AASW from the previous winter, termed winter water (Mosby, 1936), which appears 

as a temperature minimum (<-1˚C) layer between AASW and modified UCDW, 

centring on 100m depth (Clarke et al., 2008). Mixing between these water masses is 
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strongly influenced by internal tides and wind-induced coastal upwelling and 

downwelling (Wallace et al., 2008). Ryder Bay is beyond the critical latitude for 

diurnal internal tides, so these tides observed are very likely to be generated locally. 

The stability of the Ryder Bay water column and extent of vertical mixing is 

controlled by local winds, sea ice cover, barotropic tides, and inputs of freshwater to 

the water column from sea ice, glacial meltwater and precipitation over the annual 

cycle (Wallace et al., 2008; Meredith et al., 2008a, 2010, submitted). 

 

Surface water circulation along the WAP is dominated by the north-eastward 

movement of ACC waters adjacent to the shelf slope and intrusion onto the shelf at 

specific locations, which drives gyre-like motion over the shelf (Klinck et al., 2004), 

as shown in Figure 1.3. Further inshore, the Antarctic Peninsula coastal current 

(APCC) flows south-westwards in surface waters along the west coast of Adelaide 

Island, into Marguerite Bay, and then along the west coast of Alexander Island 

(Beardsley et al., 2004; Moffat et al., 2008). The precise route of the APCC through 

Marguerite Bay is yet to be confirmed and exhibits interannual variability in 

response to sea ice conditions, but cyclonic circulation has been implicated 

(Beardsley et al., 2004; Savidge and Amft, 2009). The APCC is a seasonally 

variable, buoyancy-forced current, which forms as a result of the input of freshwater 

from coastal run-off and precipitation over the ocean (Moffat et al., 2008). During 

the summer sea ice-free season, the APCC is at its most active when current velocity 

can reach 20 cm/s at times of strong wind stress (Beardsley et al., 2004). In winter, 

the APCC disappears due to sea ice formation and the loss of coastal freshwater 

inputs (Moffat et al., 2008). As well as the APCC, Marguerite Bay is also subject to 

intermittent near-inertial currents during ice-free periods, which cause further 

variability in water column structure (Beardsley et al., 2004). 

 

1.3.5 Productivity along the WAP 

Like large areas of the Southern Ocean, phytoplankton productivity in Ryder Bay 

and across the WAP region is paced by the annual cycle of advance and retreat of 

winter sea ice cover (e.g. Clarke et al., 2008; Venables et al., submitted). When sea 

ice is present during autumn, winter and early spring, productivity is low and 
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macronutrient drawdown is negligible. During the late-spring and summer months, 

when insolation has returned to high southern latitudes and sea ice cover retreats, 

productivity is significantly higher since surface water irradiance reaches levels 

sufficient to facilitate phytoplankton blooms (Clarke, 1988). Productivity is 

particularly high in coastal areas, where surface water chlorophyll levels are 

frequently in excess of 20 µg/L, and macronutrient drawdown is pronounced (Karl et 

al., 1992; Ducklow et al., 2007; Clarke et al., 2008). 

 

This productivity is fuelled by abundant macronutrient supply from UCDW, the 

ultimate nutrient source to WAP continental shelf ecosystems, with characteristic 

concentrations of 32 to 36 µmol NO3
-/L and 80 to 105 µmol Si(OH)4/L (Prézelin et 

al., 2000; Serebrennikova and Fanning, 2004). Productivity in Marguerite Bay is 

principally based on new nitrate, from UCDW, as demonstrated by a high f-ratio 

(nitrate uptake vs. total nitrogen uptake) of 0.71 to 0.88 over the austral summer 

period (Weston et al., submitted). The non-seasonal episodic incursions of UCDW 

do not appear to produce detectable fluxes of nitrate or phosphate at depth due to 

already-high macronutrient concentrations of modified UCDW across the shelf 

(Prézelin et al., 2004; Serebrennikova and Fanning, 2004). In outer shelf waters, 

these UCDW nutrient source waters are brought to the ocean surface by 

topographically-induced and wind-induced upwelling in specific locations along the 

WAP (Prézelin et al., 2000). The same authors find these locations to be sites of 

enhanced primary production and diatom-dominated phytoplankton assemblages, 

and postulate that elevated Si(OH)4/NO3
- ratios associated with UCDW (2.5 – 3.0) 

are required to satisfy the growth requirements for diatoms to achieve high 

abundances and community dominance.  

 

Further inshore, such as in Marguerite Bay, macronutrients are usually replete 

(Serebrennikova and Fanning, 2004), and it is the terrestrially- and glacially-derived 

micronutrient (iron) input from adjacent land areas that distinguishes high 

productivity coastal areas from generally low productivity offshore waters (Raiswell 

et al., 2006). Although upwelling of iron-enriched deep waters has been postulated at 

the WAP (Prézelin et al., 2000; Marrari et al., 2008), a significant supply of iron 
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from UCDW is not likely, since UCDW upwells all around the ACC and 

productivity is low, in general. This is supported by low dissolved iron 

concentrations (0.6 to 1.1 nmol/L) in CDW south of the Polar Front and a decrease 

southward from the Polar Front of total dissolvable iron concentration in UCDW 

(Löscher et al., 1997). If UCDW does provide a source of iron to WAP continental 

shelf ecosystems, this iron must be derived from interaction of deep waters with shelf 

sediments prior to upwelling (Blain et al., 2007, 2008; Planquette et al., 2007). 

Nevertheless, glacial meltwater and coastal inputs constitute the principal source of 

iron to coastal ecosystems at the WAP (Gerringa et al., 2012).  

 

1.3.6 Productivity and macronutrient dynamics 

The strongly seasonal nature of productivity in the WAP region drives a distinct 

seasonal cycle in macronutrient dynamics. Concentrations of nitrate, phosphate and 

silicate are at a maximum in winter prior to the springtime onset of phytoplankton 

growth, are depleted throughout the spring/summer phytoplankton bloom, and 

subsequently recover to high winter levels after the cessation of the bloom. In Ryder 

Bay, winter maximum concentrations are ~35 µmol NO3
-/L, ~2 µmol PO4

3-/L and 

>65 µmol Si(OH)4/L (Clarke et al., 2008). Over the course of the spring-summer 

phytoplankton bloom, nitrate and phosphate are drawn down to <15 µmol/L and <1 

µmol/L, respectively. These minimum and maximum values are in agreement with 

phytoplankton blooms near Palmer Station, to the south of Anvers Island, driving a 

drawdown of nitrate from 30 to <10 µmol/L during most summer growing seasons 

(Ducklow et al., 2007), which implies that the seasonal variability in nutrient 

inventories is broadly applicable throughout the coastal WAP region. In Ryder Bay, 

nitrate and phosphate concentrations have shown tight coupling since sampling 

began in 1997 and the molar drawdown ratio derived from the slope of the regression 

of [NO3
-] vs. [PO4

3-] is 15.3 (Clarke et al., 2008). This is only slightly lower than the 

Redfield ratio (N:P = 16) and shows only minor phytoplankton assimilation of 

regenerated forms of nitrogen (ammonium, urea, nitrite), in agreement with the high 

f-ratio for Ryder Bay phytoplankton blooms. The N:P drawdown ratio of 15.3 is 

broadly consistent with values for northern Marguerite Bay (13.6 to 13.9) from Pal-

LTER cruise data (Clarke et al., 2008). During the Southern Ocean Global 
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Ecosystem Dynamics (SO GLOBEC) study, deficit of total inorganic nitrogen (TIN 

= NO3
- + NO2

- + NH4
+) in Marguerite Bay was >0.6 mol/m2 and N:P drawdown ratio 

calculated from seasonal macronutrient deficits was 12.4 ± 1.6 in 2001 and 11.1 ± 

1.3 in 2002 (Serebrennikova and Fanning, 2004). Although Marguerite Bay is 

normally macronutrient-replete, complete nitrate utilisation has been observed in 

very high productivity years (Dore et al., 1992). 

 

Summer diatom blooms in Ryder Bay draw down silicic acid to <50 µmol/L by the 

end of the growing season, but interestingly, maximum Si drawdown tends to occur 

later than maximum nitrate drawdown by 1-2 months (Clarke et al., 2008). In any 

case, an overall Si:N drawdown ratio of 1.67 is only slightly higher than the expected 

ratio of ~1, and suggests that there is no significant micronutrient limitation in Ryder 

Bay. This is consistent with diatom-dominated phytoplankton bloom areas over the 

outer WAP shelf, where Si:N derived from the slope of the regression [Si] vs. [NO3
-] 

is 1.5 (Prézelin et al., 2000). During SO GLOBEC, seasonal silica deficit was >2.5 

mol/m2, and Si:N drawdown ratio calculated from seasonal deficits was 3.9 ± 1.2 in 

2001 and 4.1 ± 1.1 in 2002 (Serebrennikova and Fanning, 2004).  During each 

summer, high chlorophyll levels and strong nutrient drawdown signals in Marguerite 

Bay compared to the adjacent continental shelf, and stronger signals near the coast, 

are diluted by regional circulation and exchange with lower productivity waters 

(Garibotti et al., 2003; Serebrennikova and Fanning, 2004).  

 

Marguerite Bay also exhibits good spatial coupling between primary and 

heterotrophic production, and high ammonium concentrations up to 4.5 – 10 µmol/L 

(Koike et al., 1986; Owens et al., 1991; Karl et al., 1996; Garibotti et al., 2003; 

Serebrennikova and Fanning, 2004). In contrast to the seasonal cycles of nitrate, 

phosphate and silica, ammonium concentrations are low in spring and early summer 

prior to the onset of the phytoplankton bloom, increase over late summer and autumn 

to a late-autumn/early-winter peak, and then subside again over the winter. In 

agreement with the wider Marguerite Bay area, the autumn/early-winter [NH4
+] peak 

in Ryder Bay surface waters commonly exceeds 3 µmol/L, but can reach >5 µmol/L, 

and spring minimum [NH4
+] is <0.3 µmol/L (Serebrennikova and Fanning, 2004; 
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Clarke et al.,   2008). Interannual variability in ammonium levels shows a good 

relationship with sea ice cover and primary production, and implicates greater 

bacterial ammonification and/or ammonium excretion at times of higher productivity 

and greater organic matter availability (Serebrennikova et al., 2008). In the same 

study, bacterial remineralisation accounts for around 45 % of ammonium production 

in Marguerite Bay over the annual cycle. Wintertime nitrification also plays an 

important role in Marguerite Bay, in agreement with previous observations in the 

Atlantic sector of the Southern Ocean (Bianchi et al., 1997), by returning up to 2.9 

mmol NO3
-/m2/day to the bioavailable pool in autumn, and accounting for ~30 % of 

mixed layer ammonium losses during autumn and winter (Serebrennikova et al., 

2008).  

 

1.3.7 The marine CO2 system at the WAP 

The WAP is highly variable with respect to CO2 saturation state due to the balance of 

controlling factors across the region and over the annual cycle. Upwelling of deep 

waters and equilibration with the atmosphere leads to a net carbon source to the 

atmosphere and the presence of CO2-rich oceanic waters in such close proximity to 

the surface ocean creates the potential for a substantial source of CO2 in this region 

(Montes-Hugo et al., 2010). However, because dissolved inorganic carbon (DIC) in 

surface waters is controlled by biological activity and temperature effects, as well as 

upwelling of CO2-enriched deep waters, intense biological production at the WAP 

(Ducklow et al., 2006; Clarke et al., 2007) exerts the main control on euphotic zone 

DIC during summer and can switch the system to a net summertime CO2 sink 

(Carrillo and Karl, 1999; Carrillo et al., 2004). In high productivity coastal regions, 

such as Marguerite Bay, net community production amply exceeds dark community 

respiration and drives a net biological carbon uptake over the summer. The resultant 

undersaturation of pCO2 drives a flux of atmospheric CO2 into surface waters, with 

the rate and magnitude of this flux regulated by CO2 solubility. Conversely, in the 

low-productivity offshore regions, upwelling and thermodynamic controls dominate, 

such that surface waters are oversaturated with respect to atmospheric pCO2 and 

degassing drives a CO2 source to the atmosphere (Carrillo et al., 2004). During 

austral summer, primary productivity and carbonate chemistry of the upper ocean are 
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controlled by sea ice cover during the preceding winter and wind patterns during the 

spring (Montes-Hugo et al., 2010). Strong and persistent northerly winds during 

spring lead to high chlorophyll levels and low DIC concentrations in surface waters 

during summer, by redistributing sea ice near the coast. This creates a compact and 

thick marginal ice zone along the coast (Massom et al., 2006) and a longer ice-free 

well-lit productive season over the rest of the shelf. A strong initial bloom associated 

with the marginal ice zone then propagates over the shelf and along the shelf break to 

drive higher overall productivity and CO2 drawdown over the longer growing season. 

Montes-Hugo et al. (2010) also find that the extent to which these wind-driven 

mechanisms drive high productivity and consequent variability in DIC concentration 

over the rest of the summer is regulated by winter sea ice area and its control on the 

depth and stability of the upper mixed layer. Whilst biological productivity is the 

principal control on surface water DIC variability during summer, lesser 

contributions arise from air-sea CO2 exchange (10 – 20 %), lateral advection of DIC 

from upstream in the regional circulation system (<10 %), vertical entrainment (~16 

%) and upward diffusion (2-6 %) of DIC from underlying waters, and biological 

precipitation of CaCO3 plays a minor role (Montes-Hugo et al., 2010). 

 

Low productivity throughout the WAP region during austral winter is insufficient to 

offset the CO2 supply from UCDW, particularly due to the intensification of deep 

water upwelling, such that the whole region constitutes a strong wintertime source of 

atmospheric CO2 (Carrillo et al., 2004). This autumn-winter mixing with the 

annually invariant pool of DIC below 200m water depth replenishes surface water 

DIC, such that there is no memory effect in DIC concentrations between consecutive 

summers, and drives efficient ventilation of deep water DIC (Montes-Hugo et al., 

2010). As a result of the distinct seasonal cycle in the functioning of the upper ocean 

CO2 system, long-term storage of atmospheric CO2 is significantly smaller than the 

magnitude of its biologically-mediated flux into surface waters (Caldeira and Duffy, 

2000; Carrillo et al., 2004). 
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1.3.8 Particle export and CO2 sequestration 

Long-term storage of CO2 is contingent on efficient sinking of organic carbon from 

the surface environment and removal to the deep ocean and/or marine sediments. 

Despite high productivity at the WAP, observed export fluxes are low. Between 1992 

and 2007, mean carbon flux measured over the continental shelf offshore Anvers 

Island was 4 % of surface production (Ducklow et al., 2008), in agreement with 2 % 

of surface production reaching sediment traps in Ryder Bay between 2004 and 2007 

(Weston et al., submitted). However, average values mask considerable variability 

(<1 to 50 %) and low trap collection efficiencies mean that a significant flux of 

organic carbon is missed (Buesseler, 1991; Gardner, 1999; Buesseler et al., 2007; 

Ducklow et al., 2008). Carbon export flux of 10 – 50 % of surface production, 

derived from surface-tethered drifting cylindrical trap and 234Th fluxes, and model 

estimates are in better agreement with the average export ratio for Antarctic coastal 

systems of 50 % (Laws et al., 2000; Schlitzer, 2002; Daniels et al., 2006; Buesseler 

et al., 2007, 2010; Ducklow et al., 2008). Given the uncertainty in the amount of 

production exported and marked interannual variability in export fluxes, the potential 

exists for longer-term carbon sequestration. Even if export fluxes only account for a 

relatively small percentage of production, high productivity at the WAP makes it 

possible that absolute carbon export may be significant with respect to the 

functioning of the marine CO2 system in this environment.  

 

1.3.9 Higher trophic levels and ecosystem dynamics 

High productivity in the WAP sea ice zone supports large populations of Antarctic 

krill (Euphausia superba), as well as marine mammals and birds (Ross et al., 1996; 

Fraser and Trivelpiece, 1996; Costa and Crocker, 1996). In addition to being one of 

the most abundant organisms in the global ocean in terms of biomass (Verity and 

Smetacek, 1996), krill is a keystone species in the Southern Ocean and the dominant 

zooplankton species along the WAP (Ross et al., 1996). Krill is a dominant grazer of 

phytoplankton in the Southern Ocean that feeds preferentially on large diatoms, 

rather than prymnesiophytes or cryptophytes (Ross et al., 1998, 2000; Quetin and 

Ross, 2001; Garibotti et al., 2003). This selective grazing is related to phytoplankton 

particle size, since the grazing efficiency of krill decreases significantly on particles 
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smaller than 20 µm (Meyer and El-Sayed, 1983; Weber and El-Sayed 1985; Boyd et 

al., 1984; Quetin and Ross, 1985; Haberman et al., 2003). Krill is pivotal to the 

functioning of Southern Ocean ecosystems, since it constitutes the principal food 

source for many higher consumers, such as sea birds, ice fish, penguins, seals and 

whales (Volkman et al., 1980; Eastman, 1993; Everson, 2000; Fraser and Hofmann, 

2003; Ducklow et al., 2007). WAP continental shelf ecosystems are thought to be 

important sources of larval and juvenile krill for the high krill biomass regions of the 

Scotia Sea, where many of the major predator colonies of the Southern Ocean are 

located (Croxall et al., 1988; Murphy et al., 2004). Krill is also thought to enhance 

carbon export by grazing on diatoms and producing fast-sinking faecal pellets 

(Ducklow et al., 2007). Because krill are reliant on diatom-dominated high 

productivity conditions and are the preferred food source for higher predators, it is 

likely that changes in productivity and/or phytoplankton community composition 

will hold severe consequences for the entire marine ecosystem (Ducklow et al., 2006, 

2007; Clarke et al., 2007). 

 

1.3.10 Potential impacts of climate-induced changes at the WAP 

It is described above that the WAP marine environment is known to be characterised 

by strong coupling between physical forcing, phytoplankton productivity and 

community structure, macronutrient and CO2 dynamics, and higher trophic levels. As 

such, climate-induced changes in physical forcing mechanisms have the potential to 

affect the overall productivity and biogeochemical cycling of WAP continental shelf 

ecosystems. 

 

Montes-Hugo et al. (2009) show that the climatically-induced decline in sea ice 

along the WAP has caused different biological responses in the northern and 

southern sub-regions of the WAP ocean over the last 30 years. The northern WAP 

region, northwards of Anvers Island (61.8˚ to 64.5˚ S, 59.0˚ to 65.8˚ W), has 

experienced an 89 % reduction in satellite-derived seasonal average chlorophyll 

concentration, concurrent with a 79 % decline in December sea ice extent since the 

1970s. Sea ice decline appears to have driven an increase in water column mixing, 

enhanced by persistently stronger winds from which the upper water column is less 



Henley, 2012 

 26 

protected by ice cover. The consequent less favourable surface conditions for 

phytoplankton growth are compounded by an increase in cloud cover, which further 

reduces light availability in the euphotic zone. The chlorophyll decline is particularly 

pronounced early in the growing seasons, thus adding support to winter sea ice 

dynamics as the controlling mechanism. In the southern sub-region between Anvers 

Island and outer Marguerite Bay (63.8˚ to 67.8˚S, 64.4˚ to 73.0˚W), on the other 

hand, sea ice extent has declined by ~80 %, whilst chlorophyll concentrations have 

shown a substantial increase (66 %) between 1978-1986 and 1998-2006. Sea ice 

decline has occurred where ice cover was previously present over most of the annual 

cycle, leading to a substantial increase in the length of the growing season, over 

which light availability in the upper mixed layer is sufficient for phytoplankton 

growth. Coupled with a reduction in wind intensity and cloudiness, which also cause 

an increase in mixed layer light availability, this uncovering of ocean surface area by 

sea ice retreat has driven a dramatic increase in chlorophyll levels over the last 30 

years. As a result of this complexity, the net biological response to ongoing sea ice 

losses at the WAP is under debate. Using in situ time-series data, it is yet to be 

categorically demonstrated that declining sea ice is driving a decline in productivity 

or ecosystem health. Instead, it has been suggested that sea ice losses may drive a 

shift in phytoplankton species composition and adaptation to new conditions, rather 

than biological collapse (Ducklow et al., 2006; Vernet et al., 2008). However, as 

noted above, a phytoplankton species shift may lead to an abrupt change in trophic 

structure and severe consequences for overall productivity (Smith et al., 2003b, 

2008). A shift from diatoms to prymnesiophytes or cryptophytes is likely to drive a 

decline in krill stocks and a switch to dominance of zooplankton assemblages by 

salps (Kopczynska, 1992; Hosie et al., 2000; Moline et al., 2004; Garibotti et al., 

2005b). Salps are not a preferred food source for higher predators (Dubischar et al., 

2006), so a switch from krill-dominance to salp-dominance may cause major shifts in 

the structure of the upper levels of the WAP food web and have disastrous 

consequences for higher predators that are already under pressure from habitat 

change related to sea ice decline (Clarke et al., 2007; Ducklow et al., 2007). These 

ecosystem changes are all likely to impact upon carbon and nitrogen transfer and 
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cycling, and consequently hold significant implications for the potential of the 

coastal WAP ocean to act as a biologically-mediated sink for atmospheric CO2. 

 

1.3.11 Sea ice decline and productivity in Ryder Bay 

Recent sea ice trends around the study area in Ryder Bay are consistent with those in 

the wider WAP region. Figure 1.5 shows time-series sea ice cover, mixed layer depth 

and chlorophyll a in Ryder Bay since January 1997, from the Rothera Oceanographic 

and Biological Time-Series (RaTS) programme (Chapter 2). Whilst pronounced 

interannual variability in the extent and duration of sea ice cover, mixed layer depth 

and chlorophyll levels is observed throughout the sampling period, a clear shift is 

observed in recent years. The extent and duration of sea ice cover shows a dramatic 

decline after January 2007 and, in summers 2007/8 and 2008/9 particularly, is 

accompanied by a distinct drop in summer chlorophyll levels. There is also a step-

change in winter mixed layer depth after summer 2006/7 to consistently deeper 

mixed layers than previously observed in Ryder Bay.  

 

 

Figure 1.5. Time-series plot of sea ice cover, mixed layer depth and chlorophyll a 

concentration in Ryder Bay. Sea ice cover (grey shading, inside-right y-axis) is for 

the whole bay, where full cover is shown by a maximum sea ice score of 10. Mixed 

layer depth (blue line, outside-right y-axis) and chlorophyll a (green dots and line, 

left-hand y-axis) are monitored at the deepest point in Ryder Bay (520m). 

Chlorophyll a data presented here are from 15m water depth, the long-term average 

depth of the chlorophyll maximum. Data courtesy of the British Antarctic Survey. 

Full details on data collection and manipulation are given in Chapter 2. 
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1.4 Objectives and scope of the study 

The principal aim of this PhD thesis is to examine the implications of ongoing 

climate-induced environmental change for marine carbon and nitrogen cycling in the 

WAP coastal zone. Presented here is one of the most comprehensive high-resolution 

datasets examining carbon and nitrogen cycling in the coastal Antarctic marine 

environment to date, with quasi-weekly biogeochemical measurements and 

oceanographic observations over five austral summer growing seasons. This thesis is 

organised into eight chapters, including this introduction, a detailed overview of 

fieldwork conducted in Antarctica, five data chapters and finally, a synthesis chapter 

which brings together the key findings of the study. The five chapters presenting the 

data and interpretations arising from this study are presented in the format of journal 

articles. Chapter 7 has been published in Biogeosciences (Henley et al., 2012), and 

the remaining four data chapters are each due to be submitted to peer-reviewed 

journals in the near future. Data discussed in these chapters are tabulated in the 

Appendices. 

 

Of prime importance in this study is to constrain the factors that control 

phytoplankton productivity and nutrient utilisation from year to year, in order to 

develop an understanding of the likely biological response to ongoing and future 

change, and its consequences for CO2 drawdown. Chapter 3 addresses this question 

by employing physical oceanographic, biological and nitrogen elemental and isotopic 

data to constrain these factors in Ryder Bay. A conceptual model is developed 

whereby the interplay between sea ice and glacial meltwater inputs to surface waters 

regulates the degree of upper ocean stratification, which in turn regulates 

phytoplankton productivity, nutrient utilisation and particle export from the euphotic 

zone. Biogeochemical cycling and the fate of organic matter are also crucial to the 

functioning of the marine environment and its regulation of carbon and nutrient 

budgets. Chapter 4 provides one of the most detailed analyses of nitrogen cycling in 

the nearshore Antarctic ocean as yet undertaken, using the nitrogen isotopic 

composition of nitrate and particulates, as well as elemental and sediment trap data. 

This builds on the findings of Chapter 3 to show that the degree of upper ocean 

stratification controls the fate of organic material and the extent of nitrogen recycling 
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in the surface ocean, with implications for broader nitrogen cycle processes and 

particle export.  

 

In terms of climate-relevant CO2 drawdown and sequestration, biological carbon 

uptake must exceed deep water carbon supply so that there is a net uptake of 

atmospheric CO2. The extent to which the coastal WAP region acts as a source or a 

sink for atmospheric CO2 is vitally important for the role of the Southern Ocean in 

regulating global climate. Chapter 5 uses radiocarbon signatures of dissolved 

inorganic carbon (DIC) to trace the supply of carbon dioxide to surface waters from 

deep water incursion onto the WAP continental shelf and ocean-atmosphere gas 

exchange. Radiocarbon signatures of particulate organic carbon (POC) are then 

scrutinised to estimate the proportion of CO2 taken up by phytoplankton that is 

atmospheric vs. oceanic in origin. The factors influencing the down-depth evolution 

of POC radiocarbon signature are also examined in the context of estimating the 

biologically-mediated export of atmospheric CO2. Chapter 6 builds upon Chapter 5 

to provide a detailed account of the functioning of the surface water CO2 system in 

the Antarctic sea ice zone, its interannual variability and relationship with 

productivity, and its coupling with nitrogen cycle processes. The short (sub-annual) 

and longer-term (>1 year) drawdown of CO2 is examined in order to explore the 

potential for the coastal WAP region to act as a sink for atmospheric CO2, with 

strong implications for the marine carbon cycle and ongoing climate change. Chapter 

7 examines carbon isotope dynamics to elucidate whether stable isotopic signatures 

of POC can be used as paleo-archives for CO2 dynamics and environmental 

conditions in the coastal Antarctic ocean. Isotopic signatures are found to be 

sensitive to factors other than ambient pCO2, which must be considered when 

interpreting sedimentary records. Finally, Chapter 8 provides a synthesis of the key 

findings, by returning to the conceptual model developed in Chapter 3 and applying 

it to the capacity of the ocean to sequester CO2 in the light of ongoing climate and 

environmental change, now and in the future. 
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2 Fieldwork and the Rothera Oceanographic and Biological Time-
Series 

 

2.1 Introduction 

Fieldwork for this thesis was undertaken over the course of five austral summer 

growing seasons between 2004 and 2010 in Ryder Bay, northern Marguerite Bay to 

the west of the Antarctic Peninsula (Fig. 2.1). All fieldwork was conducted by 

University of Edinburgh PhD students in collaboration with the Rothera 

Oceanographic and Biological Time-Series (RaTS) programme of the British 

Antarctic Survey (BAS). The RaTS programme is an important component of the 

BAS Long-Term Monitoring and Survey core programme and is co-ordinated 

through the BAS Polar Oceans programme. Since its inception in January 1997, the 

RaTS programme has provided high frequency, sustained year-round monitoring of 

the biogeochemical and physical processes acting upon the Ryder Bay environment. 

The main objective of the RaTS programme is to address relevant scientific 

questions focusing on the physical and biological marine environment of the 

Antarctic sea ice zone, its evolution over time and its interaction with the atmosphere 

and cryosphere, all in the context of rapid warming along the western Antarctic 

Peninsula. This work falls within the scientific and logistical framework of the 

oceanographic component of the RaTS programme. A complete description of this 

component and results from the first eight years of monitoring in Ryder Bay is given 

in Clarke et al. (2008). Ryder Bay has been shown to be in open exchange with 

northern Marguerite Bay (Wallace et al., 2008) and as such, the water column 

structure and physical oceanography of Ryder Bay are thought to be representative of 

the wider Marguerite Bay area. 
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Figure 2.1. Map of Ryder Bay showing the primary site for water column 

measurements and seawater sampling, “RaTS site”. Inset shows position of Ryder 

Bay at the northern end of Marguerite Bay on the west Antarctic Peninsula. Maps 

courtesy of BAS and adapted from Clarke et al. (2007, 2008). 

 

This PhD thesis is set in the context of the substantial RaTS dataset and contributes 

an additional dimension to the RaTS programme, by providing a more detailed 

understanding of the marine carbon and nitrogen cycles using stable and radioisotope 

biogeochemistry. Of particular importance are a detailed understanding of the supply 

and uptake of different carbon sources, the controls on nitrate uptake and the fate of 

organic material, and the biological and physical impacts on isotopic signatures of 

organic particles, with relevance for the interpretation of marine sedimentary 

archives.  
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2.2 The RaTS programme 

The oceanographic component of the RaTS programme comprises year-round sea ice 

observations, collection and analysis of water samples, and measurement of physical 

oceanographic parameters. Daily observations of Ryder Bay sea ice cover are 

recorded at Rothera Research Station. The percentage of Ryder Bay covered by ice is 

weighted by type of ice, such that brash and pack ice yield a low overall ice score, 

whilst 100% fast ice cover yields the maximum ice score of 10. Sea ice data for 

Ryder Bay are in good agreement with regional sea ice cover of Marguerite Bay 

taken from Bellingshausen-Amundsen Sea region satellite-derived sea ice cover data, 

from the National Ice Centre of the US National Oceanic and Atmosphere 

Administration (available online at http://www.natice.noaa.gov). 

 

Water sampling and oceanographic measurements are undertaken from a small 

motorboat during the ice-free months and through a hole cut in the sea ice during ice-

covered periods. The primary sampling site is the deepest point in Ryder Bay (520m) 

at 67o34.02’S, 68o14.02’W (Fig. 2.1). When this site is inaccessible due to 

unfavorable ice or weather conditions, a secondary site, also representative of 

prevailing oceanographic conditions in Ryder Bay and the wider Marguerite Bay 

region, at 67˚34.85’S, 68˚09.34’W of water depth ~400m is occupied. RaTS 

sampling is conducted twice-weekly during austral summer and weekly during the 

winter months, when permitted by weather conditions, ice status and logistical 

constraints.  

 

On each sampling event, a full-depth conductivity-temperature-depth (CTD) profile 

is performed using a SeaBird 19+ CTD with an additional Wetlabs in-line 

fluorometer, LiCor PAR sensor and a SeaBird pH sensor, which is lowered to 500 m 

water depth using a hand-operated winch. Water samples are taken from 15m, the 

long-term average depth of the chlorophyll maximum.  

 

2.2.1 RaTS programme: Physical oceanographic monitoring 

Full-depth profiles of water column temperature and density are obtained directly 

from the CTD, and salinity is calculated from conductivity. Mixed layer depth is 
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derived from CTD density data and is defined as the depth at which �0 = �0 (surface) 

+ 0.05 (Barth et al., 2001), where �0 is the potential density anomaly =  � – 1000, and 

� is density in kg m-3. Photosynthetically active radiation (PAR) is taken from the 

LiCor sensor on the CTD package, and the depth of the net photocompensation 

irradiance (NPI) is the depth at which PAR results in a net phytoplankton growth rate 

of zero in the presence of most naturally occurring losses. NPI is taken to be 15 µE 

m-2 s-1 based on data from the Bellingshausen Sea (Boyd et al., 1995). Fluorescence 

data is used to determine the depth of the chlorophyll maximum, which centres on 

15m over the duration of the RaTS programme. 

 

2.2.2 RaTS programme: Seawater biogeochemical sampling 

The RaTS surface water sampling programme includes measurement of chlorophyll 

a, macronutrients (N, P, Si), dissolved organic carbon, ammonium and the oxygen 

isotopic composition of seawater. After collection, water samples are transported 

back to the laboratory in the dark, and normally reach the laboratory within one hour. 

Chlorophyll a is measured immediately on return to the laboratory and ammonium 

concentrations are measured within four hours of sample collection. Other samples 

are returned to the UK for analysis.  

 

Samples for chlorophyll a analysis are separated by gravity filtration through 

sequential 47 mm filters into microphytoplankton (>20 µm), large 

nanophytoplankton (<20 – 5 µm), small nanophytoplankton (<5 – 2 µm) and 

picophytoplankton (<2 – 0.2 µm). However, this size-fractionation is not of specific 

relevance here, since only total chlorophyll a is used in this study. Chlorophyll is 

extracted using chloroform and methanol (Wood, 1985), and measured by 

fluorometry using a Turner AU-10 before and after acidification with two drops of 

0.1 N HCl. Extraction and fluorometry take place in the dark and the fluorometer is 

calibrated frequently to chlorophyll a standard Anacystis nidulans (Sigma). Total 

chlorophyll a is used to calibrate the inline fluorometer on the CTD package.  

 

Samples for the determination of ammonium concentration are analysed within four 

hours of sample collection using ortho-phthaldialdehyde (OPA) and fluorometry 
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(Holmes et al., 1999). Samples are assayed in triplicate, calibration is by standard 

addition at four concentrations, and the detection limit is 0.01 µmol/L. RaTS 

macronutrient samples are filtered in Antarctica using GF/C filters and stored in dark 

polyethylene bottles in the dark at 4°C. Subsequent analysis is performed in the UK 

using standard oceanographic autoanalyser protocols (Strickland and Parsons, 1968), 

with detection limits of 0.3 µmol/L for nitrate, 0.1 µmol/L for nitrite, 0.2 µmol/L for 

orthophosphate and 1.2 µmol/L for reactive silicate.  

 

2.3 Fieldwork and data for this PhD thesis 

For this PhD thesis, high-resolution time series sampling was conducted alongside 

routine RaTS sampling during austral spring and summer 2004/5, 2005/6, 2006/7, 

2008/9 and 2009/10. In summer 2004/5, sampling commenced on 5 December 2004 

and ended on 14 March 2005, and included 22 sampling events. In summer 2005/6, 

low-resolution sampling ran from 17 September to 21 November 2005, when high-

resolution sampling commenced and ended 23 March 2006. A total of 23 sampling 

events was conducted over summer 2005/6. In 2006/7, sampling was conducted from 

9 December 2006 to 31 January 2007, and included ten sampling events. Sampling in 

summer 2008/9 took place from 4 December 2008 until 11 March 2009, and 

consisted of 26 sampling events. During summer 2009/10, the sampling programme 

ran from 2 December 2009 to 23 March 2010, and comprised 34 events. A less 

comprehensive dataset was collected over summer 2007/8 and shows that 

oceanographic and biogeochemical conditions were similar to those in 2008/9. As 

such, descriptions and interpretations given in this thesis for 2008/9 are thought to be 

broadly applicable to 2007/8. Lower resolution sampling was also carried out during 

the winters of 2005 and 2006.  Of the time periods covered in this study, the only 

significant break in the time series was a four week break at the beginning of summer 

2005/6 when ice conditions prevented access to either sampling site. Fieldwork in 

summers 2004/5 and 2005/6 was carried out by Damien Carson, University of 

Edinburgh and 2006/7 fieldwork was conducted by Amber Annett, University of 

Edinburgh. Fieldwork in 2008/9 and 2009/10, and all data manipulation and 

interpretation included in this thesis, was undertaken by Sian Henley. 
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In this PhD thesis, BAS time-series macronutrient data are used for the period 

December 2004 to November 2008 and April to November 2009. For austral summer 

seasons 2008/9 and 2009/10, macronutrient samples were analysed at Plymouth 

Marine Laboratory (PML), UK, and agreement with concurrent RaTS samples is 

good. A separate macronutrient sampling programme was adopted during these 

periods to allow for depth profile sampling and wider spatial coverage outside the 

scope of the RaTS programme. Full details on this sampling programme and 

analytical methods employed at PML are given in Chapter 3. 

 

During summers 2004/5 and 2005/6, a number of additional sampling events were 

conducted alongside the RaTS programme. Whilst this leads to slight differences in 

time-series plots of chlorophyll a and macronutrient concentrations between 

published RaTS data (e.g. Clarke et al., 2008) and data presented in this study, 

overall trends, comparisons and arguments made in both studies remain valid and 

robust. 

 

In addition to measurements made by the RaTS programme, this project monitored 

various biogeochemical parameters in time-series and depth profile, including 

concentrations of macronutrients (nitrate, phosphate and silicate), particulate organic 

carbon (POC) and particulate nitrogen (PN). The seawater carbonate system was 

monitored using concentrations of dissolved inorganic carbon (DIC), carbon dioxide 

(CO2), bicarbonate (HCO3
-) and carbonate (CO3

2-). Stable nitrogen isotopic 

composition (�15N) was measured over the full depth of the water column in nitrate 

and suspended, sinking and core-top PN. Stable carbon isotopic signature (�13C) was 

monitored in CO2 over the full depth range, and POC in surface waters, sediment 

traps and core-top sediments. Radiocarbon ages were measured in DIC over the full 

depth range in Ryder Bay and in deep waters across the WAP continental shelf, and 

in POC in Ryder Bay surface waters. In a partner study to this PhD thesis, 

measurements were taken to examine silica cycling, phytoplankton species 

composition, iron dynamics and radiogenic radium isotopes in Ryder Bay (Annett, 

2012). Both Annett (2012) and this PhD thesis continue, extend and make significant 

advances to the time-series work of Damien Carson conducted in Ryder Bay during 



Henley, 2012 

 36 

austral summers 2004/5 and 2005/6 (Carson, 2008). Sample collection, processing 

and analytical methods for biogeochemical parameters measured outside the core 

RaTS programme are not described here, but are detailed in the relevant sections of 

this thesis.  



Henley, 2012 

 37 

3 Interannual variability in productivity and nutrient utilisation in the 
light of ongoing climatic and oceanographic change 

 

3.1 Abstract 

 

Ongoing climate-induced changes at the WAP may hold profound implications for 

biological productivity and nutrient biogeochemical cycling in the marine 

environment. This study provides a detailed examination of macronutrient supply 

and uptake, and seeks to identify the key factors controlling interannual variability in 

phytoplankton productivity in this seasonally sea ice-covered Southern Ocean 

environment. Nutrient supply and productivity both show a strong relationship with 

the degree of upper ocean stratification, but persistent nutrient resupply to the surface 

ocean ensures that macronutrients are replete throughout the study period and 

productivity is not macronutrient-limited. Stratification-regulated light availability is 

found to be the most important factor controlling productivity, due to self-shading 

under well-stratified, high chlorophyll conditions and deeper mixing under poorly-

stratified, low chlorophyll conditions. Productivity is found to be at its maximum 

when moderate or intermittent stratification provides a stable surface environment 

favourable for phytoplankton growth, yet is not sufficient to isolate the surface ocean 

from exchange with, and particle export to, underlying waters. A conceptual model is 

presented, in which stratification and therefore productivity in the different growing 

seasons examined are controlled by the temporally-varying interplay between sea ice 

meltwater and glacial freshwater input to the surface ocean. The model, based on 

evidence from this observational study, suggests that a pulsed sea ice meltwater input 

is vital to stabilise the surface ocean sufficiently to instigate a phytoplankton bloom. 

With ongoing warming and sea ice losses at the WAP, this stabilisation mechanism 

may be lost and may lead to a dramatic decline in productivity throughout the WAP 

region. Ongoing changes in phytoplankton productivity at the WAP are of key 

importance in terms of their effects on nutrient cycling, ecosystem functioning and 

the capacity of the Southern Ocean to modulate atmospheric CO2. 
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3.2 Introduction 

 

3.2.1 Physical oceanographic setting 

The western Antarctic Peninsula (WAP) is unusual in the Southern Ocean as the only 

region of Antarctica where ocean waters from the Antarctic Circumpolar Current 

(ACC) exert a direct influence on continental shelf ecosystems (Hofmann et al., 

1996; Klinck, 1998). The southern boundary current of the ACC flows northwards 

along the shelf break and intrudes onto the continental shelf at specific locations 

controlled by the curvature of the shelf break (Dinniman and Klinck, 2004). As such, 

Upper Circumpolar Deep Water (UCDW), which occupies the mid-levels of the 

ACC between ~400m and ~700m, is a prominent feature of ocean water mass 

structure west of the WAP (Hofmann et al., 1996; Hofmann and Klinck, 1998). 

UCDW is characteristically warm, 1.5 to 1.8 ˚C (Prezelin et al., 2004) and saline 

~34.6 – 34.73 psu (Smith et al., 1999). As UCDW moves across the continental shelf 

by lateral advection, upwelling, eddy variability and cross-shelf flow in deep troughs, 

such as Marguerite Trough at the northern end of Marguerite Bay (Domack et al., 

1992; Klinck et al., 2004; Martinson et al., 2008, Martinson and McKee, 2012), it 

mixes with overlying Antarctic surface water (AASW). The resultant modified 

UCDW is typically slightly cooler, 1.0 to 1.4 ˚C and fresher, 34.6 – 34.7 psu on the 

continental shelf (Smith et al., 1999) and is a permanent feature of the Ryder Bay 

water column below 200m, identifiable by temperature ~1.0 ˚C and salinity ~34.5 

psu (Clarke et al., 2008). UCDW is nutrient-rich and consequently provides the 

ultimate nutrient source to WAP continental shelf ecosystems (Prézelin et al., 2000). 

 

The overlying AASW warms and freshens during summer due to interaction with the 

atmosphere and cryosphere (Klinck, 1998) and is typically characterised in Ryder 

Bay by temperatures of 0.3 to 1.7 ˚C and salinity 32 – 33 psu. Warming and 

freshening of the surface waters isolates a colder layer of remnant winter water 

(WW), seen as a summertime temperature minimum (<-1 ˚C) layer between AASW 

and modified UCDW around 100m depth (Clarke et al., 2008). The degree of 

stratification and exchange between these different water masses acts as a key 
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determinant on nutrient supply to, and biogeochemical processes in, the surface 

ocean ecosystem. 

 

3.2.2 Sea ice and glacial meltwater dynamics 

During the Antarctic summer growing season, the structure of the upper water 

column is controlled by input of freshwater from sea ice and glacial ice. Throughout 

much of the coastal Antarctic and specifically the WAP coastal zone, sea ice melt is 

the dominant control on freshwater inventories such that winters of heavy sea ice 

cover are followed by well stratified summers and consequently a stable well-lit 

surface environment favourable for phytoplankton growth (Smith and Nelson, 1985; 

Ackley and Sullivan, 1994; Smith et al., 1995, 1998). However, due to its nearshore 

location, Ryder Bay upper ocean structure is more strongly influenced by the input of 

meltwater from glaciers surrounding Ryder Bay via run-off, melting at ice-ocean and 

ice-rock interfaces, and possibly ice-edge collapse and subsequent melting of brash 

ice. Oxygen isotopic studies reveal that meteoric water input (glacial melt plus 

precipitation) accounts for 4 to 6 m of the summer water column, whilst sea ice 

meltwater inventories were significantly lower at -1 to 0.5 m, where a negative 

number indicates net sea ice formation over a growing season (Meredith et al., 2010). 

This nearshore setting and greater influence of glacial meltwater facilitates more 

pronounced, typically diatom-dominated, phytoplankton blooms than further out on 

the WAP continental shelf (Dierssen et al., 2002; Garibotti et al., 2003, 2005b), with 

profound implications for nutrient cycling within and around Ryder Bay. 

 

3.2.3 Regional climate change 

The western Antarctic Peninsula is one of the fastest warming regions on Earth and 

the fastest warming in the southern hemisphere with an average 20th Century 

warming of 3.4˚C per century (Vaughan et al., 2003). This pronounced warming 

trend is having a strong impact on the physical environment with 87% of WAP 

marine glaciers in retreat and retreat rates accelerating (Cook et al., 2005), and a 

~40% decline in sea ice between 1979 and 1998 (Smith and Stammerjohn, 2001). 

Ongoing warming is also driving an increasing tendency towards the positive state of 

the Southern Annular Mode (SAM), which is manifest as an increase in northerly 
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winds at the WAP and is therefore likely to further enhance sea ice losses in this 

region, particularly when coincident with the La Niña state of El Niño Southern 

Oscillation (ENSO) variability (Kwok and Comiso, 2002; Fogt and Bromwich, 2006; 

Stammerjohn et al., 2008b; Meredith et al., 2008b). These physical changes are likely 

to impact upon primary productivity and nutrient cycling through their modulation of 

freshwater inputs to, and thus the degree of stratification of, the surface ecosystem 

(e.g. Ducklow et al., 2007). 

 

Recent atmospheric warming has also driven a concomitant increase in ocean 

temperatures west of the WAP, where summer surface waters have warmed by more 

than 1˚C and shown strong salinification since 1951 (Meredith and King, 2005). 

Ocean temperatures in the mid-levels of the ACC also increased in the open Southern 

Ocean by 0.17˚C between the 1950s and 1980s (Gille, 2002), and it is the 

continuation of this trend that has caused a warming of UCDW of 0.011˚ C per year 

on the WAP continental shelf between 1993 and 2004 (Martinson et al., 2008). This 

warming combined with the increased prevalence of UCDW over the continental 

shelf (Martinson et al., 2008) is likely linked to warmer upper ocean temperatures 

and may well be providing a positive feedback for the observed atmospheric 

warming and associated marine glacier retreat (Cook et al., 2005) and sea ice losses 

(Liu et al., 2004; Stammerjohn et al., 2008a). Further, the enhanced incursion of 

UCDW onto the WAP continental shelf and its interplay with ongoing climatically-

driven changes in glacial and sea ice freshwater inputs may hold important 

implications for the ultimate nutrient source to, and consequently nutrient cycling 

within, surface and benthic ecosystems. 

 

3.2.4 Objectives and scope of the study 

This study provides a detailed examination of the supply and utilisation of inorganic 

nutrients over five austral summer growing seasons in Ryder Bay, northern 

Marguerite Bay, western Antarctic Peninsula, using molar concentrations, seasonal 

drawdown and uptake stoichiometry, as well as the relationship between nitrate 

concentration ([NO3
-]) and its nitrogen isotopic composition (�15NNO3). Numerous 

studies have described the relationship between [NO3
-] and both �15NNO3 (Sigman et 
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al., 1999; Lourey et al., 2003; Karsh et al., 2003) and the isotopic composition of the 

particulate nitrogen product (�15NPN) in oceanic settings (Wada and Hattori, 1978; 

Altabet and McCarthy, 1985; François et al., 1992; Wu et al., 1997; Waser et al., 

1998). These relationships arise from isotopic fractionation during nitrate uptake, due 

to preferential utilisation of 14N by phytoplankton. As a given nitrate source is 

utilised, the residual nitrate becomes progressively enriched in 15N, which drives a 

concurrent increase in �15N of the particulate product.  

 

In the context of a substantial ancillary dataset (RaTS, BAS), interannual variability 

in nutrient dynamics and phytoplankton productivity is assessed, in relation to upper 

ocean stratification. The specific mechanism that links stratification to productivity 

and constitutes the limiting factor for phytoplankton growth is also discussed. A 

conceptual model is then presented in which upper ocean stratification and hence 

phytoplankton productivity are controlled by the interplay between sea ice and 

meteoric freshwater inputs over the course of each summer growing season. Finally, 

predictions arising from this conceptual model regarding the phytoplankton response 

to ongoing changes in these freshwater sources are compared to other data from the 

WAP, in an attempt to elucidate the likely future impacts on biological productivity 

of ongoing climate change at the WAP. 

 

3.3 Materials and methods 

 

3.3.1 Study area 

This study was conducted over five austral summer growing seasons between 2004 

and 2010 in Ryder Bay, located in northern Marguerite Bay south of Adelaide Island, 

west of the western Antarctic Peninsula (WAP) mainland (Fig. 3.1). Ryder Bay is a 

coastal, seasonally sea-ice covered Southern Ocean environment. Oceanographic 

conditions here are broadly representative of those in the wider Marguerite Bay 

region, with the caveat that the shallow nearshore setting may experience a greater 

impact of glacial meltwater run-off and more vigorous vertical mixing (Clarke et al., 

2008). The principal study site is the Rothera Oceanographic and Biological Time-

Series (RaTS) site at  67o34.02’S, 68o14.02’W, situated in open water of depth 520 
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m. If access to the main RaTS site is prevented by weather or ice conditions, a 

secondary station at 67˚34.85’S, 68˚09.34’W of water depth ~400 m is used as an 

alternative site also broadly representative of prevailing oceanographic conditions in 

the wider Marguerite Bay area. The position of Ryder Bay places it towards the 

southern end of latitudinal environmental gradients, such that summertime 

temperatures are lower than further north along the WAP and average chlorophyll 

concentrations are higher (Clarke et al., 2008).  

 

 

Figure 3.1. Map of Ryder Bay showing the main RaTS sampling site and Site 2, used 

when the main site is inaccessible. Inset: position of Ryder Bay and Marguerite Bay 

on the western Antarctic Peninsula (after Clarke et al., 2007, 2008). 

 

3.3.2 Surface water sampling 

A high-resolution time series of surface water samples was taken in Ryder Bay, at 

the RaTS site, during austral spring and summer 2004/5, 2005/6, 2006/7, 2008/9 and 

2009/10. A less comprehensive dataset was collected over summer 2007/8 and lower 

resolution sampling was carried out during the winters of 2005 and 2006. During 
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each sampling event, seawater samples were collected from 15m water depth, the 

average depth of the chlorophyll maximum in Ryder Bay since sampling began in 

1997 (Clarke et al., 2008). Samples were taken for determination of chlorophyll a, 

macronutrient concentrations, the stable nitrogen isotopic composition of dissolved 

nitrate (�15NNO3), and the concentration and isotopic composition of suspended POC 

and PN. Additional samples were taken for macronutrient concentrations and 

�
15NNO3 in depth profile at 0 m, 5 m, 10 m, 25 m, 100 m and 500 m water depth 

during summer 2009/10. Samples from <25 m were taken to monitor changes in 

surface waters, whilst 100 m samples were taken to be representative of winter 

waters, and 500 m samples were for modified UCDW. Each sampling event was 

accompanied by concurrent measurements of temperature and salinity using a YSI-

500 multi-parameter meter and a full-depth Conductivity Temperature Depth (CTD) 

cast to monitor changes in mixed layer depth (MLD). 

 

CTD casts were taken to 500 m depth using a Sea Bird 19+ CTD module with a 

WetLabs in-line fluorometer and LiCor PAR sensor, lowered and raised by a hand-

operated winch. In 2004/5 and 2005/6 temperature at the 15 m sampling depth was 

measured using a Sensoren Instrumente Systeme GmbH reversible thermometer 

lowered to 15 m and allowed to equilibrate for two minutes before a brass messenger 

was sent down to initiate temperature recording. In more recent years, 15m 

temperature was taken from the CTD profile and calibrated with the YSI-500 multi-

parameter meter. Agreement between the two measurements was normally within 

0.05 ˚C, and always within 0.1 ˚C. 

 

Surface water samples were taken using a 12 V whale pump and 25 m of acid-rinsed 

silicone tubing weighted down at the end, with the length of tubing altered to collect 

samples at different depths. Samples from 100 m and 500 m were collected using an 

acid-rinsed 5 L Niskin bottle lowered to the appropriate depth with the same winch 

as used for the CTD module. Chlorophyll a samples were collected, treated and 

analysed as per Clarke et al. (2008), and as summarised in Chapter 2. Samples for 

macronutrient analysis were collected in acid-clean nalgene jars for transfer back to 

the laboratory. Surface seawater for particulate and �15NNO3 samples was pumped into 
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acid-clean 10 L HDPE carboys for transfer back to the laboratory. 100 m and 500 m 

samples for �15NNO3 analysis were also collected into acid-clean nalgene jars, as for 

nutrient samples. All samples were transported in the dark and processed 

immediately on return to the laboratory. 

 

Macronutrient samples were filtered through swinnex filter units containing acid-

rinsed 47 mm diameter 0.45 µm pore size HA nitrocellulose GF/C filters. Samples 

for �15NNO3 analysis were filtered through 25 mm diameter ~0.7 µm pore size GF/F 

filters, previously muffle-furnaced at 400 oC for 4 hours. Filtered samples were 

frozen at -80˚C and subsequently stored at -20˚C until analysis. GF/F filters were 

kept for particulate organic carbon and nitrogen measurements, dried at 50 oC 

overnight, and stored frozen at -20˚C until analysis.  

 

3.3.3 Sample analysis 

 

3.3.3.1 Macronutrients 

Analysis of seawater nitrate, nitrite and phosphate was conducted at Plymouth 

Marine Laboratory using an in-house constructed Technicon AAII segmented flow 

autoanalysis system. A full set of elemental standards (sodium nitrite + chloroform 

preservative, potassium nitrate + chloroform preservative and sodium dihydrogen 

phosphate) were prepared over the full range of concentration for each nutrient by 

serial dilutions with low-nutrient seawater from the mid-Atlantic gyre. Sample data 

were corrected to elemental standards, as well as ambient salinity and pH. Samples 

were assayed in triplicate and data were rejected where 1� >0.5 µmol/L 

 

3.3.3.2 �
15NNO3 

Isotopic signatures of nitrate nitrogen were determined using the denitrifier method 

and subsequent analysis by isotope ratio mass spectrometry (Sigman et al., 2001; 

Casciotti et al., 2002). A full description of the development of this method at the 

Scottish Universities Environmental Research Centre, East Kilbride, is presented in 

Appendix A1. 
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The denitrifier method utilises denitrifying bacteria that lack N2O reductase activity, 

Pseudomonas aureofaciens, to convert dissolved inorganic nitrate in seawater 

samples into nitrous oxide gas of identical nitrogen isotopic composition. Samples 

are prepared for mass spectrometry using a custom-modified Analytical Precision 

gas-prep interface and purge-and-trap cryogenic focusing system. The cryogenically-

focused sample is separated into distinct N2O and CO2 pulses by gas chromatography 

and then analysed on a VG Prism III isotope ratio mass spectrometer. Raw sample 

data are corrected to atmospheric N2 using isotopic reference standards USGS-32, 

USGS-34 and USGS-35, with an analytical precision (1�) of around 0.2 ‰. All 

samples were analysed in duplicate and approximately half of the samples were 

analysed in triplicate; in each case, data were rejected where 1� >0.5 ‰. All �15N 

data are presented in the delta per mil notation compared to atmospheric N2 (�
15N 

‰AIR).  

 

3.3.3.3 POC, PN, �13CPOC and �15NPN analysis 

Bulk POC, PN and corresponding isotopic analyses were conducted using a method 

similar to Lourey et al. (2004). Prior to analysis, the filters were decarbonated by 

wetting with Milli-Q water and fuming with HCl for 48 h and then drying at 50 oC. 

Filters were analysed for elemental POC, PN, �13CPOC and �15NPN using a Carlo Erba 

NA 2500 elemental analyser in-line with a VG PRISM III isotope ratio mass 

spectrometer, and corrected to PACS and acetanilide isotopic standards covering the 

full range of CN concentrations. All �13C data are presented in the delta per mil 

notation versus Vienna Pee Dee Belemnite (�13C ‰ VPDB) and all �15N data are 

presented in the delta per mil notation versus N2 gas in air (�15N ‰ AIR). Samples 

were assayed in duplicate and data were rejected where the difference between the 

two values was >1 µmol/L for [POC], >0.2 µmol/L for [PN], >0.2 ‰ for �13C and 

>0.5 ‰ for �15N. 

 

3.3.3.4 Physical oceanographic data (courtesy of the British Antarctic Survey) 

Daily observations of Ryder Bay sea ice cover are recorded at Rothera Research 

Station. The percentage of Ryder Bay covered by ice is weighted by type of ice, such 
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that brash and pack ice yield a low overall ice score, whilst 100% fast ice cover 

yields the maximum ice score of 10. Mixed layer depth is derived from CTD density 

data and is defined as the depth at which �0 = �0 (surface) + 0.05 (Barth et al., 2001), 

where �0 is the potential density anomaly =  � – 1000, and � is density in kg m-3. The 

depth of the net photocompensation irradiance (NPI) is the depth at which 

photosynthetically active radiation (PAR) results in a net phytoplankton growth rate 

of zero in the presence of most naturally occurring losses. NPI is taken to be 15 µE 

m-2 s-1 based on data from the Bellingshausen Sea (Boyd et al., 1995). 

 

 

3.4 Results 

 

3.4.1 Concentration and isotopic signature of nitrate  

Throughout the majority of the study period, concentrations and isotopic signatures 

of dissolved nitrate show a negative relationship such that a reduction in [NO3
-] over 

time drives an increase in �15NNO3 and a decrease in �15NNO3 corresponds with an 

increase in [NO3
-]. Nitrate is drawn down and enriched in 15N by the preferential 

uptake of 14N during phytoplankton photosynthesis, whilst unutilised 15N-depleted 

nitrate is resupplied to surface waters by mixing with the underlying nutrient source 

waters. As such [NO3
-] is at its maximum at the beginning of each season, typically 

25 – 35 µM, concurrent with season minimum �15NNO3 (4.4 – 5.0 ‰), before 

declining concurrent with the onset of phytoplankton productivity seen as an increase 

in chlorophyll concentration (Fig. 3.2a and b). When, or shortly after, the 

phytoplankton bloom ceases and chlorophyll decreases to near-zero, [NO3
-] and 

�
15NNO3 begin a recovery towards the high [NO3

-] and low �15NNO3 conditions 

observed at the onset of the following spring phytoplankton bloom. Despite the 

robustness of this overall seasonal pattern, time-series data reveal stark contrasts in 

the uptake and supply of nitrate between different growing seasons. Summers 2004/5 

and 2006/7 are characterised by more frequent and higher amplitude variability than 

in any other season studied, with a maximum increase in [NO3
-] of > 20 µM in 7 

days and a maximum drawdown of 14.8 µM in just 2 days in early January 2005 

(Fig. 3.2a), concurrent with a rapid increase in chlorophyll (Fig. 3.2b). Variability in 
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2006/7 is not as extreme as in 2004/5, yet greater than in all other seasons. Summer 

2005/6 appears to represent the opposite end of the spectrum whereby [NO3
-] shows 

a strong drawdown in the early part of the phytoplankton bloom and then persistently 

low values throughout the growing season with little resupply. �15NNO3 data do show 

a mid-season 15N-depletion event from high values ~9 ‰, resulting from biological 

fractionation, to ~7 ‰ in 5 days, which is not reflected in [NO3
-] data. This is the 

only time throughout the study period when �15NNO3 deviates from its relationship 

with [NO3
-], and suggests input of a nitrate source with a different �15NNO3 vs. [NO3

-] 

relationship to unutilised deeper waters. Summer 2009/10 exhibits a strong coupling 

between [NO3
-] and �15NNO3. Nitrate is drawn down to 11.1 µM by the onset of the 

phytoplankton bloom, which drives a strong enrichment in 15N to 10.5 ‰. 

Subsequent resupply adds isotopically light nitrate which, after a minor drawdown 

concurrent with a small chlorophyll peak, persists at 15.0 ± 2.0 µM and 7.2 ± 0.8 ‰ 

throughout January. In early-mid February, nitrate experiences a strong drawdown to 

a season minimum of 2.47 µM and isotopic increase to 10.2 ‰ in response to a late 

phytoplankton bloom shown by peak chlorophyll concentration of 21.8 µg/L. Both 

[NO3
-] and �15NNO3 show a rapid recovery towards winter values due to the onset of 

deep winter mixing. This is similar to 2006/7, yet in contrast to all other years when 

the onset of winter mixing was slower and/or occurred later after the cessation of the 

bloom. [NO3
-] and �15NNO3 show little variability (1� = 3.12 and 0.70 for [NO3

-] and 

�
15NNO3, respectively) during summer 2008/9, in agreement with very low 

productivity levels (maximum chlorophyll = 6.96 µg/L).  
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Depth profile plots from summer 2009/10 show typical structure for the western 

Antarctic Peninsula and are thought to be representative of water column structure in 

Ryder Bay throughout the study period. Below ~200m, [NO3
-] is consistently > 32.0 

µM and �15NNO3 is 4.5 – 5.3 ‰ (Fig. 3.3). The agreement of these values with 

published values for UCDW, [NO3
-] = 32 – 34 µM (Prézelin et al., 2000) and 

�
15NNO3 = 4.8 ‰ (Sigman et al., 1999), and of �15NNO3 with surface water values 

prior to the onset of phytoplankton blooms, shows that upward mixing of a persistent 

UCDW nutrient source is the primary mechanism of nutrient supply to surface water 

ecosystems. Trends are observed of [NO3
-] decrease and �15NNO3 increase from depth 

up to surface waters, due to upward mixing and biological uptake in the euphotic 

zone, to values as low as 0.66 µM and up to 11.0 ‰ at 0m immediately after the 

peak of the phytoplankton bloom. [NO3
-] and �15NNO3 in winter waters are 

intermediate between deep and surface waters due to vertical mixing with the 

UCDW source and partially utilised surface water nitrate, and show variation over 

the course of the growing season of 19.2 to 30.1 µM and 5.2 to 6.5 ‰. 

 

3.4.2 Macronutrient ratios 

Depth profiles of nutrient ratios from summer 2009/10 show that Si:N is lower at 

depth and increases into surface waters, whilst N:P is higher at depth (Fig. 3.3). 

Below 200m, UCDW is characterised by Si:N of 2.2 – 2.6, which increases into 

surface waters to a maximum of 5.6 at 0m immediately after the peak of the bloom. 

Whilst this is an extreme case caused by almost complete drawdown of nitrate, and 

more typical surface water Si:N values are 2.6 – 3.1, there is still a clear increase 

from depth into surface waters, which is thought to be generally applicable to Ryder 

Bay surface waters. Interestingly, Si:N shows a minimum of 2.1 in winter waters, 

which is presumably related to more efficient recycling of N than Si, and non-

siliceous vs. siliceous cells, as organic material sinks out of the euphotic zone. N:P 

ratios show more variability than Si:N and the opposite trend with depth. N:P in 

UCDW varies from 12.2 – 14.7 and shows increasing variability and a slight 

decrease in winter waters to 10.1 – 14.4. Surface water values also show large 

variability, yet are generally lower (1.2 to 12.6) than in the underlying waters on each 

sampling day. The fact that surface waters are characterised by low N:P and high 
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Si:N compared to deeper waters suggests that during summer 2009/10, when these 

depth profiles were taken, surface waters may have been nitrate-limited. Low N:P 

suggests that nitrate limitation may have occurred due to more efficient recycling of 

P. Whilst high Si:N could be used to infer iron-limited conditions, this is not likely 

here since iron is replete in this environment, as will be discussed in more detail in 

the following discussion. Whilst the N:P and Si:N ratios described here represent 

nutrient availability at each sampling depth on each sampling day and are not 

therefore the absolute values of nutrient uptake stoichiometry, higher seasonal N:P 

and lower seasonal Si:N in surface waters can be used as a qualitative identifier of 

greater relative deeper water influence on the surface environment than in other 

seasons. 

 

Figure 3.3. Depth profiles of a) [NO3
-], b) �15NNO3, c) N:P (molar ratio of nitrate to 

phosphate) and d) Si:N (molar ratio of silicate to nitrate) from summer 2009/10, 

sampling date as per legend. Water mass structure is shown by temperature (T ˚C) 

panels and dashed grey lines on plots a – d. MB denotes a depth profile taken in 

Marguerite Bay to show consistency in water mass structure across the region, all 

other depth profiles were taken in Ryder Bay. 
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Plotting [NO3
-] vs. [PO4

3-] and [Si(OH)4] vs. [NO3
-] for the whole sampling period 

gives a linear relationship of which the slope depicts overall N:P and Si:N uptake 

stoichiometry, respectively (Figs 3.4a and 3.4b). [NO3
-] and [PO4

3-] show a very 

good relationship (r2 = 0.817, p <0.001), which gives a total N:P uptake ratio of 11.9. 

This is slightly lower than Redfield stoichiometry (16) and the value for Ryder Bay 

since the time-series began in 1997 (15.3), but in agreement with previous estimates 

for Marguerite Bay using this method, and by calculating the actual seasonal 

utilisation from the seasonal minimum and previous winter maximum or deep values, 

which are thought to be unaffected by biological production (9.6 – 14.2; 

Serebrennikova and Fanning, 2004; Clarke et al., 2008). [NO3
-] and [Si(OH)4] do not 

show such a strong relationship (r2 = 0.434, p <0.001), due to variability in silicic 

acid concentrations, particularly in the early part of the study period. Nevertheless, 

the total Si:N uptake ratio derived from the slope of the regression (1.4) is in broad 

agreement with other estimates for Marguerite Bay and indicative of diatom-

dominated nitrate and silicic acid uptake under iron-replete conditions 

(Serebrennikova and Fanning, 2004; Clarke et al., 2008). When data are plotted by 

season, interannual variability in these nutrient uptake ratios is evident (Figs 3.4c and 

3.4d). Although relationships between [Si(OH)4] and [NO3
-] are not as strong as 

those for [NO3
-] vs. [PO4

3-], all of the relationships shown here are statistically 

significant, and statistical data are summarised in Table 3.1. In 2004/5, 2006/7 and 

2008/9, seasonal N:P values are close to the total value and within the range 

determined previously for Marguerite Bay. In 2005/6, N:P uptake ratio is 

significantly lower than all other seasons and previous estimates, whereas in summer 

2009/10, N:P uptake is significantly higher than all other seasons and outside the 

range of previous values. Due to variability in silicic acid concentrations, all seasonal 

Si:N values found here can be considered to be in broad agreement with each other 

and previous estimates (1.2 – 5.2; Serebrennikova and Fanning, 2004; Clarke et al., 

2008). Intercepts of [NO3
-] vs. [PO4

3-] and [Si(OH)4] vs. [NO3
-] regressions can 

indicate the limiting nutrient with respect to productivity. A high y-intercept for Si 

vs. N of 34.3 µmol Si(OH)4/L (Fig. 3.4b) shows that silicic acid is always replete. As 

expected, Si is also always present in excess over nitrate in seasonal data (Fig. 3.4d), 

and is not therefore the limiting nutrient in this environment. A low y-intercept for all 
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season [NO3
-] vs. [PO4

3-] of 0.46 µmol NO3
-/L (Fig. 3.4a) is too close to the origin to 

discern which is the limiting nutrient, given the statistical confidence. Seasonal 

regressions (Fig. 3.4c) appear to show a movement of the intercept from the [NO3
-] 

axis to the [PO4
3-] axis over the study period, which implies that the system may be 

moving from phosphate-limited to nitrate-limited conditions. N-limited conditions in 

2009/10 would be consistent with the significant drop in N:P from deep into surface 

waters in depth profile data, and the significant increase in Si:N, as well as the high 

N:P uptake ratio (Fig. 3.3c-d). Again, it can be seen that iron-limitation is not playing 

an appreciable role in modifying nutrient uptake or driving the switch from 

phosphate-limited to nitrate-limited conditions, since seasonal Si:N for 2009/10 is 

not substantially higher than other seasons or total Si:N uptake ratio for the study 

period (Fig. 3.4b,d). In any case, [NO3
-] vs. [PO4

3-] plots for the other growing 

seasons do not show similar N-limitation to that seen in 2009/10, so this cannot be 

taken as representative over the whole study period. Unfortunately, no depth profile 

data are available from earlier seasons to confirm or disprove the interannual 

variability between phosphate- and nitrate-limitation suggested here (Fig 3.4c). 

Nevertheless, the good relationship between [NO3
-] and [PO4

3-] overall shows strong 

covariability over the study period, so any macronutrient limitation of primary 

production would be demonstrated by low nitrate concentrations, and would be 

related to nitrate supply and uptake processes. 
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Figure 3.4. Covariation plots for (a) N:P and (b) Si:N for all seasons, and (c) N:P and 

(d) Si:N colour-coded by season, as per legends. N:P and Si:N uptake ratios are 

given on each plot and statistical data are presented in Table 3.1. 

 

 r2 
p r2 

p 

2004/5 0.801 <0.001 0.405 <0.001 

2005/6 0.662 <0.001 0.405 0.005 

2006/7 0.934 <0.001 0.485 <0.001 

2008/9 0.826 <0.001 0.834 <0.001 

2009/10 

N:P 

0.863 <0.001 

Si:N 

0.827 <0.001 

Table 3.1. Statistical data for seasonal relationships shown in Figure 3.4c and 3.4d. r2 

and p values for relationships for all data (Figs 3.4a and 3.4b) are given in the text. 

 

3.4.3 Input and drawdown of nitrate, seasonal average �15NNO3 and �15NPN 

In order to examine the processes influencing [NO3
-] at 15m, any increase between 

two sampling events is taken as a nitrate input to the surface water ecosystem and 

any decrease is assumed to be driven by biological drawdown. Total nitrate input is 

then estimated as the sum of all increases in each growing season and absolute 
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nitrate uptake or utilisation is estimated as the sum of all decreases in each season.  

Relative nitrate drawdown or utilisation is defined as absolute uptake/total input x 

100. Total input, absolute and relative utilisation of nitrate for each season, as well as 

seasonal average �15NNO3 and concentration-weighted average �15NPN, are shown in 

Table 3.2. Total input and absolute uptake of nitrate are both highest in 2004/5, due 

to regular pulsed input and removal (Fig. 3.2a). Although drawdown is significantly 

lower in 2005/6, 2006/7 and 2009/10, total supply is also significantly lower, due to 

less regular or lower amplitude inputs, such that relative utilisation is similar to or 

greater than in 2004/5. In 2008/9, low drawdown coincides with a greater supply 

than in most other seasons, so relative utilisation is lower than in all other seasons. 

Seasonal average �15NNO3 responds to relative utilisation, such that a greater uptake 

drives �15NNO3 higher, and this signature is transferred to organic matter such that 

high �15NNO3 corresponds to high �15NPN.  Accordingly, Figure 3.5 shows that relative 

nitrate utilisation shows a statistically significant and strong positive correlation with 

both �15NNO3 (r
2 = 0.966, p = 0.003) and �15NPN (r2 = 0.981, p = 0.001). The fact that 

these relationships are both linear is at odds with the exponential relationships 

expected from kinetic isotope fractionation, and suggests that resupply of isotopically 

light nitrate impacts upon �15NNO3 and �15NPN in all years. Since these �15NNO3 and 

�
15NPN values are seasonal average surface water values, the fact that they do not 

increase exponentially with nitrate utilisation may also reflect sinking of 15N-

enriched particles and retention of 15N-depleted nitrogen in the surface environment. 

Nevertheless, the strong positive correlations by which highest relative nitrate 

utilisation in 2005/6 and 2006/7 corresponds to highest �15NNO3 and �15NPN, whilst 

lowest relative utilisation in 2008/9 is reflected in minimum �15NNO3 and �
15NPN, 

show that seasonal average �15NNO3 and �15NPN can be used as indicators of nitrate 

utilisation in this environment. Whilst seasonal average �15N values are controlled by 

relative nitrate utilisation, productivity would be expected to show a strong 

relationship with absolute utilisation.  
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 Total NO3
- 

input 
(µmol. L-1) 

Absolute NO3
- 

drawdown 
(µmol. L-1) 

Relative NO3
- 

utilisation 
(%) 

Seasonal 
average 
�

15NNO3 (‰) 

Seasonal 
average 
�

15NPN (‰) 

2004/5 104.8 92.3 88 6.9 4.2 

2005/6 52.8 49.3 93 7.9 4.4 

2006/7 63.0 62.5 99 8.4 5.1 

2008/9 72.9 47.8 65 5.3 0.7 

2009/10 64.5 56.9 88 7.4 3.9 

Table 3.2. Summary of nitrate input, drawdown and isotopic signatures of nitrate and 

PN, 2004 – 2010. 

 

 

Figure 3.5. Relationship between average �15NNO3 and relative nitrate utilisation 

(open circles), and average �15NPN and relative nitrate utilisation (filled circles) for 

each growing season. Data is presented in Table 3.2. 

 

3.4.4 Chlorophyll, POC and PN concentrations 

It is shown here that standing stocks of chlorophyll and particulate organic matter 

cannot be used as a direct measure of productivity, due to decoupling by 

stratification and its control of phytoplankton residence time in surface waters and 

particle export. Instead, cumulative organic matter production is used in combination 

with total nitrate uptake to infer seasonal productivity, in relation to physical 

oceanographic phenomena.  
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Surface water chlorophyll concentrations were highest in 2004/5 and 2005/6, lowest 

in 2008/9 and intermediate in 2006/7 and 2009/10 (Fig. 3.2b). Concentrations of 

POC and PN show similar variability to chlorophyll a and it is clear that particulate 

organic matter (POM) standing stocks are high in all seasons except 2008/9 (Fig. 

3.2c). Peak POC concentration of 73.8 µM actually occurs in 2009/10 and is higher 

in 2006/7 than would be expected from intermediate chlorophyll concentrations. This 

reveals seasonal and interannual variability in POC:chl a ratios which decouples 

chlorophyll concentration from carbon uptake. The decoupling of organic matter 

standing stocks from total season productivity is demonstrated by cumulative POC 

and PN, which depict the total production of new organic material in each season, 

and are defined as the sum of all increases in POC and PN between consecutive 

sampling events (Fig. 3.2d, Table 3.3). Although cumulative POC and PN constitute 

minimum estimates due to potential masking of organic matter production by 

concurrent loss due to remineralisation, grazing and/or export, they are useful in 

examining interannual variability in productivity over the course of the summer 

growing seasons. Cumulative POC and PN concentrations are highest in 2004/5 at 

225 µM and 42 µM, respectively. This is in agreement with greatest total nitrate 

uptake and high seasonal average �15NNO3 and �15NPN, and shows that 2004/5 was the 

highest productivity growing season of the study period. Cumulative POC and PN 

are also relatively high in 2006/7 and 2009/10, in agreement with high peak POM 

concentrations and moderately high nitrate uptake, �15NNO3 and �
15NPN. These 

seasons were therefore characterised by moderately high productivity. Cumulative 

POM concentrations are lowest in summer 2008/9 at 72 µM and 14 µM for POC and 

PN, respectively. This is in agreement with lowest nitrate drawdown, �15NNO3 and 

�
15NPN, and strongly supports the contention that productivity in summer 2008/9 was 

the lowest of the study period. In summer 2005/6, low cumulative POM production 

(POC = 103 µM, PN = 17 µM) is conflicting with high chlorophyll standing stocks. 

Whilst high �15NNO3 and �15NPN are driven by high relative nitrate utilisation, 

absolute drawdown is low and, in combination with low cumulative POM, strongly 

suggests that overall productivity was low. High chlorophyll standing stocks would 

then be the result of phytoplankton cells residing at the ocean surface, but only 
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producing relatively small quantities of organic matter. The reasons for this will be 

given due consideration in the discussion that follows.  

 

In the same way that the sums of all increases in POC and PN concentrations can be 

used to depict the total cumulative production of POC and PN, the sums of all 

decreases can be used to estimate total loss of POC and PN from the surface 

environment. By the same token as cumulative POM production being a minimum 

estimate, these estimates of total POM loss represent maximum estimates of 

cumulative export, because a percentage of organic matter is respired and 

remineralised in the surface ocean. For each season, the total loss of POM should be 

less than, but close to, cumulative production. Table 3.3 shows cumulative 

production of POC and PN, cumulative export of POC and PN, and the percentage of 

production that is exported for each season studied. In all cases, export percentage of 

POC and PN are consistent (within 2 %), so there is no differential loss of POC and 

PN from the surface environment. Although there is some minor variability in export 

percentage between seasons, total loss of POM is always between 80 and 100 % of 

cumulative production on a seasonal basis. As such, although cumulative production 

is a minimum estimate and cumulative export is a maximum estimate, both are 

reflective of interannual variability in phytoplankton productivity, and in agreement 

with variability in absolute nitrate uptake between growing seasons. 

 

POC PN  

Production 

(µmol/L) 

Export 

(µmol/L) 

Export % Production 

(µmol/L) 

Export 

(µmol/L) 

Export % 

2004/5 225 219 97 42 41 98 

2005/6 103 82 80 17 14 82 

2006/7 172 148 86 30 26 87 

2008/9 72 63 88 14 12 86 

2009/10 194 188 97 32 31 97 

Table 3.3. Cumulative production and export of POC and PN calculated from time-

series [POC] and [PN] data (Fig. 3.2c), and percentage of cumulative production 

exported for each season. 
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3.4.5 Sea ice, mixed layer depth and NPI 

Physical oceanographic data show interannual variability with the potential to 

explain the observed variability in productivity and its decoupling from chlorophyll a 

and POM standing stocks (Fig. 3.6). Heavier winter sea ice coverage corresponds to 

a shallower winter mixed layer in 2004, 2005 and 2006 and a relatively shallow 

mixed layer during the following summers. This is particularly the case for winter 

2005 and the high chlorophyll yet lower productivity summer of 2005/6. Winters of 

2007 and 2008 were very low in sea ice coverage and experienced very deep winter 

mixed layers below 100m, and consequently deeper and less stable mixed layers in 

spring and summer 2007/8 and 2008/9. Winter 2009 saw a partial recovery to greater 

sea ice concentration and although the winter mixed layer was still relatively deep, 

the summer mixed layer was shallower and more stable than during the two previous 

low-stratification summers.  

 

Figure 3.6. Top panel shows time-series of sea ice coverage (grey shading), 

chlorophyll a concentration (green line), mixed layer depth (blue line) and NPI depth 

(orange line), 2004 – 2010. Bottom panel shows the difference between NPI and 

MLD, where >0 shows NPI depth exceeding MLD and <0 shows MLD exceeding 

NPI depth. Data courtesy of the British Antarctic Survey. 

 

Of crucial importance is whether or not MLD exceeds the depth of the net 

photocompensation irradiance (NPI), broadly the bottom of the euphotic zone, and 

this is examined in Figure 3.6 by looking at the difference between NPI depth and 

MLD (�NPI-MLD). If NPI depth exceeds MLD (�NPI-MLD>0), phytoplankton are kept in 
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the well-lit surface environment; if MLD exceeds NPI depth (�NPI-MLD<0), 

phytoplankton are mixed to deeper environments where light levels are lower. NPI 

depth is highly variable through the study period, being almost at the surface during 

ice-covered periods and deeper during ice free summers when insolation returns to 

the high southern latitudes. Summer NPI depth is deeper in 2007/8, 2008/9 and 

2009/10 than in earlier years, but crucially, NPI depth exceeds mixed layer depth 

throughout most of the higher productivity times (summer 2004/5, 2006/7 and late 

2009/10), as shown by �NPI-MLD>0. During the lower productivity summers of 2007/8 

and 2008/9, both NPI depth and MLD are much more variable and MLD exceeds 

NPI depth on a more regular basis than in other growing seasons, as shown by higher 

amplitude variability in �NPI-MLD. In 2005/6 NPI exceeds MLD throughout most of 

the summer, but the seasonal average NPI is shallower than in all other years 

examined. This is given further consideration in the discussion that follows. 

  

3.5 Discussion 

 

3.5.1 Nutrient dynamics 

The open Southern Ocean is characterised by high nutrient, low chlorophyll 

conditions due to intense upwelling of nutrient-rich deep waters and iron-limited 

productivity (de Baar et al., 2005; Jickells et al., 2005). As such, nitrate utilisation in 

open Southern Ocean surface waters is low (Sigman et al., 1999). Strong springtime 

stratification isolates the surface ocean from deeper waters (Smith and Sakshaug, 

1990) such that nitrate uptake proceeds according to closed system conditions of 

Rayleigh fractionation kinetics, whereby a nitrate source is used up with a constant 

isotope effect and with no nitrate resupply over the period of nitrate uptake (Mariotti 

et al., 1981). According to Rayleigh fractionation kinetics, the isotopic variation of 

nitrate as a given pool is progressively utilised in a closed system is defined by: 
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Under the closed system conditions prevalent in surface waters of the open Southern 

Ocean, where strong stratification prevents nutrient resuply from the deep water 

source during the productive summer months, nitrate samples fall on a straight line in 

�
15NNO3 vs. ln([NO3

-]) space and the slope of the line provides an estimate of the 

isotope effect (�) of nitrate uptake. On this basis, isotope effect in the east Pacific 

Antarctic zone is estimated to be 4 – 5 ‰ (Sigman et al., 1999). In the current study, 

N isotope biogeochemistry and surface ocean conditions in the WAP coastal zone are 

examined using the relationship between �15NNO3 and [NO3
-] for the whole study 

period and each of the growing seasons 2004/5, 2005/6, 2006/7 and 2009/10 (Figs 

3.7 and 3.8), and compared to those of the adjacent open ocean setting (Sigman et al., 

1999). Data from summer 2008/9 are not examined since productivity and therefore 

nitrate uptake were insufficient to show a relationship between �15NNO3 and [NO3
-]. 

 

 

Figure 3.7. �15NNO3 vs. ln([NO3
-]) relationship for all data from summers 2004/5, 

2005/6, 2006/7, 2008/9 and 2009/10. 

 

Figure 3.7 shows that nitrate samples from Ryder Bay show a good linear 

relationship between �15NNO3 and ln([NO3
-]) (r2 = 0.689, p < 0.001). However, the 

isotope effect derived from the slope of the linear regression (� = 1.96 ‰) is 
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significantly lower than in the open Southern Ocean (4 – 5 ‰). Plotting these data by 

season also yields good linear relationships between �15NNO3 and ln([NO3
-]), as well 

as interannual variability in isotope effect (1.77 – 2.63 ‰; Fig. 3.8). Regardless of 

this interannnual variability, isotope effect is consistently and significantly lower 

than for the open Southern Ocean. This strongly implicates nitrate resupply and 

suggests that the coastal surface ocean is not a completely closed system 

characterised by Rayleigh fractionation kinetics. In the open Southern Ocean, any 

mixing or steady state nitrate supply would not violate the Rayleigh model since 

nitrate drawdown is insufficient to cause �15NNO3 to deviate significantly from the 

expected relationship with [NO3
-], and the estimate of isotope effect is not therefore 

compromised. However, in the high productivity coastal regions, nitrate drawdown is 

sufficient to cause a significant reduction in apparent isotope effect, due to resupply 

of unutilised nitrate with a low isotopic signature. As such, the isotope effect 

calculated here is not the actual isotope effect of nitrate uptake. This is in agreement 

with a small number of surface samples from WAP shelf waters collected during the 

RITS-94 (Radiatively Important Trace Species) cruise aboard R/V Surveyor, which 

also fall below the isotopic trend pertaining to Rayleigh fractionation kinetics 

(Sigman et al., 1999). Surface water data therefore suggest that upper ocean 

stratification is weaker near the Antarctic continent than in the open Southern Ocean, 

such that surface waters are not completely isolated from the underlying nutrient 

source, and therefore nitrate uptake violates the strict Rayleigh model due to high 

productivity and nutrient replenishment during the growing season. 
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Figure 3.8. �15NNO3 vs. ln([NO3
-]) relationship for each growing season, as per 

individual graph titles. 

 

The isotope effect can also be estimated by plotting data from individual depth 

profiles in �15NNO3 vs. ln([NO3
-]) space. Such depth profile data from summer 

2009/10 are shown with their derived isotope effect and r2 values in Figure 3.9. All 

profiles show r2 >0.925, which is significant at the 95 % confidence level provided 

there are four or more samples. For the profile taken on 7th January 2010, there are 

only three samples, so the relationship is not statistically significant (p = 0.059). For 

all other depth profiles with n � 4, relationships between �15NNO3 and [NO3
-] are 

statistically significant (p <0.01) and strong (r2 values given in Fig. 3.9), such that 

depth profile estimations of isotope effect perhaps provide a more accurate estimate 

than using seasonal surface data. However, profile-derived � values over most of the 

2009/10 season (2.12 ‰ – 2.82 ‰) are in broad agreement with surface-derived 

values (2.34 ‰; Fig. 3.8), so both are likely to be representative. Higher � estimates 

in late January (3.53 ‰ in Ryder Bay and 3.67 ‰ in Marguerite Bay) suggest that 
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upper ocean conditions were temporarily more stratified and/or nitrate drawdown 

was low, such that � approaches published values for the stratified low-productivity 

conditions of the open Southern Ocean. The minor spatial variability evident 

between these two depth profiles taken on 23 January 2010 may further reflect 

slightly more stratified and/or lower-productivity conditions due to more open ocean-

type conditions at the further offshore Marguerite Bay (MB) site than in Ryder Bay 

(RB). However, temporal variability in � is higher than this minor spatial variability 

and therefore likely to exert a greater effect on � over the course of a growing season. 

Significantly lower � values derived using both seasonal surface and depth profile 

data show that N isotope biogeochemistry and surface ocean conditions in the WAP 

coastal zone are fundamentally different to the open Southern Ocean. A greater 

degree of mixing with underlying source waters in coastal regions provides nutrient 

replenishment to surface water ecosystems in all seasons, which violates Rayleigh 

fractionation kinetics and reduces the apparent isotope effect. As such, � values given 

here do not depict the actual isotope effect of nitrate uptake, due to higher 

productivity and greater nutrient drawdown than in the open ocean setting (Holm-

Hansen et al., 1994). 

 

Figure 3.9. �15NNO3 vs. ln([NO3
-]) relationship for individual depth profiles from 

summer 2009/10, sampling date and location as per legend. RB = Ryder Bay, MB 

denotes a depth profile taken in Marguerite Bay to assess spatial variability (see 

text). Sampling dates with no location code are from the RaTS site in Ryder Bay. 
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3.5.2 Nutrient dynamics and upper ocean density structure 

Although surface waters experience nutrient replenishment in all growing seasons 

studied, there is marked interannual variability in the mechanisms regulating this 

supply. The dominant nutrient source to surface ocean ecosystems is the underlying 

UCDW, so the upper ocean density gradient exerts a significant control on nutrient 

supply. Upper ocean density gradient is weakest in 2009/10 and 2008/9 and therefore 

upward mixing of the deeper water source is least restricted (Fig. 3.10). This mixing 

shows no major effect on surface water nitrate supply in 2008/9 since low 

productivity renders nitrate drawdown negligible. In 2009/10, nitrate is quickly 

replenished after the early-season phytoplankton bloom and then maintained by well-

mixed conditions, which also resupply isotopically light nitrate after the pronounced 

late-season bloom in February 2010. A greater influence of deeper waters at the 

ocean surface during summer 2009/10 is supported by season N:P significantly 

higher than all other seasons and Redfield stoichiometry, since N:P is significantly 

higher in deeper waters (Fig. 3.3). Fresher surface waters in summers 2004/5 and 

2006/7 created more stratified conditions than in 2008/9 and 2009/10. As such, 

instead of the relatively constant nutrient supply observed in the later seasons, 2004/5 

and 2006/7 were characterised by regular, high amplitude changes in [NO3
-] and 

�
15NNO3 driven by pulsed inputs and rapid drawdown events concurrent with rapid 

increases in chlorophyll concentration. These drawdown events approach closed 

system conditions since nitrate drawdown vastly exceeds input over a short time 

interval, such that the corresponding increase in �15NNO3 gives the true fractionation 

factor for nitrate uptake, as described below. Throughout the 2005/6 growing season, 

the upper ocean density gradient is most pronounced of all seasons studied (Fig. 

3.10) and this strong stratification would explain gradual nitrate drawdown and little 

resupply from the underlying source waters. The lesser direct deeper water influence 

on surface waters is further demonstrated by low season N:P, in contrast to the 

deeper water signature. Although the ultimate nutrient source to surface waters is 

UCDW, a rapid reduction in �15NNO3 with no equivalent change in [NO3
-] at the end 

of January 2006 suggests a nutrient source with a �15NNO3 vs. ln([NO3
-]) relationship 

different to unutilised UCDW (Fig. 3.2a). This would lend support to the surface 

ocean not being a closed system, despite stratified conditions, in agreement with N 
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isotopic data and calculation of �. An alternative nitrate input is likely to be winter 

waters exhibiting �15NNO3 and [NO3
-] intermediate between surface and deep waters, 

due to partial nitrate utilisation and resupply of deep ocean nitrate from below. This 

would be consistent with a concurrent drop in carbon isotopic signature of aqueous 

CO2 in surface waters, arising from input of isotopically light carbon from the winter 

water layer (Chapter 6). Under the more stratified conditions observed in summer 

2005/6, vertical mixing of winter waters would still be possible even despite the 

mixing signal not being sufficient to penetrate the deeper water mass. An additional 

contribution may arise from lateral advection of partially utilised surface waters from 

further upstream in the regional circulation system, thus highlighting the patchy 

nature of productivity and therefore nutrient signatures in the coastal ocean. These 

minor inputs to Ryder Bay surface waters are relatively more important and 

discernible in nitrate isotopic signatures than in other seasons, due to greater nitrate 

drawdown and lower ambient concentrations during the more stratified summer 

2005/6. The between-season differences in density-driven stratification described 

here are in agreement with Venables et al. (submitted), who present an index of 

stratification down to 30m water depth based on the negative of the potential energy 

anomaly (Simpson et al., 1978).  
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Figure 3.10. Contour plots of upper ocean density (top 200m) in kg. m-3, for 

summers (a) 2004/5, (b) 2005/6, (c) 2006/7, (d) 2008/9 and (e) 2009/10. Warmer 

colours depict higher density, whilst cooler colours depict lower density. 

 

3.5.3 Estimating fractionation factors 

Rapid fluctuation in [NO3
-] and �15NNO3 during summers 2004/5 and 2006/7 shows 

rapid switching between open and closed system conditions, with rapid nitrate inputs 

depicting an open system and rapid drawdown depicting a closed system. Plotting 

�
15NNO3 vs. ln([NO3

-]), as in Figures 3.7-3.9, for individual drawdown events that 

occur under short-lived closed system conditions can therefore be used to estimate 
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the true fractionation factor of nitrate uptake in this environment. Figure 3.11 shows 

this relationship for two individual drawdown events during summer 2004/5, both of 

which give a fractionation factor of 4.3 ‰. Although the relationship between 

�
15NNO3 and ln([NO3

-]) for 5 – 10 January 2005 is statistically insignificant (p = 

0.158), the derived fractionation factor is robust because it is consistent with that for 

20 – 29 December 2004, when the relationship between �15NNO3 and ln([NO3
-]) was 

statistically significant and strong (r2 = 0.999, p = 0.018). All other drawdown events 

give substantially lower � values, and are not therefore reflective of closed system 

conditions, as seen above using all seasonal surface data and depth profile data from 

summer 2009/10. The estimated fractionation factor of 4.3 ‰ fits well with previous 

estimates for the east Pacific Antarctic zone (4 – 5 ‰; Sigman et al., 1999). 

 

Figure 3.11. �15NNO3 vs. ln([NO3
-]) relationship for individual “closed system” nitrate 

drawdown events, 20 – 29 December 2004 (blue dots and line) and 5 – 10 January 

2005 (red dots and line). Derived � values and statistical data are presented on plot. 

 

3.5.4 Productivity, nutrient dynamics and stratification 

Like nutrient supply, total seasonal productivity also appears to be controlled by 

density-driven upper ocean stratification, such that productivity was highest in 

2004/5, when stratification was sufficient to provide a stable surface environment 

favourable for phytoplankton growth, and lowest in 2008/9 when stratification was 
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very weak and surface waters correspondingly unstable. In order to highlight the 

degree of interannual variability in productivity, it is worth noting here that 

cumulative POM production in 2004/5 was three times as high as in 2008/9 (Fig. 

3.2d), and total nitrate drawdown for 2004/5 was higher by approximately a factor of 

two (Table 3.2).  

 

The majority of biological production in Ryder Bay is new nitrate-based production, 

with an f-ratio showing nitrate uptake accounting for 71 – 88 % of total nitrogen 

uptake (Weston et al., submitted). We would therefore expect a good relationship 

between cumulative POM concentration, defined as the sum of all increases in [POC] 

and [PN], and absolute nitrate utilisation, defined as the sum of all decreases in  

[NO3
-], for the growing seasons covered in this study, since both are indicative of 

seasonal nitrate-based productivity. Figure 3.12a shows that there is no statistically 

significant relationship between cumulative POC and absolute nitrate utilisation (p 

>0.05). However, there is a good correlation between cumulative PN concentration 

and absolute nitrate utilisation (r2 = 0.798, p = 0.041), which is in agreement with a 

high f-ratio and N:P stoichiometry only slightly lower than the Redfield ratio. In a 

new production-dominated system, absolute nitrate uptake would be expected to be 

equal to cumulative PN production for any given season. In this study, PN 

production is consistently lower than nitrate uptake and shows that PN is being lost 

from the surface environment during all seasons, such that cumulative PN (and POC) 

calculations are underestimates, as previously discussed. Nevertheless, the 

relationship between cumulative PN production and absolute nitrate utilisation, and 

agreement between cumulative PN and cumulative POC show not only that 

calculations of cumulative POM production are robust in describing the interannual 

variability in productivity over this study, but also that production in Ryder Bay is 

predominantly nitrate-based, with only a minor role for summertime PN 

remineralisation and ammonium regeneration. This agreement with the high f-ratio is 

further corroborated by the high percentages of primary production that is exported 

in each season, as estimated in Table 3.3. High f-ratio and nitrate-based export 

production in Ryder Bay are consistent with other Antarctic coastal sites (e.g. 
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Kristiansen et al., 1992) and hold important implications for biological drawdown of 

atmospheric carbon dioxide (CO2) and particle flux to benthic ecosystems.  

 

If primary production in Ryder Bay were macronutrient-limited, there would be a 

strong relationship between absolute nitrate utilisation and total nitrate input for each 

growing season. There is no such statistically significant relationship here (p = 0.052; 

Fig. 3.12b) and this is in agreement with the lack of a relationship between total 

nitrate input and either cumulative POC or PN production (r2 = 0.298 and 0.4423, 

respectively; data not shown). It is therefore clear that total nitrate supply from 

UCDW is not the main limiting factor of seasonal productivity in this environment.  

 

 

Figure 3.12. Relationships between (a) cumulative POC (dark blue) and cumulative 

PN (light blue) and absolute nitrate utilisation for each growing season, and (b) 

absolute nitrate utilisation and total nitrate input for each growing season. 

 

In 2004/5, 2006/7, 2008/9 and 2009/10, total productivity calculated using 

cumulative POM and total nitrate uptake is in agreement with chlorophyll standing 

stocks. In 2005/6, on the other hand, chlorophyll concentration is decoupled from 

total productivity. Weston et al. (submitted) use 14C and 15N uptake experiments in 

summer 2005/6 to show water column integrated primary production of 267 mmol C 

m-2 d-1 in Ryder Bay, which is high relative to open Antarctic waters away from the 

continental shelf (Arrigo et al., 1998) and similar to other productivity measurements 

along the WAP (e.g. Ducklow et al., 2007). This productivity calculation is higher 

than that estimated from nutrient deficit as part of the same study and the authors 
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suggest that this offset may be explained by the nutrient deficit approach not 

capturing the full extent of nutrient resupply from underlying waters. It is possible 

that the calculation of cumulative POC and PN and total nitrate input and drawdown 

from change in concentration between two time-points employed here may also mask 

concurrent opposite changes due to growth, export and/or remineralisation, and 

nutrient resupply, so that a small contribution to total production may be missed. 

However, the dominance of new production and nitrate supply from depth, therefore 

regulation by upper ocean stratification, and agreement between absolute nitrate 

drawdown and cumulative PN production, lends strong support to the productivity 

scheme described here. Using productivity measurements from 2005/6, Weston et al. 

(submitted) conclude that Ryder Bay is a “highly productive region”. Although no 

14C- and 15N-based production data are available for the other seasons covered in this 

study, so no direct comparison is possible, the productivity scheme described here 

suggests that productivity in Ryder Bay could be significantly higher than that shown 

by Weston et al. (submitted) on timescales longer than just one summer. This would 

further strengthen their conclusion of Ryder Bay’s high productivity status, relative 

to other Southern Ocean environments. High chlorophyll standing stocks yet 

comparatively low overall productivity in 2005/6 then suggest that after a strong 

early-season bloom, phytoplankton were producing at significantly lower rates and 

fixing significantly less CO2.  Indeed, Weston et al. (submitted) show that primary 

production and nitrate uptake are significantly higher at the onset of the bloom and 

lower throughout the rest of the growing season. If phytoplankton standing stocks 

were high throughout summer 2005/6, what was limiting primary production after 

the initial bloom? 

 

3.5.5 Limiting factors of productivity in Ryder Bay 

This study has found that a stratified surface ocean is required to provide a stable 

environment for proliferation of phytoplankton blooms. However, extreme 

stratification such as that seen in summer 2005/6 limits phytoplankton productivity 

and restricts exchange with underlying source waters such that macronutrients are 

consistently low. Although significant drawdown occurs in a strongly stratified 

surface ocean, macronutrients do not reach limiting conditions throughout the study 
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period, due to minor diffusive inputs from underlying source waters and possibly 

lateral advective transport. This is in agreement with a significantly lower isotope 

effect of nitrate uptake than in the isolated Antarctic surface ocean, which implicates 

some resupply of nitrate over the period of uptake in all seasons studied. Low 

productivity under strongly stratified conditions is not, therefore, driven primarily by 

the reduced supply of macronutrients from depth. Despite the stratification-control of 

both productivity and nutrient supply, productivity is not macronutrient-limited in 

Ryder Bay and must therefore be regulated by an additional factor also related to 

upper ocean stratification. 

 

Availability of essential micronutrients, principally iron, would also be related to 

stratification and can exert a strong control on productivity in the surface ocean (e.g. 

Martin and Fitzwater, 1988; de Baar et al., 1995; de Baar et al., 2005). However, 

total dissolvable iron (TDFe) remained at >8 nmol. L-1 in Ryder Bay surface waters 

throughout the 2005/6 growing season (Weston et al., submitted). Whilst such data 

are not available for the other seasons in this study, >8 nmol. L-1 is consistent with 

other data from the WAP (Ardelan et al., 2010; Dulaiova et al., 2009) and suggests 

that iron limitation is unlikely in this region (Hopkinson et al., 2007).  

 

Light levels exert a strong control on phytoplankton photosynthesis (Sverdrup, 

1953), particularly within the polar circles where light is absent for the mid-winter 

period. Variability of light levels in the surface ocean of the western Antarctic 

Peninsula is a significant driver of temporal and spatial variability in primary 

production during the summer months (Vernet et al., 2008). In Ryder Bay, marked 

seasonal and interannual variability is observed over the study period with 

significantly lower light levels in high chlorophyll years 2004-7, than in 2008/9 or 

2009/10 (Venables et al., submitted). Summer 2005/6, in particular, is characterised 

by low light levels throughout the latter part of the growing season, and the 

shallowest summertime NPI of the study period (Fig. 3.6). These low light conditions 

are likely driven by the self-shading effect of large accumulations of organic material 

produced at the beginning of the summer before light levels become limiting. Self-

shading is also related to upper water column structure, since strong stratification and 
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a very shallow mixed layer in summer 2005/6 concentrates organic material at the 

ocean surface and prevents significant downward mixing and export, such that light 

levels are further reduced. Vernet et al. (2008) find that self-shading is common 

throughout the WAP region when chlorophyll a concentration exceeds 20 µg/L and 

mixed layer depth is shallow (~5 m); both conditions are met for much of summer 

2005/6. This is in contrast to other high chlorophyll seasons in Ryder Bay (2004/5 

and 2006/7) in which slightly weaker stratification facilitates sinking and dispersal of 

organic material, which alleviates light limitation due to self-shading and sustains 

high productivity. In 2008/9, chlorophyll standing stocks are insufficient to create a 

self-shading effect, and in 2009/10 chlorophyll accumulations are only sufficient to 

cause a self-shading effect briefly during the late-season bloom. As such, light levels 

are maintained throughout most of these well mixed seasons and productivity is not 

limited by self-shading.  

 

Whilst self-shading is the main light-limiting process during high-chlorophyll 

periods, light is also the likely limiting factor when chlorophyll is low. Surface ocean 

(<20 m) light availability is highest during low chlorophyll periods, and 

consequently does not limit productivity (Venables et al., submitted). However, low 

chlorophyll periods coincide with much deeper mixed layers and occasionally MLD 

even exceeds NPI depth, so that phytoplankton cells may be mixed downwards out 

of the well-lit surface layer to depths where light levels are insufficient to sustain 

growth. Even when MLD does not exceed NPI, deeper mixed layers in summer 

2008/9 and the mid-season low productivity period in summer 2009/10 reduce the 

efficiency of phytoplankton production by increasing the range of light intensities to 

which they are exposed, such that overall productivity is reduced. As such, it is the 

depth to which phytoplankton are mixed, rather than absolute light availability, that 

drives light limitation of productivity during low chlorophyll periods. 

 

Phytoplankton productivity along the WAP may also be regulated by grazing losses 

(Clarke et al., 2007). This could contribute to low productivity throughout summer 

2008/9 and mid-season 2009/10 due to biomass dominance by smaller diatom classes 

(Annett, 2012), which can promote increased grazing pressure (Morel et al., 1991). 
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However, low seasonal average �15NNO3 and �15NPN for 2008/9 confirm that 

productivity was low in Ryder Bay throughout the growing season and therefore 

zooplankton populations are likely to be correspondingly low, due to the lack of food 

supply. Although there are few data available describing interannual variability in 

grazing pressure along the WAP between 2004 and 2010, zooplankton grazing in 

Ryder Bay is not sufficient to limit early season growth rate and rapid increases in 

chlorophyll in most years. Moreover the strong relationship found here between 

productivity and upper ocean stratification dictates that interannual variability in 

productivity must be explained by a variable, or combination of variables, related to 

changes in stratification. In contrast to the North Atlantic (Boss and Behrenfeld, 

2010), Ryder Bay shows no response of grazing pressure to changes in mixed layer 

depth (Venables et al., submitted). As such, whilst temporal changes in grazing 

losses are likely in Ryder Bay, these changes do not appear to be related to changes 

in upper ocean stratification and are not, therefore, a key control on phytoplankton 

productivity in Ryder Bay. 

 

In summary, phytoplankton productivity in Ryder Bay shows a strong relationship 

with upper ocean stratification. Despite significant interannual and seasonal 

variability in stratification-controlled macronutrient supply from UCDW, 

macronutrients are not sufficiently depleted to limit phytoplankton productivity 

throughout the study period. Iron concentrations are also thought to be replete 

throughout the WAP region. Whilst zooplankton grazing may exert a minor effect on 

seasonal changes in productivity, the key control is the level of light available to 

phytoplankton as regulated by changes in upper ocean stratification. During high 

chlorophyll times, light availability is limited by self-shading in the shallow mixed 

layer, whilst low chlorophyll is driven by a reduction in phytoplankton efficiency due 

to deeper mixed layers and therefore exposure of phytoplankton cells to a wider 

range of light intensities. At the low temperatures observed in the Southern Ocean, 

surface ocean stratification is driven by salinity (Meredith et al., 2008a), so the 

control of primary productivity by stratification-regulated light availability is driven 

by freshwater inputs from sea ice meltwater and meteoric water sources from glacial 

melt and precipitation. Proposed here is a conceptual model whereby stratification, 
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and therefore light levels and phytoplankton productivity, are controlled by the 

interplay between sea ice and meteoric water inputs to the surface ocean over the 

course of a growing season. 

 

3.5.6 Conceptual model of the factors controlling stratification and 
productivity 

In the Antarctic seasonal sea ice zone, winter sea ice coverage is thought to control 

phytoplankton productivity during the following summer, due to the release of a 

freshwater lens as sea ice melts in spring, which stabilises the surface ocean and 

provides a favourable well-lit environment for phytoplankton growth (Smith and 

Nelson, 1985; Smith and Sakshaug, 1990; Mitchell and Holm-Hansen, 1991; 

Ducklow et al., 2007). In addition, winter sea ice cover restricts wind-induced deep 

mixing and sea ice formation over the course of the winter, such that winter mixed 

layers are shallow. This preconditions the water column so that summer mixed layers 

are also shallow and this stability is further enhanced by springtime freshwater 

release from melting sea ice. Seeding of surface water phytoplankton communities 

by sea ice algae as ice retreats (Ackley and Sullivan, 1994) is not thought to be a 

major factor influencing overall productivity in this region, since species shifts occur 

throughout the growing seasons (Garibotti et al., 2005a; Annett et al., 2010) and 

occasional high chlorophyll periods occur during low chlorophyll summers, neither 

of which are consistent with a sea ice-seeding mechanism (Venables et al., 

submitted). In contrast to extensive winter sea ice coverage, low winter sea ice 

permits wind-induced mixing and strong sea ice formation throughout the winter 

period. Sea ice formation and the resultant brine rejection lead to an increase in 

vertical mixing, due to the greater density of brine than seawater, which compounds 

the already deep winter mixed layers driven by the lack of sea ice protection from 

intense winter winds. These deep mixed layers persist into summer due to 

preconditioning of the summer water column by winter time conditions and little 

stabilising influence of sea ice meltwater input in spring. Spring and summer primary 

productivity is consequently lower due to deeper mixing and less efficient 

phytoplankton growth, possibly compounded by loss of seed phytoplankton 

populations. Freshwater input from glacial melt during summer also exerts an 
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important control on productivity due to stabilisation of the upper water column and 

potential micronutrient supply (Dierssen et al., 2002).  

 

In Ryder Bay, meteoric water makes a larger contribution to the water column 

freshwater inventory than sea ice melt throughout the study period and most of the 

meteoric component is glacially derived rather than from precipitation (Meredith et 

al., 2008a, 2010, submitted). However, it is hypothesised here that the dominant 

freshwater control on upper ocean stratification, and consequently productivity, 

varies throughout the seasonal cycle. Although the total contribution of sea ice 

meltwater is significantly lower throughout, its seasonal variability is of equal or 

greater amplitude to that of meteoric water (Meredith et al., submitted). The same 

authors show that input of sea ice meltwater also occurs as much more of a pulsed 

input due to springtime melting, as opposed to the more gradual input of glacial 

meltwater and precipitation over the course of the austral summer. The conceptual 

model presented here describes how a pulsed freshwater input from sea ice melting 

instigates phytoplankton blooms by exceeding a threshold of surface ocean stability 

to facilitate a stable light environment and phytoplankton growth. The timing of the 

sea ice meltwater input is thus crucial to the initiation of phytoplankton blooms. This 

is in contrast to Venables et al. (submitted) who argue that phytoplankton growth is 

initiated by the return of insolation to high Southern latitudes, which, unlike the 

model proposed here, does not account for negligible productivity in summer 2008/9. 

After the initial sea ice-induced phytoplankton bloom, total freshwater contribution 

to the surface ocean controls stratification and therefore the magnitude of the bloom, 

and because the glacial contribution is significantly larger than that of sea ice 

meltwater or precipitation, total season productivity is primarily glacially-controlled. 

Having said that, meteoric inventory in surface waters, which is the key driver of 

stratification rather than total input, is itself controlled by sea ice-regulated early 

season stratification, and therefore sea ice is the principal control on stratification and 

productivity overall. In a heavy sea ice year, stratified conditions keep the meteoric 

input at the surface and increase its surface water inventory, whilst in a low sea ice 

year, increased instability causes mixing of the meteoric input over a greater depth 

range so its surface water inventory is reduced. The sea ice forcing of stratification is 
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exaggerated, therefore, by the meteoric inventory and its control of surface ocean 

conditions. The temporally varying inputs of sea ice and glacial meltwater described 

in the model are in good agreement with the surface freshwater inventories derived 

from seawater oxygen isotope data throughout the study period (Meredith et al., 

submitted). The model consists of four modes of variability: optimum winter sea ice, 

optimum glacial input and high productivity; low local winter sea ice, yet late distal 

sea ice meltwater input coincident with peak glacial contribution and moderate 

productivity; heavy winter sea ice, high meteoric inventory and low productivity; and 

low sea ice, dispersed glacial input and low productivity (Fig. 3.13). 

 

Figure 3.13. Conceptual model showing the interplay of sea ice meltwater and 

meteoric freshwater in regulating stratification and productivity in Ryder Bay. 

 

Mode 1 describes optimal sea ice and meteoric water input, high productivity and 

significant export: Sea ice cover limits winter mixed layer depth by reducing wind-

induced mixing and brine rejection during sea ice formation over the winter period. 

This shallow mixed layer persists into early summer due to preconditioning of the 

water column and further stabilisation by pulsed sea ice meltwater input in spring, 

such that surface ocean stability exceeds the threshold for phytoplankton growth and 

the bloom is instigated. The meteoric water contribution increases throughout the 

summer and takes over as the main control on stratification, such that upper ocean 

stability is maintained and phytoplankton remain in a well-lit surface environment 
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favourable for growth. The meteoric input is not sufficient to isolate the surface 

environment from underlying waters, so variability in mixed layer depth permits 

regular pulsed inputs of nutrients and downward flux of organic material. As such, 

light availability is not limited by self shading, so the phytoplankton bloom is 

sustained, absolute nutrient drawdown is intense, and there exists the potential for 

substantial CO2 drawdown and particle export. Although the magnitude of 

phytoplankton productivity was different between seasons, both 2004/5 and 2006/7 

are described by mode 1. 

 

Mode 2 describes a temporally variable system in which two minor sea ice meltwater 

inputs from different areas of the WAP drive two separate peaks in productivity: 

Low sea ice cover in Ryder Bay creates a deeper winter mixed layer due to more 

wind-induced mixing and greater sea ice formation throughout the winter. Resultant 

less stable conditions at the beginning of summer and a small sea ice meltwater input 

permit only a minor early season phytoplankton bloom, which quickly subsides 

because of deeper mixing and reduced efficiency of phytoplankton. Deeper mixing 

also disperses meteoric freshwater so the combination of a lesser input of sea ice 

meltwater and less meteoric freshwater at the surface creates a less stable 

environment and a mid-season productivity low. Despite low sea ice in Ryder Bay, 

greater ice coverage elsewhere along the WAP and lateral advection of surface 

waters drives a mid-season increase in sea ice meltwater coincident with peak 

meteoric freshwater prevalence in Ryder Bay. Surface stratification is then sufficient 

to facilitate a late season phytoplankton bloom, which is not limited by 

macronutrients or self-shading due to previous mixing and low productivity 

conditions. Overall productivity and nutrient drawdown are typically lower than in a 

mode 1 season, because the late bloom is short-lived. However, a significant amount 

of the organic material produced is likely to be exported due to the rapid onset of 

intense winter vertical mixing. Productivity in summer 2009/10 is regulated by the 

mechanism described by mode 2. This is a localised mechanism in terms of 

meltwater provenance, and could also be described more broadly as being similar to 

mode 1, i.e. sea ice and meteoric freshwaters interact to provide a stable surface 

environment and facilitate a strong phytoplankton bloom and export flux. 
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Mode 3 describes extreme sea ice and glacial meltwater input, which drives strong 

stratification and light-limitation of phytoplankton by self-shading: Heavy sea ice 

limits ice formation and wind-induced mixing over the winter, so that the winter 

mixed layer is shallow. A large springtime sea ice meltwater input drives further 

stratification of the preconditioned stable mixed layer and facilitates a strong initial 

bloom. Maximum meteoric input held in stratified surface waters takes over as the 

dominant control on the already-strong stratification, which is sufficient to isolate 

surface waters and prevent nutrient replenishment from, and downward flux of 

organic material to, underlying waters. Although nutrients are replete, the large 

accumulation of organic material at the ocean surface limits light availability and 

creates a self-shading effect, which causes a significant decline in productivity after 

the initial bloom. Consequently, total season productivity and macronutrient 

drawdown are low, and export of organic material is minimal. Summer 2005/6 is 

described by mode 3. 

 

Mode 4 describes an almost sea ice-free system in which a well-mixed unstable 

surface ocean prevents significant phytoplankton productivity: Very low sea ice 

cover permits a greater extent of wind-induced mixing and brine rejection on ice 

formation during winter and drives formation of a deep winter mixed layer, which 

persists into summer. In the absence of a springtime sea ice meltwater input, these 

unstable conditions mix phytoplankton over a larger depth range, such that cells are 

exposed to a greater range of light levels and their efficiency is insufficient to 

instigate a bloom. Deep and variable mixing also acts to disperse the meteoric input 

so the surface freshwater inventory is never sufficient to exceed the threshold 

necessary to stabilise the surface ocean and facilitate a phytoplankton bloom. As 

such, loss of winter sea ice drives a significant decline in productivity and 

macronutrient drawdown, with disastrous consequences likely for CO2 drawdown 

and particle flux to benthic ecosystems. 2008/9 is characterised by the processes 

described in mode 4. 
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3.5.7 Comparison with other WAP data and future implications 

Ongoing atmospheric and oceanic warming at the WAP, and the associated changes 

in SAM and ENSO variability, are expected to drive further sea ice losses, deep 

winter mixing and consequently deeper, less stable summer mixed layers (Marshall 

et al., 2004; Stammerjohn et al., 2008b; Meredith et al., 2010; Venables et al., 

submitted). Using summer 2008/9 as an analogue for future low sea ice conditions, 

this trend is likely to drive a dramatic decline in phytoplankton productivity and 

export fluxes as climate change proceeds at the WAP. Over the last five decades, 

climate change at the WAP has been manifest as a southward migration of a warmer 

maritime climate and progressive replacement of the colder continental Antarctic 

climate (Smith et al., 2003a). As such, it would be expected that the effects of this 

warming trend would be more advanced further up the WAP. The Palmer Long-

Term Ecological Research Project (Pal-LTER) has been in operation at the WAP 

since 1992, and consists of year-round sampling off Palmer Station at the southern 

end of Anvers Island (64˚ 46.77’S, 64˚ 04.36’W) and annual summertime 

observations in a larger grid between 62˚ and 69˚ S and 59˚ to 78˚ W (Smith et al., 

1995, 1998). Comparison of data from this study with Pal-LTER data therefore 

provides the opportunity to qualify the predictions made here regarding future 

responses of the ice-ocean-atmosphere system to ongoing climate change.  

 

In agreement with findings from Ryder Bay (Clarke et al., 2008; Venables et al., 

submitted; this study) sea ice is found to exert a key control on primary production 

throughout the WAP region. Montes-Hugo et al. (2009) show that the northern WAP 

region (61.8˚ to 64.5˚ S, 59.0˚ to 65.8˚ W) has experienced an 89 % reduction in 

satellite-derived seasonal average chlorophyll concentration since the 1970s, due to 

an increase in water column mixing associated with a 79 % decline in December sea 

ice extent, as well as cloudier and windier conditions. The chlorophyll decline is 

particularly pronounced early in the growing seasons, adding support to winter sea 

ice dynamics as the controlling mechanism. Although the same authors show a 

substantial increase (66 %) in satellite-derived chlorophyll a in response to 

significant sea ice decline (~80 %) in the southern WAP region (63.8˚ to 67.8˚S, 

64.4˚ to 73.0˚W) over the same timescale, this is attributable to sea ice retreat 
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increasing the length of the ice-free productive season in areas previously covered by 

ice. This is not the case in Ryder Bay, where productivity is controlled by 

stratification, such that the relationship between sea ice and productivity is more akin 

to the northern WAP region of Montes-Hugo et al. (2009). Satellite-derived sea ice 

extent in the vicinity of Anvers Island and throughout the WAP region (available 

online at http://pal.lternet.edu/data) shows an overall decline since 1978, with high 

amplitude interannual variability (Fig. 3.14). Over the same time period, primary 

production has also shown high interannual variability but no statistically significant 

positive or negative trend (Fig. 3.15; Vernet et al., 2008). It has thus been suggested 

that ongoing sea ice decline at the WAP is more likely to drive a shift in 

phytoplankton species composition and adaptation to new conditions rather than 

biological collapse (Ducklow et al., 2006). However, it has also been hypothesised 

that since the WAP marine ecosystem is balanced on the threshold between being 

ice-dominated and being controlled by water temperature, there exists the potential 

for a dramatic non-linear biological response to ongoing warming with an abrupt 

change in trophic structure and ecosystem functioning (Smith et al., 2003b, 2008). 

Published Pal-LTER data cannot therefore confirm that sea ice decline in Marguerite 

Bay will lead to a dramatic decline in productivity, as suggested by the conceptual 

model developed here. However, primary production has shown a consistent decline 

since 2005, concurrent with continued sea ice decline throughout the WAP region 

(Figs 3.14 and 3.15). Whilst the time-series is not yet long enough to decipher 

whether these recent trends are significant, the decline in primary production 

suggests that ongoing sea ice loss is having a detrimental impact on the productivity 

of marine ecosystems. 
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Figure 3.14. Sea ice annual averages in the WAP region (blue circles, left hand y-

axis) and around Anvers Island (grey circles, right hand y-axis), 1978 – 2010, from 

passive microwave satellite imagery. Data courtesy of Sharon Stammerjohn, 

available online at http://pal.lternet.edu/data. Data from the Palmer LTER data 

repository were supported by Office of Polar Programs, NSF Grants OPP-9011927, 

OPP-9632763 and OPP-0217282. Yellow shading indicates the time period covered 

by this study. 
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Figure 3.15. Primary production off Palmer Station, 1994 – 2010, from 14C-uptake 

experiments. Data courtesy of Oscar Schofield, available online at 

http://pal.lternet.edu/data. Data from the Palmer LTER data repository were 

supported by Office of Polar Programs, NSF Grants OPP-9011927, OPP-9632763 

and OPP-0217282. Yellow bar indicates the time period covered by this study. 

 

A climatic increase in glacial meltwater prevalence has also been shown to be 

detrimental to productivity and ecosystem functioning, by driving a species shift 

from diatom-dominated communities to an increasing abundance of cryptophytes 

(Moline et al., 2004). The mechanism underlying this shift is yet to be fully 

understood, but an annually recurrent shift from diatom-dominance to dominance by 

cryptophytes has been observed at the WAP and is significantly related to decreased 

salinity associated with glacial melting (Moline et al., 2000). As well as salinity 

perturbations, glacial meltwater has also been shown to influence productivity by 

modifying surface water turbidity along the WAP (Dierssen et al., 2002). As the 

glacial meltwater contribution to surface waters continues to increase in response to 

regional warming, cryptophytes are likely to become more important throughout the 

WAP region and replace the previously diatom-dominated phytoplankton 

communities (Moline et al., 2004).  
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A similar species shift from diatoms to smaller size classes was observed in Ryder 

Bay during the low productivity summer of 2008/9 (Annett, 2012). These smaller 

phytoplankton size classes are not efficiently grazed by krill, such that climate-

induced phytoplankton species shifts may be driving the long-term decrease in krill 

stocks, and replacement by salps. As the preferred food source for higher predators, 

krill is a keystone species in the Antarctic marine foodweb, such that phytoplankton 

species shifts and resultant decline in krill populations are likely to be detrimental to 

the functioning of the whole ecosystem. This is likely to lead to a decline in total 

biological productivity with implications for carbon transfer, storage and export. 

 

Whilst the long-term trajectory of climatically-induced environmental change at the 

WAP is yet to become clear, significantly lower productivity and a shift to 

phytoplankton species less able to support the existing ecosystem structure following 

a low sea ice winter in Ryder Bay suggest that significant changes are afoot. The Pal-

LTER study region is not yet sea ice-free, so cannot be used to confirm or disprove 

the conceptual model described here in which the loss of winter sea ice drives a 

dramatic decline in productivity in northern Marguerite Bay. However, the sea ice-

induced decline in chlorophyll concentrations in the northern WAP region (Montes-

Hugo et al., 2009) and the recent decline in primary production at Palmer Station, in 

the context of long-term sea ice decline, lend support to the conceptual model. The 

findings of this study strongly suggest that continued warming and sea ice losses at 

the WAP are likely to drive a significant decline in total biological productivity and 

macronutrient drawdown. This may have severe consequences for CO2 drawdown 

and export fluxes, which are examined in detail in subsequent chapters of this thesis. 

 

3.6 Conclusions 

 

This study shows that phytoplankton productivity and macronutrient drawdown in 

Ryder Bay are principally controlled by upper ocean stratification. Primary 

production is predominantly nitrate-based, with only a minor contribution from 

summertime ammonium cycling, and silicate is always present in excess, such that 

the availability of nitrate is crucial for phytoplankton growth. The ultimate 
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macronutrient source to the surface ocean is upper circumpolar deep water, and 

vertical mixing of this water mass provides macronutrient replenishment to the 

surface ocean during all seasons examined here. Nutrient resupply during the period 

of biological uptake renders N isotope biogeochemistry in the coastal Southern 

Ocean fundamentally different to the adjacent open ocean setting, due to greater 

vertical mixing, higher productivity and nutrient drawdown sufficient to decouple N 

isotope dynamics from strict Rayleigh fractionation kinetics. The regularity and 

magnitude of surface water nutrient resupply demonstrates significant interannual 

variability, which is also regulated by upper ocean stratification. Although seasonal 

nutrient source dynamics are in broad agreement with seasonal productivity over the 

study period (greater nutrient supply corresponds to higher productivity), nutrient 

replenishment in all growing seasons ensures that macronutrients are never depleted 

to limiting concentrations. As such, the relationship between productivity and upper 

ocean stratification in Ryder Bay cannot be explained by macronutrient-limitation or 

supply, and must be responding to an additional factor. 

 

Dissolved iron concentrations are also thought to be replete in surface waters 

throughout the WAP region and although zooplankton may play a minor role in 

regulating total phytoplankton productivity, grazing pressure is not thought to be 

related to interannual differences in upper ocean stratification. As such, neither iron 

nor grazing stress can explain the strong relationship between productivity and 

stratification observed in this study. In agreement with Venables et al. (submitted), it 

is found here that the key control on phytoplankton productivity is most likely to be 

light availability, as regulated by upper ocean stratification. This study suggests that 

under strongly stratified high chlorophyll conditions, light becomes limited by large 

accumulations of organic material and resultant self-shading of phytoplankton. 

Under poorly stratified conditions, phytoplankton are mixed over a greater depth 

range and exposed to a wider range of light intensities, such that their photosynthetic 

efficiency is reduced. In both cases, low light availability restricts phytoplankton 

growth and overall productivity is correspondingly low. On the other hand, it is 

found that high productivity is achieved during growing seasons of intermediate 

stratification, and this is attributed to the upper ocean being sufficiently stable to 
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maintain phytoplankton in the well-lit surface environment favourable for growth, 

yet stratification not being sufficient to isolate the surface ocean and inhibit particle 

export. Efficient sinking of organic material then prevents large accumulations that 

would otherwise cause a self-shading effect, such that phytoplankton growth is 

sustained and seasonal productivity is high. 

 

A conceptual model is developed in this study whereby stratification, and therefore 

light levels and productivity, are regulated by the interplay between sea ice and 

glacial meltwater inputs to the surface ocean over the course of a growing season. 

The model describes how a rapid sea ice input is required to exceed a threshold of 

surface ocean stability sufficient to provide a well-lit environment and instigate the 

phytoplankton bloom. The larger yet more gradual glacial input then takes over as 

the main control on surface ocean stability, and controls light availability and 

consequently the magnitude of the bloom and overall productivity. According to the 

model, summers 2004/5 and 2006/7 are characterised by optimum sea ice and glacial 

meltwater input, which stabilise the upper water column sufficiently to support a 

phytoplankton bloom, but not to the extent to prevent particle export to underlying 

waters. As such, high productivity is maintained, free from self-shading, and export 

of organic material is facilitated. In 2009/10, moderate overall productivity, 

consisting of a small early season chlorophyll peak and a late-season phytoplankton 

bloom, is driven by two minor sea ice inputs from different sources along the WAP, 

which each drive a short-lived restratification of the upper water column and 

conditions favourable for phytoplankton growth. In 2005/6, initial phytoplankton 

growth was strong due to a large meltwater input on retreat of heavy winter sea ice. 

However, a substantial glacial inventory in surface waters over the summer adds to 

the already-strong stratification and causes retention of organic material in the 

surface ocean, therefore self-shading, such that productivity becomes decoupled from 

organic matter standing stocks, and overall productivity and export are low.  

 

The conceptual model developed here attributes low productivity conditions during 

summer 2008/9 to minimal sea ice cover during the preceding winter and could 

therefore offer an insight into the response of the marine ecosystem to future climate 
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change at the WAP. The model suggests that without the sea ice meltwater 

restratification mechanism, the persistence of deeper winter mixed layers into 

summer prevented the development of a significant phytoplankton bloom and limited 

total season productivity. In fact, results from this study show that seasonal nitrate 

drawdown and cumulative production of organic material declined by at least 50 % 

between a sea ice-influenced high productivity season (2004/5) and the low sea ice, 

low productivity 2008/9 growing season. As such, ongoing sea ice losses and 

perhaps a full transition to completely ice-free conditions at the WAP would drive a 

dramatic decline in productivity throughout the region.  

 

Although the response of the ice-ocean-atmosphere system to climate change at the 

WAP is yet to be accurately predicted, the findings of this study strongly suggest that 

ongoing warming and accompanying sea ice losses are likely to have a negative 

impact on biological productivity in the coastal WAP marine environment. The 

extent of this impact will depend on the extent to which phytoplankton blooms rely 

on sea ice-induced stratification, as suggested in this study, and their adaptability to 

future environmental change. A decline in primary productivity would lead to 

changes in macronutrient dynamics arising from a reduction in biological drawdown, 

as observed during summer 2008/9, although nutrient status would be unaffected 

since macronutrients are already replete over the majority of the HNLC Southern 

Ocean. In contrast, the climatic decline in primary productivity postulated in this 

study would hold important implications for the drawdown and export of 

atmospheric CO2, as well as the structuring and total productivity of WAP marine 

ecosystems.  
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4 Nitrogen cycling and the fate of organic material in the western 
Antarctic Peninsula sea ice environment: Insights from nitrogen 
isotope biogeochemistry 

 

4.1 Abstract 

 

The processes affecting organic material once it is formed play a key role in the 

marine nitrogen cycle and are likely to have important consequences for the potential 

of atmospheric CO2 drawdown in this environment. This study aims to use nitrogen 

isotopic modelling and complementary biogeochemical data to elucidate the relative 

importance of particle export vs. surface ocean remineralisation in determining the 

fate of organic material in different years. Upper ocean stratification constitutes the 

main driver of interannual variability in the balance of these mechanisms, with 

export dominant under better mixed conditions and remineralisation more important 

when strongly stratified conditions prevent export and retain particles in the upper 

ocean for remineralisation. As such, stratification is found to be a highly significant 

regulator of nitrogen cycling in this environment. This study also documents sea ice 

organic matter enriched in the heavier nitrogen isotope, due to extensive 

remineralisation in the sea ice matrix, with implications for isotopic signatures in 

surface waters and the sinking flux. 
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4.2 Introduction 

 

4.2.1 The marine nitrogen cycle and isotope biogeochemistry 

The global marine nitrogen (N) cycle is regulated by biological and abiotic processes 

of input, removal and internal cycling between oceanic N reservoirs. Nitrogen is 

supplied to the marine environment by N fixation by diazotrophs in the warm 

subtropical ocean (Deutsch et al., 2007), terrestrial run-off (Zehr and Ward, 2002) 

and atmospheric inputs (Jickells, 2006). Nitrogen is lost from the marine 

environment through denitrification to N2 gas under low-oxygen conditions (<2 – 4 

µM dissolved O2) in the water column and underlying sediments (Brandes et al., 

2007 and references therein). The same authors review recent developments that 

have revealed that N can be lost via mechanisms different to the “canonical 

denitrification” described in suboxic environments, such as anaerobic ammonia 

oxidation (Anammox), oxygen-limited autotrophic nitrification-denitrification 

(OLAND), chemodenitrification and dissimilatory nitrate reduction to ammonium 

(DNRA).  

 

Inorganic nitrate (NO3
-), nitrite (NO2

-) and ammonium (NH4
+), dissolved organic 

nitrogen (DON), dissolved gases (N2, N2O) and particulate nitrogen (PN) constitute 

the reservoirs of oceanic nitrogen and internal cycling between these reservoirs 

determines the distribution of N species in the marine environment. Nitrate is the 

principal form of bio-available marine nitrogen and has a N isotopic signature 

(�15NNO3) of around 5 ‰ vs. air in the deep ocean (Sigman et al., 1999). Upwelling 

and vertical mixing transport this deep water nitrate to the ocean surface where it can 

be utilised by phytoplankton. This nitrate-based or “new” production has been shown 

to be quantitatively equivalent to organic material exported on large spatial and 

temporal scales and therefore holds important implications for drawdown of 

atmospheric CO2 (Dugdale and Goering, 1967; Eppley and Peterson, 1979). Nitrate 

utilisation by phytoplankton discriminates against 15N such that the isotopic signature 

of the particulate product (�15NPN) is always lower than that of the nitrate reactant 

and the residual nitrate pool becomes progressively enriched as it is utilised. The 

isotope effect of nitrate uptake is characterised by the fractionation factor (�), which 
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varies throughout the global ocean from 4 to 10 ‰ (Sigman et al., 2009). This 

isotope effect is fully expressed only in a closed system setting, where there is no 

new nutrient supply throughout the period of nitrate uptake and a constant isotope 

effect dictates that nitrate uptake adheres to Rayleigh fractionation kinetics (Mariotti 

et al., 1981). On the other hand, the isotope effect is underestimated under open 

system conditions, whereby steady state dynamics drive a linear increase in isotopic 

signature as utilisation proceeds (Sigman et al., 1999). Steady state dynamics reflect 

continuous nitrate supply, partial utilisation and a degree of export of residual nitrate 

that renders gross nitrate supply equal to the sum of biomass nitrogen produced and 

residual nitrate exported. This causes an underestimation of � due to resupply of 

isotopically light nitrate to the surface water system.  

 

Once assimilated, PN that is not exported may undergo remineralisation back to 

nitrate, via degradation of organic particles to ammonium, also possibly via DON, 

and subsequent nitrification. Like nitrate uptake, organic matter degradation also 

discriminates against the heavier isotope such that the residual organic matter is 

progressively enriched in 15N (Saino and Hattori, 1980; Altabet, 1988). Ammonium 

produced from microbial and heterotrophic PN degradation, as well as nitrite and 

DON, may be assimilated by phytoplankton. Because these compounds are released 

from preferential degradation of 14N and are consequently 15N-depleted compared to 

nitrate, their assimilation by phytoplankton would reduce �15NPN of total organic 

matter in surface waters (Altabet, 1988). However, assuming steady state conditions, 

ammonium recycling would not alter the �15NPN of sinking organic matter integrated 

over a complete annual cycle since ammonium is generated from nitrate, with no 

external source to or export of ammonium from the surface environment (Lourey et 

al., 2003). As such, ammonium recycling does not affect the isotope mass balance 

that exists between nitrate utilised and PN sinking out of the surface ocean on an 

annual basis. Assimilation of ammonium, nitrite and urea is termed “regenerated” 

production (Dugdale and Goering, 1967) and decouples the relationship between 

nitrate and phosphate in surface waters, such that the NO3
-:PO4

3- drawdown ratio 

falls below Redfield stoichiometry of 16:1 (Redfield et al., 1963).  
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4.2.2 Nitrogen cycling in the WAP marine environment 

Figure 4.1 presents a broad schematic of the marine N cycle pathways at the west 

Antarctic Peninsula (WAP). Since N fixation is a warm water process (Deutsch et al., 

2007; Brandes et al., 2007 and references therein), it does not play a role in 

regulating Southern Ocean nutrient budgets. The WAP ocean does not experience 

oxygen-depleted conditions (Carrillo et al., 2004) nor therefore significant 

denitrification. Whilst terrestrial run-off, atmospheric N deposition and air-sea 

exchange of N2O, N2 and NOx cannot be ruled out as sources of N to the marine 

environment, the importance of these processes is comparatively minor and the 

principal source of bio-available N to WAP ecosystems is upper circumpolar deep 

water (UCDW) from the Antarctic circumpolar current (ACC) (Prézelin et al., 2000). 

UCDW incurs onto the WAP continental shelf at the shelf break and is transported 

across the shelf to the coast by lateral advection, eddy variability, cross-shelf flow in 

deep troughs and upwelling processes (Martinson et al., 2008; Wallace et al., 2008). 

Nutrient resupply to the productive surface ocean is then regulated by interannual 

variability in the degree of upper ocean stratification (see Chapter 3). In Ryder Bay, 

this deep water nitrate supply drives intense biological production, the majority of 

which is “new production”, as demonstrated by an f-ratio showing nitrate uptake 

accounting for 71 to 88 % of total nitrogen uptake (Weston et al., submitted). The 

fact that ammonium-based production plays only a minor role is also described by 

NO3
-:PO4

3- utilisation ratios only slightly lower than Redfield stoichiometry (Chapter 

3). This intense biological production shows a strong seasonal cycle whereby winter 

production is very low due to light limitation, sea ice cover and deep mixing whilst 

high spring/summer production is driven by increased light availability and upper 

ocean stratification (Clarke et al., 2008; Venables et al., submitted). Particle flux 

shows similar seasonal variability such that, on average, ~85 % of the annual flux 

occurred over less than one third of the year in the spring-summer period between 

1992 and 2007 (Ducklow et al., 2008).  
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Figure 4.1. Schematic diagram of N cycling in the ocean and atmosphere at the WAP 

 

4.2.3 The fate of organic matter in the WAP marine environment 

The WAP has been described as a “high recycling, low export region” with only 4 % 

of surface production reaching sediment traps off Anvers Island between 1992 and 

2007 (Ducklow et al., 2008) and only 2 % in Ryder Bay between 2004 and 2007 

(Weston et al., submitted). This is conflicting with a high f-ratio, which should 

dictate that a large proportion of primary production is exported. However, in the 

Anvers Island study, an average export ratio (export flux/primary production over a 

given time interval*100) of 4 % masks variability from <1 to 50 % (Ducklow et al., 

2008). Further, sediment trap efficiencies may be diminished by current shear over 

the trap opening, bioturbation and/or solubilisation of particles (Buesseler, 1991; 

Gardner, 1999; Buesseler et al., 2007). Collection efficiency of the moored conical 

time-series trap at the Anvers Island site is thought to be ~10 – 20 %, which would 

increase the primary production reaching sediment traps to 20 – 40 %, which would 

be in closer agreement to an average export ratio for Antarctic coastal systems of 50 

% (Buesseler et al., 2007; Ducklow et al., 2008 and references therein). Although the 

2 % estimate for Ryder Bay, also using moored conical traps, is given confidence by 

generally low current speeds typically less than 10 cm. s-1 in the upper 100 – 200m 

and decreasing with depth (Wallace, 2008), annual flux calculations are an 

underestimate, since some sedimentation was missed and the trap funnel contained a 

significant amount of particulate matter that could not be accounted for (Weston et 

al., submitted). Using a surface-tethered drifting cylindrical trap and 234Th fluxes, 
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Buesseler et al. (2010) found a significantly higher export ratio for the WAP of 10 %, 

which is also likely to be an underestimate since it reflects a snapshot of conditions 

prior to the expected peak flux periods. Model estimates of export ratio range from 9 

to 50 % in the WAP region (Laws et al., 2000; Schlitzer, 2002; Daniels et al., 2006). 

Such higher estimates of export ratio would be in better agreement with high f-ratios 

calculated for Ryder Bay and the wider WAP region (see Chapter 3). Given the 

variability in these estimates, an assessment of the balance between export and 

surface ocean nitrogen cycling in determining the fate of organic material across 

different growing seasons is warranted. Even though trap fluxes do not appear to 

constitute a large percentage of primary production, marked interannual variability in 

export may be important in regulating the potential for carbon sequestration and flux 

to benthic ecosystems in this highly productive environment.  

 

4.2.4 Isotopic insights into N cycle processes in the WAP coastal ocean 

The objective of this study is to use N isotopic modelling and sample �15NPN data to 

elucidate qualitatively the relative importance of export vs. remineralisation of 

organic matter, under contrasting oceanographic conditions in the WAP surface 

environment. This approach relies on the isotopic imprint of these processes on PN. 

The �15NPN of fresh PN is reflective of the isotopic composition of nitrate assimilated 

and the fractionation factor (�), and can be modelled using the relevant conditions. 

The closed system model would be used if strong upper ocean stratification dictated 

that the surface ocean was isolated from underlying nutrient source waters, whereas 

the open system model would be more appropriate if stratification was weak and the 

surface ocean was well mixed and in open exchange with underlying waters. In both 

models, �15NPN is estimated from nitrate uptake alone, such that any deviation of 

surface water �15NPN from that modelled using the appropriate conditions would 

depict processes other than nitrate uptake impacting upon �15NPN. As described 

above, organic matter remineralisation and subsequent uptake of isotopically light 

ammonium would decrease �15NPN, so surface water �15NPN lower than modelled 

values would depict a role for ammonium-based production. �15NPN higher than 

modelled values would suggest that organic matter is decomposing, but the 

ammonium produced is not being assimilated by phytoplankton. In this case, 
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ammonium must be lost through mixing, lateral advective transport or nitrification. 

Agreement between model output and surface water data would suggest that �15NPN 

is only affected by nitrate utilisation, so PN is produced and exported isotopically 

unaltered by N cycling processes. Owing to intense pulses of summertime production 

and wintertime resetting of the biogeochemical system (Montes-Hugo et al., 2010), 

Antarctic growing seasons are isolated from each other in time, so that the processes 

at work in each one can be examined independently. In this study, N isotope 

systematics across five austral summer growing seasons in Ryder Bay are examined 

to elucidate the factors influencing �15NPN and consequently the relative importance 

of remineralisation, recycling and export of nitrogen under contrasting 

oceanographic conditions in the Antarctic coastal ocean.  

 

Data-model matching is first used to establish whether the surface water nitrogen 

system is regulated by open or closed system dynamics in each season, and therefore 

which model to use to examine remineralisation, recycling and export. �15NPN values 

for surface waters, sediment traps and core-top sediments are then compared to 

model output data to examine the role of these processes in determining the fate of 

organic matter in each season. A complete description of the rationale for these 

modelling approaches is given in the methods section along with model equations 

and input conditions. Comparisons of observational data to model output data are 

detailed in the results section and subsequently interpreted and discussed in the 

discussion section. In order to assess the robustness of the model interpretations, 

alternative explanations for the observed trends are also considered. Finally, the 

conclusions of these isotopic modelling studies are supported and reinforced by a 

substantial ancillary dataset from this study and the Rothera Oceanographic and 

Biological Time-Series (RaTS) programme of the British Antarctic Survey. This 

study also provides rare documentation of high �15NPN in sea ice in the coastal 

Southern Ocean, with implications for surface and sinking �15NPN and 

paleoceanographic reconstructions of changes in sea ice extent. 
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4.3 Methods 

 

4.3.1 Water sampling 

This study takes place over five austral summer seasons between 2004 and 2010 in 

Ryder Bay, northern Marguerite Bay, at the WAP. Physical oceanographic data used 

here are exactly the same as used in Chapter 3. Sample collection, processing, 

analysis and data quality checks for the concentration and N-isotopic composition of 

nitrate and particulate nitrogen, and concentration of particulate organic carbon are 

also identical to those detailed in Chapter 3. Additional samples were taken for 

�
15NNO3 and [NO3

-] from full-depth profiles during summers 2004/5, 2008/9 and 

2009/10 in order to obtain representative values of the nutrient source waters, and 

therefore initial conditions, in Ryder Bay. Ammonium concentration ([NH4
+]) is 

measured at 15 m water depth year-round by the RaTS sampling programme, 

according to the method outlined in Chapter 2 (Clarke et al., 2008).  

 

4.3.2 Sea ice sampling 

Sea ice brine was sampled at locations in and around Ryder Bay, according to the 

availability of ice. Samples taken in December 2004 were from land-fast ice adjacent 

to Lagoon Island, samples from September and October 2005 were taken at the 

routine RaTS site and those taken in November and December 2005 were from 

Hangar Cove to the northeast of Ryder Bay (Fig. 4.2). Spatial variability is not 

accounted for directly in this study, but is assumed not to be significant for the 

purposes of comparing N isotope systematics in surface waters and sea ice, 

comparisons which remain robust across all three sampling locations. Sea ice brine 

was sampled using a sack hole drilling method, in which brine was transferred to 

acid-clean HDPE carboys. Salinity and temperature were measured in the sack hole 

using a YSI multi-parameter meter. Samples were transported to the laboratory in the 

dark, and processed within two hours of sample collection. Samples for [NO3
-], 

�
15NNO3, [PN] and �15NPN were processed and analysed using identical methods as 

used for seawater samples and presented in Chapter 3.  



Henley, 2012 

 95 

 

Figure 4.2. Map of Ryder Bay showing sea ice sampling locations: the routine RaTS 

sampling site (white circle), Lagoon Island and Hangar Cove (black circles). Inset 

shows position of Ryder Bay on the west Antarctic Peninsula. Maps courtesy of the 

British Antarctic Survey and adapted from Clarke et al. (2007, 2008). 

 

4.3.3 Sediment trap and surface sediment sampling 

A sediment trap mooring array was deployed at the RaTS site to catch sinking 

particles for �15NPN analysis and flux calculations, concurrent with the time series 

water sampling programme. The mooring consisted of two time-series sediment traps 

at 200 m and 512 m, each of which consisted of 21 rotating cups programmed to 

rotate at predefined intervals. Cup turnover times were shorter giving higher 

resolution during periods of potential sea ice melt and the spring bloom, whilst lower 

resolution cup rotation was used during the low flux winter periods. The sediment 

trap mooring array was deployed from January 2005 to March 2006. Upon recovery, 

all sediment trap bottles were removed and replaced, and the mooring redeployed.  
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Prior to deployment, each cup was filled with filtered seawater spiked with an extra 5 

‰ NaCl in order to increase its density and prevent mixing with the overlying 

seawater. Finally, cups were spiked with formaldehyde to give an overall 

concentration of 2 % (v/v) to prevent bioturbation, by killing swimmers and stopping 

biological activity. Formaldehyde-preservation of sediment trap material is widely 

used (Thunell et al., 2000; Struck et al., 2004; Mincks et al., 2008) and does not alter 

�
15NPN over the timescales relevant to this study (Altabet, 2001). 

 

Box core samples were taken at the RaTS site in January 2005 aboard R.R.S. James 

Clark Ross. The box core was taken and then four sub-cores of approximately 30cm 

were taken by pushing plastic sleeves through the box core. Core-top samples were 

collected from the top two 0.5 cm intervals from each sub-core. 

 

4.3.4 Flux determinations and sediment �15NPN analysis 

Measurement and calculation of sediment trap fluxes are detailed in full in Weston et 

al. (submitted), and summarised here. After recovery of the sediment trap mooring 

arrays, the solution in each sample cup was allowed to settle, the supernatant 

siphoned off and the swimmers removed manually using HCl-cleaned plastic forceps 

and a x10 dissecting binocular microscope. To determine the weight of dry flux, the 

whole sample or a subsample of known fraction of the total was filtered onto a 

preweighed polycarbonate filter and rinsed with borate-buffered (pH 8 – 8.5) 

ultrapure water. Filters were dried at 60 ˚C overnight and weighed the following day. 

Total daily mass flux was calculated by scaling to whole samples, if a subsample was 

used, and dividing dry weight by the number of days in the sampling period. For 

POC and PN analysis, sample cups were split into 10 fractions using a rotary splitter 

at the National Oceanography Centre (NOC), Southampton, UK.  

 

One fraction from each sediment collection cup was washed, freeze-dried and ground 

for POC and PN analysis and one for �15NPN. POC and PN analysis for flux 

determinations were conducted at the University of East Anglia (Weston et al., 

submitted), whilst isotopic analyses were performed at the University of Edinburgh. 

10 mg aliquots of these sediment fractions were weighed into silver capsules for each 
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analysis. Duplicate aliquots for POC and PN analysis were acidified with 8 % 

sulphurous acid to remove inorganic carbon and redried. Samples were analysed on a 

Carlos Erba CHNS-O EA1108 Elemental Analyser, for which analytical uncertainty 

is ± 0.4 % for POC and ± 1.3 % for PN. Duplicate freeze-dried samples for isotopic 

analysis were acidified with 5 % HCl to remove carbonates, dried at 60 oC overnight 

and analysed for �15NPN using a VG PRISM III isotope ratio mass spectrometer. 

Core-top samples from one sub-core of the box core were prepared and analysed for 

�
15NPN in the same way as the sediment trap cup fraction. 

 

Sediment samples for analysis of biogenic opal were freeze-dried, crushed and re-

equilibrated with atmosphere at room temperature. Samples were treated with 10 % 

H2O2 and 10 % HCl to remove carbonates and organic matter and then sonicated, 

milli-Q water added, centrifuged and the supernatant removed. After drying in an 

oven for 24 hours, samples were treated with 2M Na2CO3 solution, sonicated and 

placed in a hot water bath at 85 ˚C for 5 hours. Samples were remixed after 2 and 4 

hours and finally centrifuged after 5 hours. 20ml of the clear supernatant was stored 

for analysis. Samples were subsequently diluted with milli-Q water, treated with 

analytical reagents and analysed by spectrophotometry at 815 nm wavelength. The % 

Si measurement was converted to % opal using % opal = 2.4 x % Si. POC, PN and 

opal fluxes were then calculated by multiplying total daily mass flux by % mass of 

each constituent from elemental analyses. 

 

4.3.5 Isotopic modelling – open vs. closed system 

In order to determine whether N isotope biogeochemistry is controlled by closed or 

open system dynamics, sample �15NNO3 and �15NPN data from each season are 

compared to N isotopic evolutions of nitrate and particulates from both open and 

closed models (Sigman et al., 1999) using a constant isotope effect (�) of 4 ‰. This 

value for � was chosen as it is within the range of published values for the Southern 

Ocean (4 – 8 ‰, Sigman et al., 1999; Altabet and Francois, 2001) and specifically 

the east Pacific sector of the Antarctic zone (4 – 5 ‰, Sigman et al., 1999), and gives 

the best fit to sample data. Use of this value is further validated by estimations of true 

� = 4.3 ‰ during short-lived closed system conditions in summer 2004/5 (see 
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Chapter 3). The tendency towards lower values in the range of published � may 

represent a contribution from haptophytes and/or prymnesiophytes, both of which 

yield � estimates around 4 ‰ or less in culture experiments (Montoya and McCarthy, 

1995; Waser et al., 1997). 

 

In the closed system model �15NNO3 is defined by Rayleigh fractionation kinetics 

(Equation 4.1). �15NPN of organic material produced instantaneously and exported 

efficiently from the surface is defined by the instantaneous product equation (Eq. 

4.2). The accumulated product equation (Eq. 4.3) integrates �15NPN of organic matter 

accumulated over the course of the growing season such that measured �15NPN at any 

point in time records all particulate organics accumulated since the onset of the 

bloom. 
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In the open system model, �15NNO3 is defined by Equation 4.4 and the uptake of this 

nitrate at steady state dictates �15NPN according to Equation 4.5. 
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Input conditions for the initial concentration of nitrate ([NO3
-]ini) and its isotopic 

composition (�15NNO3 ini) are variable between seasons covered in this study (Table 

4.1). Nitrate concentrations are taken from time-series data at the 15m sampling 

depth prior to the onset of primary production in each growing season and are in 

agreement with available deep water values. The �15NNO3 ini value used for 2004/5, 

2008/9 and 2009/10 was the average deep water value in each season and each was 

in agreement with the corresponding 15m time-series value prior to the onset of 

phytoplankton growth, as used for [NO3
-]ini. For 2005/6 and 2006/7, deep water 

isotopic data are not available, so �15NNO3 ini is the lowest value at the 15m sampling 

depth prior to the onset of primary productivity, concurrent with the maximum 

concentration used for [NO3
-]ini, which was also representative of the average winter 

value. �15NNO3 ini values for 2004/5, 2006/7, 2008/9 and 2009/10 are all in agreement 

with published values for UCDW (4.8 ‰, Sigman et al., 1999), the known source 

water mass to this region (see Chapter 3). An isotopically lighter nitrate source in 

2005/6 is likely a result of some degree of ammonium recycling following an earlier 

bloom further upstream in the regional circulation system, since the bloom in Ryder 

Bay was delayed relative to other years by later sea ice retreat.  

 

Surface water �15NNO3 and �15NPN data for each season are compared by regression 

analysis to model output under closed and open system conditions, in order to 

determine which model gives the best fit to measured values and is therefore most 

applicable to the upper ocean ecosystem in each season.  

 

 [NO3
-]ini (µmol/L) �

15NNO3 ini (‰ AIR) 

2004/5 27.7 4.8 

2005/6 33.7 4.4 

2006/7 20.0 4.9 

2008/9 23.7 4.8 

2009/10 31.7 4.9 

Table 4.1. Initial concentration and isotopic signature of nitrate used in isotopic 

modelling for each growing season. Full justifications of the choice of values are 

given in the text. 
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4.3.6 Isotopic modelling – export vs. remineralisation 

The relative importance of remineralisation, ammonium recycling and grazing vs. 

export can be determined by comparing sample �15NPN data to those predicted using 

the model pertinent to upper ocean conditions in each growing season (Lourey et al., 

2003). Both the closed and open models describe nitrate assimilation by 

phytoplankton as the single control on �15NPN, with PN being exported from the 

system isotopically unaltered. As such, measured �15NPN values in agreement with 

those modelled for a given season implicate adherence to mass balance and are 

indicative of nitrate assimilation alone affecting �15NPN, thus export can be 

considered the dominant PN loss mechanism in that season. Any deviation of �15NPN 

from model output data is driven by processes impacting upon organic material once 

assimilated, namely remineralisation, grazing and potential summertime ammonium 

recycling. Measured surface values falling below the model evolution suggest that 

isotopically light ammonium is being released from PN, possibly enhanced by 

zooplankton grazing, and subsequently assimilated into organic matter. This 

recycling process retains isotopically light N in the surface ocean, whilst particle 

export removes relatively 15N-enriched organic nitrogen. Measured values higher 

than those modelled implicate preferential remineralisation of 14N by bacterial 

decomposition leaving residual organic matter enriched in 15N, with no subsequent 

biological ammonium uptake. Ammonium released during decomposition must then 

be lost from the mixed layer by mixing, lateral transport and/or nitrification under 

low-productivity conditions. 

 

According to isotopic mass balance, the �15N of organic material produced over a 

growing season is equal to the �15N of the total nitrate consumed. As such, if it is 

assumed that there is no isotopic alteration on sinking from the euphotic zone, then 

flux-weighted seasonal average �15NPN in sediment traps would be equal to that 

predicted from total season nitrate drawdown, which reflects the �15N of the total 

nitrate consumed, only if mass balance is adhered to and therefore nitrate 

assimilation and export are the dominant N biogeochemical processes. Sediment trap 

data are only available for summers 2004/5 and 2005/6, so concentration-weighted 

seasonal average �15NPN in surface waters is used as a best estimate of �15NPN of total 
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organic matter produced over each growing season. For 2004/5 and 2005/6, weighted 

average values in surface waters and sediment traps are compared and the 

implications of this for elucidating the fate of organic material discussed. Over a 

complete annual cycle, remineralisation and ammonium cycling would not modify 

integrated �15N of total PN produced because ammonium is generated from nitrate 

and therefore there is no external source or export of ammonium from surface waters 

(Lourey et al., 2003). However, seasonally-integrated �15NPN values presented here 

depict spring and summer only and are not therefore representative of the full annual 

cycle. As with individual samples, lower seasonal average �15NPN in surface waters 

and sediment traps than modelled using total nitrate drawdown suggests a role for 

ammonium recycling, due to preferential surface ocean recycling of 14N. Similarly, 

higher seasonal average �15NPN implicates post-production particle remineralisation 

with no subsequent ammonium uptake by phytoplankton.  

 

4.4 Results 

 

4.4.1 Surface water time-series data 

Surface water nitrate concentration ([NO3
-]) shows a seasonal pattern of high values 

in winter and lower values in summer due to biological drawdown (Fig. 4.3a). 

Winter concentrations are generally 25 to 35 µmol/L and decrease to <10 µmol/L 

during summer. [NO3
-] and �15NNO3 show a negative relationship such that any 

drawdown of [NO3
-] corresponds to an increase in �15NNO3 and any increase in  

[NO3
-] drives a decrease in �15NNO3. Over the course of the study period, surface 

water �15NNO3 varies between 4.4 ‰ at the end of summers 2004/5 and 2008/9 and 

11.4 ‰ during the peak productivity periods of 2004/5 and 2006/7. Surface water PN 

concentration shows an opposite seasonal cycle to nitrate, such that PN is low in 

winter (<1.0 µmol/L) and high during the summer phytoplankton bloom, when it 

reaches >10 µmol/L in most years (Fig 4.3b). �15NPN shows broad coherence with 

[PN] and �15NNO3 such that �15NPN is higher when [PN] is higher, nitrate drawdown 

is greater and so �15NNO3 is higher. Minimum �15NPN over the study period (-2.1 ‰) 

is observed during summer 2008/9, whilst maximum �15NPN of 6.2 to 6.5 ‰ is 

observed during the peak productivity periods of 2004/5 and 2006/7, in agreement 
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with highest �15NNO3. These isotopic relationships with nitrate utilisation are 

examined in more detail in the following sections. Surface water ammonium 

concentration ([NH4
+]) shows a different seasonal cycle of being low (<0.5 µmol/L) 

during spring and early summer, then increasing to maximum values in autumn (Fig 

4.3c). The maximum value observed was 10.45 µmol/L in autumn 2006, but this is 

an extreme value and seasonal maximum values are normally 5.0 to 7.5 µmol/L.
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4.4.2 Sea ice time-series data 

A small number of sea ice samples from spring and early summer 2004/5 and 2005/6 

show different temporal patterns in concentrations and isotopic signatures of nitrate 

and PN to those observed in surface waters (Fig. 4.4). �15NNO3 in sea ice shows 

slightly less variability than in surface water values over the course of a season, and 

sea ice values are consistently lower between 0.3 and 5.9 ‰ (Fig. 4.4a). In December 

2004, sea ice �15NNO3 undergoes a rapid negative shift from 5.9 to 2.9 ‰ and then 

recovers to 4.4 ‰ by the time sea ice retreats from Ryder Bay. In contrast, the small 

number of sea ice �15NNO3 values from November 2005 are significantly lower (0.6 ± 

0.3 ‰) than both 2004 sea ice values and contemporaneous seawater values. �15NPN 

shows a similar range in sea ice and surface waters, but values are generally higher in 

sea ice at 2.8 to 9.7 ‰ (Fig. 4.4a). The notable exception to this is in early spring 

2005/6, when surface water PN is more 15N-enriched than contemporaneous sea ice 

values. Sea ice �15NPN shows an increase over December 2004 from 6.8 to 8.8 ‰ 

until a rapid drop to 6.4 ‰ just prior to sea ice retreat. These values are all 

significantly higher than contemporaneous sea water values. Over the longer sea ice 

sampling period in early summer 2005/6, sea ice �15NPN shows a steady increase 

from 2.8 ‰ in early September to 9.7 ‰ just prior to sea ice retreat on 25th 

December. Importantly, sea ice �15NPN is consistently higher than �15NNO3 in both 

years, which is contrary to the relationship expected from preferential uptake of the 

lighter isotope.  

 

There is no inverse relationship between �15NNO3 and nitrate concentration in sea ice 

(such that can be seen in surface water data; Fig. 4.3a), and [NO3
-] is generally low 

(5.0 – 12.2 µmol/L in December 2004, 1.5 – 12.9 µmol/L in 2005; Fig. 4.4b). The 

only exception to this is a short-lived peak in sea ice [NO3
-] to 21.6 µmol/L, which is 

equal to the concurrent surface water value, in late-November 2005. PN 

concentration shows similar amplitude variability to surface water values over the 

study period (2.1 – 9.4 µmol/L; Fig. 4.4c). [PN] shows a rapid decline from 9.4 

µmol/L in early December 2004 to 4.1 µmol/L just prior to sea ice retreat. In spring-

early summer 2005/6 [PN] shows a statistically significant yet weak relationship with 

�
15NPN (r2 = 0.472, p = 0.028, data not shown). In concert with the steady increase in 
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�
15NPN, [PN] shows a gradual decrease from 4.6 µmol/L in mid-September to 2.1 

µmol/L in December 2005 just prior to sea ice retreat. 

 

Figure 4.4. Time-series data for a) �15NNO3 and �15NPN, b) [NO3
-] and c) [PN] in sea 

ice and surface waters when sea ice was present in or around Ryder Bay during early 

summer 2004/5 and spring-early summer 2005/6. x-axis scaling is the same 

throughout and reflects the longer sampling period in spring-summer 2005/6. 

 

4.4.3 Isotopic modelling: open vs. closed models for sea water �15NPN and 
�

15NNO3 

 
Figure 4.5 shows �15NNO3 and �15NPN data plotted against [NO3

-] for each growing 

season. Red and blue lines show modelled isotopic evolutions for �15NNO3 and �15NPN 

under closed and open conditions, and r2 values describe the relationship between 

sample data and the model to which they demonstrate the best fit, as identified on 

each plot. r2 values were calculated for each data series-model combination from the 

sum of squares of residuals for each data point in the series (model value – data 

value) and the total sum of squares for the data series. The model giving the best fit 

to each data series, i.e. maximising r2, was then chosen to best represent upper ocean 

conditions during the relevant season. Regression analysis of measured �15NNO3 and 

�
15NPN vs. model output data shows that surface waters in summers 2004/5, 2005/6, 

2006/7 and 2009/10 are all best described by “open system” dynamics. �15NNO3 data 

from 2009/10 show the best fit to the open system model (r2 = 0.78, p <0.001), so the 
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surface environment in 2009/10 was closest to truly “open system” conditions. 

�
15NPN data from 2009/10 also show the best fit to the open system model of all 

seasons studied (r2 = 0.53, p <0.001), in agreement with �15NNO3. �
15NNO3 data from 

2005/6 show a good fit to the open system model (r2 = 0.66, p <0.001), whereas 

�
15NPN data do not show a good agreement with either model. In 2004/5 and 2006/7, 

isotopic data were closer to open system than closed system models, but with more 

variability than 2009/10 or 2005/6. �15NNO3 data show statistically significant 

relationships with open system model output data for both seasons, but the 

relationship for 2004/5 was stronger (r2 = 0.47, p <0.001) than for 2006/7 (r2 = 0.24, 

p = 0.006). �15NPN data from 2004/5 and 2006/7 show better agreement with the open 

system model than the Rayleigh model, but there is substantial variability around 

both trends (e.g. r2 = 0.16 in 2004/5). In 2008/9, low productivity and nitrate 

drawdown caused neither �15NNO3 nor �15NPN to show a relationship with [NO3
-] or 

therefore a good fit to either model. The isotopic relationships described here show 

that in all seasons studied surface waters are closer to “open system” conditions, in 

which nutrients are resupplied to the surface ocean throughout the period of nitrate 

uptake. This is in agreement with calculations of � from surface water and depth 

profile data in Chapter 3. It is therefore assumed that 2008/9 is also regulated by 

open system dynamics, in agreement with the rest of the time-series between 2004 

and 2010. When comparing measured �15NPN data against model output to determine 

the importance of export vs. remineralisation, all seasonal data are compared to 

values predicted using the “open system” model (Equation 4.5), in agreement with 

the prevalent surface ocean conditions throughout the study period. 
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4.4.4 Isotopic modelling: Individual and seasonal average �15NPN vs. model 
output 

Figure 4.6 shows �15NPN data plotted against [NO3
-] for each growing season 

compared to the isotopic evolution predicted using the open system model (Equation 

4.5), an isotope effect of 4 ‰ and initial [NO3
-] and �15NNO3, as per Table 4.1. Black 

stars show the �15N of nitrate utilised in surface waters, which was estimated for each 

season from the model and relative nitrate utilisation calculated using total nitrate 

uptake/total nitrate input * 100 (see Chapter 3 for a full explanation of these 

calculations). This percent utilisation was then converted to ambient concentration 

using the initial value for [NO3
-], for input to the model and calculation of �15N. 

Assuming that mass balance holds, this �15N value of nitrate consumed will be equal 

to the value of total PN produced, such that comparison of this modelled value with 

concentration-weighted seasonal average �15NPN in surface waters and flux-weighted 

seasonal average �15NPN at 200m will reveal the degree of adherence to mass balance 

and consequently the main N cycle processes at work. Red triangles depict 

concentration-weighted seasonal average �15NPN in surface waters and open squares 

show flux-weighted seasonal average �15NPN at 200m. The position of these points 

along the x-axis (nitrate concentration) is also dictated by relative nitrate utilisation, 

as above. These �15N values as well as flux-weighted average �15NPN in the 512m 

sediment trap, core-top �15NPN and relative nitrate utilisation in each growing season, 

are summarised in Table 4.2. Individual measured surface water �15NPN values show 

considerable variability around modelled values in 2004/5, 2005/6 and 2006/7, but 

mostly lie above the modelled open system evolution. In contrast, 2009/10 data show 

a good relationship with model output and 2008/9 data consistently fall below the 

open system trend. This is in broad agreement with seasonal average data, although 

some important variability exists. 
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 �
15NPN 

surface 
water (‰) 

�
15NPN 

200m 
trap (‰) 

�
15NPN 

512m 
trap (‰) 

�
15NPN 

core-
top (‰) 

�
15NPN 

open 
(‰) 

Rel. [NO3
-] 

utilisation 
(%)  

2004/5 4.2 4.2 4.2 4.3 4.3 88 

2005/6 4.4 3.9 3.2  4.1 93 

2006/7 5.1    4.9 99 

2008/9 0.7    3.4 65 

2009/10 3.9    

 

4.4 88 

Table 4.2. Concentration-weighted seasonal average �15NPN in surface waters, flux-

weighted seasonal average �15NPN in sediment traps at 200m and 512m, �15NPN in 

core-top sediments, �15N of total PN produced predicted from the open system model 

and relative nitrate utilisation used to predict �15NPN. Calculation of relative nitrate 

utilisation is described in full in Chapter 3. 

 

In 2004/5, seasonal average surface water (4.2 ‰), sediment trap (both 4.2 ‰) and 

core-top �15NPN values (4.3 ‰) are all in agreement internally and with the modelled 

value based on relative nitrate utilisation of 88 % (4.3 ‰). In 2005/6 �15NPN shows a 

gradual decrease from the surface to the deeper sediment trap, such that 

concentration-weighted surface water �15NPN (4.4 ‰) is higher than the modelled 

value based on seasonal nitrate drawdown of 93 % (4.1 ‰). �15NPN in the 200m 

sediment trap (3.9 ‰) is slightly lower than the predicted value, but close to 

analytical error of <0.2 ‰, whilst the 512m trap value is significantly lower (3.2 ‰). 

The gradual depletion in �15NPN down-depth in the water column is of concern and 

suggests that �15NPN may not be faithfully preserved in sinking particles, and 

therefore flux-weighted seasonal average �15NPN in sediment traps may not be 

representative of total organic matter produced during summer 2005/6. Alternatively, 

concentration-weighted surface values could be biased towards higher �15NPN by 

some additional process occurring before organic material sinks, and therefore may 

not be representative of total organic matter. This would not, however, explain the 

continued isotopic depletion between shallow and deep sediment traps. It is likely 

therefore that concentration-weighted surface �15NPN provides a more realistic 

estimate for total PN produced, and the broad agreement between �15NPN in the 200m 

sediment trap and the modelled value is probably coincidental. This is given further 

consideration in the discussion that follows. Sediment trap data are not available for 
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seasons 2006/7, 2008/9 and 2009/10 and core-top data are only available for 2004/5. 

However, core-top �15NPN is not likely to vary from year to year, so 4.3 ‰ can be 

taken as a representative value in this environment. Concentration-weighted average 

surface water �15NPN (5.1 ‰) is slightly higher than the modelled value for 2006/7 

when nitrate utilisation was 99 % (4.9 ‰). However, 2006/7 was a short sampling 

season, so seasonal average data may be slightly biased towards mid-season high 

productivity, high �15NPN conditions, and therefore modelled and observed �15NPN 

values are considered to be in agreement. Seasonal average surface water �15NPN for 

2008/9 (0.7 ‰) is especially low compared to the rest of the time-series and 

significantly lower than the model estimate based on relative nitrate utilisation of 65 

% (3.4 ‰). Seasonal average �15NPN was also lower than expected in 2009/10, but 

the offset was significantly smaller than for 2008/9 (3.9 ‰ observed vs. 4.4 ‰ 

modelled for 88 % nitrate utilisation). The nature of these relationships is given due 

consideration in the discussion that follows. 

 

4.4.5 Sediment trap fluxes 

Table 4.3 shows total daily mass flux and daily fluxes of particulate organic carbon, 

opal and nitrogen in the shallow and deep sediment traps for 2004/5 and 2005/6. 

Although these data are likely to be underestimates due to low sediment collection 

efficiencies of moored conical traps, they provide a useful constraint on interannual 

flux variability. Fluxes are significantly larger across the full depth range in 2004/5. 

At 200m, 2004/5 fluxes were 1.8 to 3.2-fold higher than the equivalent values for 

2005/6, whereas in the 512m trap, fluxes were 5.8 to 8-fold higher than in 2005/6. It 

is important to note that the sampling window for summer 2005/6 ends on 3rd March 

and therefore some of the phytoplankton bloom material may have been missed, 

since surface water [PN] was high until the end of February. However, the magnitude 

of fluxes described here are in agreement with Weston et al. (submitted) and show 

that sinking fluxes were considerably smaller in 2005/6 than in 2004/5. 
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 Total flux 
mg/m2/day 

C flux 
µmol/m2/day 

Opal flux 
µmol/m2/day 

N flux 
µmol/m2/day 

2004/5 200m 5164.8 12348.3 11877.7 1560.2 

 512m 3268.1 7089.4 4093.9 923.1 

 

2005/6 200m 2936.4 3879.0 No data 542.9 

 512m 478.5 891.5 690.9 125.7 

Table 4.3. Sediment trap flux data from 200m and 512m traps in 2004/5 and 2005/6. 

 

4.5 Discussion 

 

4.5.1 Open vs. closed system regulated by upper ocean stratification 

Surface water N isotopic data from all seasons studied show closer agreement to the 

open system model, such that exchange between surface and underlying waters 

permits nutrient resupply to, and particle export from, the surface environment. This 

is consistent with estimations of � in Chapter 3 depicting nutrient resupply during the 

period of nitrate uptake in all seasons, and not therefore being the true � of nitrate 

uptake. Agreement of sample isotopic data to model output data when a more 

accurate estimate of true � (4 ‰) is used, and therefore the extent of this vertical 

exchange, varies between seasons and is largely controlled by density-driven upper 

ocean stratification (Fig. 4.7). The best data-model fit observed in 2009/10 describes 

open exchange between surface and deeper waters, which facilitates nutrient 

resupply and particle export. Density data clearly show a well-mixed upper ocean 

conducive to this exchange. Although there is no relationship between [NO3
-] and 

�
15NPN or �15NNO3 during summer 2008/9, density data show that upper ocean 

conditions were similar to those in 2009/10. The similarity in water column density 

structure in both seasons and the fact that 2009/10 was regulated by open system 

conditions would suggest that the surface ocean was also an open system in 2008/9. 

The greater variability observed in isotopic signatures during summers 2004/5 and 

2006/7 than in 2009/10 is explained by fresher surface waters and more stratified 

conditions. During these years, the surface environment is an open system over the 

course of the growing season, but brief periods of greater stratification are more akin 

to closed system conditions and therefore move isotopic data towards the closed 

system trend. This is consistent with high-amplitude variability in [NO3
-] and 



Henley, 2012 

 113 

�
15NNO3 depicting pulsed deep water inputs and rapid drawdown in both seasons, and 

therefore rapid switching between open and closed system conditions. It is perhaps 

surprising that �15NNO3 data from summer 2005/6 show a good relationship with the 

open system model, given that density data show the most stratified conditions of all 

seasons studied. In agreement with Chapter 3, this shows that on a seasonal basis, 

stratification does not preclude nutrient inputs to the surface ocean by vertical mixing 

across the pycnocline, even under the most stratified conditions observed during 

summer 2005/6, and this could be attributable to shoaling of the UCDW, which 

would enhance exchange with surface waters. However, during short time periods of 

greater stratification (6th to 19th January and 20th to 27th February 2006), exchange 

with underlying waters is reduced, so �15NNO3 data points deviate from the open 

model and approach the closed system trend (Fig. 4.5). This is consistent with the 

switching between closed and open systems in summers 2004/5 and 2006/7, and 

further shows that whilst open system conditions are more prevalent overall, brief 

episodes of greater stratification adhere to the closed system model. Since 2005/6 

was the most stratified season, deviation from the open system model was the most 

systematic and reflected a greater persistence of closed system conditions than for 

other seasons. Nevertheless, data from all seasons show a better overall fit to the 

open system model and reflect nutrient resupply to the mixed layer during the period 

of nitrate uptake, such that nutrients do not become limiting in surface waters during 

this study (see also Chapter 3). As such the open system model is used to examine 

�
15NPN in the following discussion. Variability in stratification described here is in 

agreement with Venables et al. (submitted) who show an index of stratification in 

Ryder Bay based on the negative of the potential energy anomaly (Simpson et al., 

1978). 
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Figure 4.7. Contour plots of upper ocean density (top 200m) in kg. m-3, for summers 

(a) 2004/5, (b) 2005/6, (c) 2006/7, (d) 2008/9 and (e) 2009/10. Warmer colours 

depict higher density, whilst cooler colours depict lower density. 

 

4.5.2 Controls on �15NPN and implications for the fate of organic material 

�
15NPN provides an integrative signal of nitrate utilisation, organic matter 

remineralisation and particle export. Once organic matter is produced, �15NPN is 

reduced by preferential degradation of 15N-depleted organic matter and subsequent 

recycling of isotopically light ammonium by phytoplankton, and/or export of 

partially-degraded and therefore relatively 15N-enriched particles. On the other hand, 

�
15NPN is increased by preferential remineralisation of 15N-depleted organic material 

with no subsequent ammonium uptake when ammonium is removed by an alternative 

mechanism.  
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4.5.3 High �15NPN in sea ice brine 

Sea ice �15NPN is shown to be significantly higher than surface water values in Ryder 

Bay and importantly, higher than co-occurring �15NNO3 in sea ice brine. Because this 

is at odds with phytoplankton assimilation of the lighter nitrate N isotope, it suggests 

that nitrate and PN in the sea ice brine are not in equilibrium. This is consistent with 

the sea ice matrix acting as a semi-closed system susceptible to flushing by seawater 

and recharge by seawater macronutrients. Further evidence for occasional flooding of 

the sea ice matrix by seawater nitrate is provided by the occasional convergence of 

sea ice and surface water [NO3
-]. The effect of this flushing mechanism appears to 

exert a less important influence on particulate constituents residing in brine channels. 

High �15NPN in sea ice brine would be consistent with the strong nutrient depletion 

and consequent nitrate-stressed synthesis of organic matter frequently documented in 

sea ice ecosystems (Gleitz et al., 1995; Kennedy et al., 2002). However, this is 

unlikely to be the causative mechanism in Ryder Bay, due to the semi-closed nature 

of the sea ice ecosystem open to nutrient replenishment from underlying seawaters. If 

nitrate-limitation was occurring, �15NNO3 would be very high to accompany low 

[NO3
-]. Sea ice production can become nutrient-limited when sea ice is less porous 

and 15N-enriched nitrate can be flushed out subsequently such that no signature is left 

in �15NNO3, but this is highly unlikely here since sea ice would only behave as a 

closed system in the winter months when production is limited by low light 

availability. In any case, previously nitrate-limited conditions would not explain high 

and increasing sea ice �15NPN concurrent with low �15NNO3 during the spring and 

early summer periods examined here. High sea ice �15NPN is most likely indicative of 

extensive remineralisation within the sea ice matrix without subsequent assimilation 

of ammonium released from degrading particles. This would be in agreement with 

high levels of ammonium and dissolved organic nitrogen in a number of sea ice 

ecosystems, which all implicate active remineralisation processes (Thomas et al., 

2001 and references therein). The argument for extensive remineralisation exerting 

the principal control on sea ice �15NPN is given further weight by the coincidence of 

15N-enrichment and declining concentration of PN over the majority of both 

sampling periods. If reductions in [PN] were simply due to release to the underlying 

water column, �15NPN of organic material remaining in the sea ice would show 
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negligible change, or may decrease due to the preferential release of isotopically 

heavier particles. Nitrification of isotopically light ammonium, in the absence of 

biological recycling, would also explain why sea ice �15NNO3 is significantly lower 

than values in surface waters from which sea ice formed. Episodic flooding events 

may drive a repeating cycle of nitrate utilisation followed by particle degradation, 

which would explain why �15NPN is so high and �15NNO3 is so low. 

 

4.5.4 The fate of organic material in the surface ocean, as controlled by 
stratification 

In the open surface water system, the relative importance of the processes 

influencing �15NPN is different to that found in the semi-closed sea ice environment, 

as shown by comparison of surface water, sediment trap and core-top sediment data 

to output data for open system isotopic models (Fig. 4.6). Comparison of individual 

measured surface water values reveals that �15NPN falls above the open system trend 

on a regular basis in 2004/5, 2005/6 and 2006/7. The four points plotting furthest to 

the right in the 2005/6 plot represent samples taken when sea ice was still present in 

Ryder Bay, and are therefore likely influenced by 15N-enriched sea ice-derived PN. 

All other high �15NPN values correspond to high productivity periods throughout the 

study and provide support for remineralisation of organic material whenever it is 

available. The short-lived bloom in summer 2009/10 does not appear to undergo 

remineralisation in the same way.  

 

Concentration-weighted average �15NPN for summer 2005/6 is slightly higher than 

the modelled value based on nitrate uptake and export only. This is in agreement 

with the majority of individual surface water values plotting above the model line 

and suggests a role for particle remineralisation, without subsequent ammonium 

recycling, in this most stratified season. Phytoplankton preferentially assimilate 

ammonium over nitrate, so in order for ammonium not to be taken up after release 

from decaying particles, either phytoplankton must not be producing or ammonium 

must be removed by an alternative mechanism. Timing of competing processes then 

becomes crucial to the functioning of the marine nitrogen cycle in this environment. 

Large ammonium fluxes only occur towards the end of the 2005/6 growing season 



Henley, 2012 

 117 

once the phytoplankton bloom is in decline (Fig. 4.3). As such, only a small amount 

of ammonium is taken up by phytoplankton, in agreement with the minor role for 

ammonium-based production inferred from an f-ratio of 0.71 – 0.88, and most of the 

ammonium produced accumulates in the surface ocean. Over the low productivity 

autumn and winter months, nitrifiers are able to out-compete phytoplankton such that 

ammonium is lost by nitrification. This mechanism would give rise to an isotopically 

light nitrate pool, so that low �15NNO3 during winter would corroborate the role of 

nitrification; however, winter data are not available to confirm this assumption. 

Nevertheless, available data suggest that surface ocean particle remineralisation, with 

subsequent nitrification of ammonium rather than phytoplankton uptake, is most 

intensive under the most stratified conditions of the study period. It is postulated here 

that this is the result of suspended organic matter being retained in the stratified 

surface ocean, rather than being mixed downwards out of the euphotic zone, so that a 

larger amount of organic material accumulates and is available for remineralisation, 

and therefore there is a reduction in the sinking flux. 

 

In addition to surface �15NPN values plotting above the model output line for 2004/5 

and 2006/7, minor variability in surface water [NH4
+] (Fig. 4.3) also implies a minor 

role for remineralisation during these seasons of intermittent stratification. However, 

the strong agreement between concentration-weighted average surface water �15NPN, 

flux-weighted sediment trap average �15NPN, core-top �15NPN and the predicted value 

using open system conditions for 2004/5 implicates adherence to mass balance, such 

that nitrate is assimilated and PN is exported isotopically unaltered by N cycling 

processes. As such, neither remineralisation nor ammonium recycling was sufficient 

to decouple seasonal average �15NPN from �15N of total nitrate consumed, and export 

was the dominant PN removal mechanism uninhibited by stratification-driven 

isolation of surface waters. Agreement between average surface water �15NPN and the 

predicted value of total nitrate assimilated for summer 2006/7 also suggests that the 

extent of remineralisation and/or ammonium recycling was insufficient to alter 

�
15NPN, and implicates nitrate-based production and export as the dominant PN loss 

mechanism. Like for 2004/5, this export is facilitated by moderate stratification, 

which permits exchange between surface and underlying waters and therefore 
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promotes downward mixing of suspended particles out of the surface layer and 

increases the sinking flux.  

 

Despite good agreement between model output and individual measured �15NPN 

values over the majority of the 2009/10 season, seasonal average surface water 

�
15NPN is lower than predicted for total nitrate utilised (Fig. 4.6). This suggests a 

minor role for remineralisation and subsequent ammonium-based production, 

possibly accompanied by preferential sinking of 15N-enriched particles. However, a 

significant role for ammonium-based production is unlikely in summer 2009/10 since 

tight coupling between [NO3
-] and both PN and chlorophyll a concentrations show 

that nitrate is the dominant nitrogen substrate. This is in agreement with an f-ratio of 

0.71 – 0.88, which shows that the majority of total nitrogen uptake is nitrate-based 

(Weston et al., submitted). Further, when [PN] declines after the initial chlorophyll 

peak, �15NPN shows a depletion, which implies that export of 15N-rich organic matter 

rather than remineralisation, which would drive an increase in �15NPN, is the main 

control on PN loss. At the end of the growing season when the bloom subsides, [PN] 

declines as expected, but there is no significant change in �15NPN. If particles were 

being remineralised, the decrease in [PN] would have been accompanied by an 

increase in �15NPN due to preferential loss of the lighter 14N isotope and no 

subsequent ammonium uptake due to the cessation of phytoplankton production. The 

lack of 15N-enrichment concurrent with the decrease in [PN] after the peak of the 

phytoplankton bloom thus precludes significant surface ocean remineralisation and 

instead implicates organic matter removal by direct downward mixing and export of 

suspended particles driven by the onset of vertical winter mixing. It is therefore clear 

that export is the dominant PN loss mechanism in 2009/10 and lower-than-expected 

seasonal average �15NPN cannot be explained by a major role for summertime 

ammonium recycling. A role for ammonium recycling during summer 2008/9 is also 

suggested by the gradual decline in �15NNO3 over the growing season and seasonal 

average �15NPN substantially lower than model output. However, this signal is largely 

attributable to low productivity throughout the summer and may be confounded by 

the absence of a relationship between nitrate uptake and either �15NNO3 or �15NPN. 
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The interannual variability in N cycling processes described here can be summarised 

in a conceptual model of the interaction of upper ocean stratification, export and 

remineralisation (Fig. 4.8). Scenario a) describes a weak-moderately stratified upper 

ocean where mixing between surface and underlying waters promotes downward-

mixing of suspended organic material and increases the export flux. This exchange is 

facilitated during summers 2004/5, 2006/7 and 2009/10. Scenario b) describes a 

strongly stratified upper ocean where downward mixing of suspended organics is 

restricted, so particles are retained in the surface ocean where they are remineralised, 

and export flux is reduced. Such surface remineralisation was important in 2005/6. 

This conceptual model based on �15NPN is tested in the following sections. 

 

Figure 4.8. Conceptual model of the effect of upper ocean stratification and mixing 

on export fluxes and remineralisation. A full explanation is given in the text. 

 

4.5.5 Additional potential drivers of changes in �15NPN 

In order for the comparison of seasonal average �15NPN to modelled �15N of total 

nitrate consumed for each year, as described above, to be reliably interpreted in terms 

of remineralisation vs. export, other factors with the potential to influence �15NPN 

must be considered. Input of sea ice-derived organics was shown to contribute 15N-

enriched PN to the surface ocean in early-summer 2005/6, and may consequently be 

responsible for high seasonally-integrated �15NPN. However, if the four values 

influenced by sea ice-derived particles are excluded from the calculation of 

concentration-weighted average �15NPN, the integrated value only decreases by 0.1 

‰ to 4.3 ‰, which is still higher than the predicted value (4.1 ‰), given uncertainty 

of <0.2 ‰. The fact that this excess over the modelled value is marginal, with or 

without the influence of sea ice-derived organics, is consistent with minor surface 
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water remineralisation during summer. As will be shown in the following discussion, 

minor summertime remineralisation is followed by extensive remineralisation during 

autumn and winter. 

 

Unexpectedly high �15NPN may also be the result of exogenous particles entering the 

system, lateral advection of a surface N pool out of the system such as not to be 

accounted for at the study site, shifts in nitrate source and community changes in � 

(Voss et al., 1996; Sigman et al., 1999; Karsh et al., 2003; Lourey et al., 2003). In 

addition to sea ice-derived organics, exogenous particles may constitute organic 

matter produced upstream of Ryder Bay and therefore out of equilibrium with nitrate 

in Ryder Bay, or remnant organic material produced during the previous growing 

season. Although the WAP surface ocean is spatially-variable with respect to 

productivity and therefore particle dynamics (e.g. Vernet et al., 2008), this variability 

is unlikely to be sufficient to drive the interannual changes in �15NPN observed here. 

Remnant organic matter is unlikely to reside at the surface over the winter, due to 

nitrogen cycling and dispersal by winter mixing, so high �15NPN observed here is 

unlikely to be driven by input of exogenous particles other than sea ice organic 

matter, which makes little difference to integrated �15NPN. Lateral advection of 

spatially-varying surface nitrogen pools out of the study area may contribute a small 

perturbation to �15NPN, but is not thought to occur in the Southern Ocean to the 

extent that would be required to drive the differences in seasonal average �15NPN seen 

here (Ogawa et al., 1999; Hansell and Carlson, 2001). Although there is evidence for 

a lateral nutrient input during summer 2005/6, in addition to vertical supply from 

underlying waters, this would not constitute a shift in nutrient source with the 

potential to increase �15NPN, since all marine waters along the WAP continental shelf 

are derived from the ultimate UCDW source (Ducklow et al., 2007; Martinson et al., 

2008).  

 

Species-driven changes in � may be partly responsible for the variability in �15NPN 

during low-productivity summer 2008/9 and the low-productivity mid-season period 

of summer 2009/10, and may therefore explain the low seasonal average �15NPN 

values in these seasons. During these low productivity periods, a shift in 
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phytoplankton species composition from dominance of large diatoms to a higher 

relative abundance of smaller size classes was observed (see Annett, 2012). 

According to the positive relationship demonstrated between phytoplankton size and 

�
15NPN (Karsh et al., 2003), smaller size classes would exhibit lower �15NPN than 

larger diatoms, and the observed species shift would drive a reduction in integrated 

�
15NPN. Persistent low productivity conditions in 2008/9 and only a relatively short 

low productivity period during 2009/10 would then explain why the data-model 

offset was large for 2008/9 yet only small for 2009/10. The smaller size classes 

dominant in 2008/9 and in late-January to early-February 2010 are thought to be 

primarily composed of Phaeocystis antarctica, in the absence of a significant diatom 

bloom. Although prymnesiophytes have been shown to take up nitrate with an 

isotope effect of ~4 ‰ in culture experiments (Waser et al., 1997), there have been 

no such examinations of P. antarctica. Based on the field data described here, it is 

hypothesised therefore that P. antarctica fractionates nitrate with a larger isotope 

effect than other prymnesiophytes and diatom species in this environment.  

 

In summary, low seasonal average �15NPN in 2008/9 and 2009/10 may be related to 

variations in � associated with the smaller phytoplankton species that were abundant 

during low productivity periods. This would provide an alternative explanation for 

low �15NPN to active summertime ammonium recycling, which is conflicting with 

other evidence. However, species composition is not a major determinant of �15NPN 

over the whole study, since there are no systematic shifts in diatom assemblages 

across the other seasons that would drive the changes in � required to account for the 

observed variability in �15NPN (see Annett, 2012). In particular, species shifts cannot 

explain high �15NPN in 2005/6. Despite the small influence of sea ice organics and 

phytoplankton species assemblages on �15NPN at certain times over the study period, 

the principal driver of interannual variability in �15NPN in this study is the balance 

between export and remineralisation in controlling the fate of organic material, as 

regulated by upper ocean stratification. Particle export is the dominant PN loss 

mechanism in better mixed seasons 2004/5, 2006/7 and 2009/10, whilst 

remineralisation is more important in the more stratified 2005/6 season, in agreement 

with the conceptual model presented in Figure 4.8. Additional support for this 
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contention is provided by seasonal differences in surface water ammonium levels and 

POC:PN ratios, and sediment trap organic matter fluxes and isotopic signatures.  

 

4.5.6 Supporting evidence for export vs. surface ocean remineralisation: 
summertime ammonium concentrations 

If remineralisation were the dominant PN loss mechanism, good inverse time-series 

coupling between [PN] and [NH4
+] would be expected, since PN is remineralised to 

ammonium in the first instance. This coupling may also be reflective of ammonium 

uptake, since PN is produced as ammonium is assimilated. Coupling of [PN] and 

[NH4
+] is evident in time-series data from summer 2005/6 from when the initial PN 

peak begins to decline after 13 January 2006 (Fig. 4.3) and implicates 

remineralisation of organic matter accumulating in a more stratified surface ocean, 

due to reduced flux to underlying waters. A statistically significant inverse 

correlation between [NH4
+] and [PN] between 13 January 2006 and the end of March 

2006 confirms that ammonium is produced as PN is lost, and/or that ammonium is 

consumed whilst PN is produced (r2 = 0.62, p = 0.002, Fig. 4.9). Without the outlier 

on 20 February 2006 ([PN] = 5.04, [NH4
+] = 0.45), the relationship becomes very 

strong (r2 = 0.912, p <0.001), but there appears to be no good reason to exclude this 

data point. Nevertheless, the relationship between ammonium production and PN 

loss supports the contention that surface ocean remineralisation is the dominant PN 

loss mechanism under the more stratified conditions of summer 2005/6. Ammonium-

based production may also play a role in this relationship, but the high f-ratio and the 

accumulation of ammonium in surface waters in the latter part of the season suggest 

that this is a comparatively minor role. In any case, the relationship between PN and 

ammonium concentrations shows active remineralisation of organic particles, and the 

fact that such coupling is only seen briefly in 2004/5 and 2006/7 and is absent in 

2008/9 and 2009/10 adds further support to remineralisation being more important in 

stratified 2005/6 than in the other less stratified seasons. 
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Figure 4.9. Ammonium concentration vs. PN concentration for all surface samples 

after the initial chlorophyll peak in summer 2005/6 (13 January – 23 March 2006). 

 

4.5.7 Supporting evidence for export vs. surface ocean remineralisation: 
summertime POC:PN 

 
Surface water POC:PN ratios serve as a proxy for the relative extent of 

remineralisation vs. export in each growing season since organic nitrogen is 

preferentially degraded over carbon-bearing compounds (Rosenfeld, 1981; Hedges et 

al., 1986; Ganeshram et al., 1999), and so a higher POC:PN is indicative of a greater 

degree of remineralisation. POC:PN can also be affected by shifts in phytoplankton 

species composition (e.g. Jacot des Combes et al., 2008) and production of 

exopolymeric substances (EPS) (Mancuso Nichols et al., 2005). Figure 4.10 shows 

POC vs. PN in each growing season in Ryder Bay, where the slope of the regression 

reflects seasonal POC:PN, as displayed on each plot. POC:PN is not significantly 

different in 2008/9 when the species effect would be most pronounced, so the effect 

of species composition can be ignored in the context of POC:PN. An examination of 

the influence of EPS is beyond the scope of this study, but there is no good reason 

for their production to vary sufficiently between the seasons studied here to affect 

total POC:PN. Further, if there was significant interseasonal variation in EPS 

production, it would drive much larger changes in POC:PN than seen here. Seasonal 
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POC:PN is higher in 2005/6 than in all other seasons studied (5.92), supporting the 

argument for a greater degree of remineralisation in the more stratified season. The 

interannual differences in POC:PN are relatively small and suggest that whilst 

remineralisation is more important than export in controlling the fate of organic 

matter during summer 2005/6, and plays a more important role in 2005/6 than in the 

other summer seasons, it does not account for a large proportion of the total organic 

matter pool. Instead, most organic material produced during the summer is 

remineralised during the following autumn and winter, after the cessation of the 

phytoplankton bloom. Although particulate data are unavailable for autumn and 

winter periods, greater remineralisation is evidenced by ubiquitously higher surface 

water ammonium concentrations in autumn and winter vs. spring and summer 

throughout the study period (Fig. 4.3). 

 

 

Figure 4.10. [POC] vs. [PN] in 2004/5 (red circles and line), 2005/6 (blue circles and 

line), 2006/7 (black circles and line), 2008/9 (green circles and line) and 2009/10 

(orange circles and line). Lines depict the line of best fit, of which the slope gives 

POC:PN for each season, as displayed on the plot. 
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4.5.8 Autumn/winter remineralisation of summer phytoplankton material 

The autumn/winter peak in [NH4
+] is significantly larger after summer 2005/6 than 

after any other season studied (Fig. 4.3). Table 4.4 shows the total amount of nitrate 

removed by biological drawdown in each growing season (NO3
- utilised), the total 

amount of ammonium released from phytoplankton material over each summer and 

the following autumn and winter (NH4
+ released), and the ratio of ammonium 

produced vs. nitrate drawn down (NH4
+/NO3

-). Calculation of total nitrate utilisation 

is as described in Chapter 3, whilst total ammonium released is the sum of all 

increases in surface water [NH4
+] between consecutive sampling events from the 

beginning of each season to the peak ammonium concentration during the following 

winter. The ratio of ammonium produced to nitrate removed is then simply 

ammonium released/nitrate utilised. A significantly higher ratio clearly shows that a 

much larger proportion of the organic matter produced was remineralised to 

ammonium in the surface ocean during and after summer 2005/6, than all other 

seasons studied. Zooplankton grazing may contribute to ammonium release, but this 

is less likely after the summer phytoplankton bloom subsides and food stocks 

decline. The vast majority of ammonium released likely undergoes subsequent 

nitrification, since primary production is negligible on the WAP shelf in austral 

autumn and winter, and so ammonium is unlikely to be assimilated by phytoplankton 

(Prézelin et al., 2004). Greater remineralisation following summer 2005/6 was likely 

driven by stratified conditions holding organic matter in the surface ocean such that a 

much larger standing stock of organic material was available for remineralisation.  

 

 NO3
- utilised  

(µmol. L-1) 
NH4

+ released  
(µmol. L-1) 

NH4
+/NO3

- 

2004/5 92 22.6 0.25 

2005/6 49 17.9 0.36 

2006/7 62 12.3 0.20 

2008/9 48 11.0 0.23 

2009/10 57 14.4 0.25 

Table 4.4. Total nitrate utilisation, total ammonium released during summer and the 

following autumn and winter, and the ratio of ammonium released to nitrate utilised 

for each growing season. 
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4.5.9 Sediment trap fluxes 

Sediment trap flux data support the argument that a greater amount of organic 

material remains at the ocean surface during and after summer 2005/6 than 2004/5. 

Sinking fluxes in 2004/5 were significantly larger than in 2005/6, suggesting a much 

greater role for export in controlling the fate of organic material in the earlier season 

(Table 4.3). Daily fluxes of PN and POC are significantly higher in 2004/5 in 

shallow and deep traps, and although no opal flux data are available for the 200m 

trap in 2005/6, a significantly lower flux at 512m than in 2004/5 and variability in 

C:Si ratio across all traps between 1.04 and 1.73 make it very likely that opal flux at 

200m in 2005/6 was also considerably lower than in 2004/5. Agreement between 

fluxes of PN, POC and opal invokes export of diatoms as the dominant process, as is 

consistent with contemporaneous surface species assemblages. Clarke et al. (2008) 

show that particle export in 2004/5 adhered to the typical seasonal pattern since 

sampling began, with a steady vertical flux throughout the growing season. 

Conversely, overall flux from surface waters in 2005/6 was considerably lower than 

the long-term average, since flux from the euphotic zone was negligible until a brief 

episode of increased downward flux in mid-late February (Clarke et al., 2008). The 

greater accumulation of chlorophyll above the pycnocline in 2005/6 shown by the 

same authors is also in agreement with the findings of this study. Additional 

sediment trap data show that the flux of organic particles in 2006/7 was intermediate 

between 2005/6 and 2004/5 (Weston et al., submitted), in agreement with the 

interannual variability in production and fate of organic matter described here, i.e. 

lower productivity than 2004/5, yet similarly efficient export. Although no flux data 

are available for 2008/9 or 2009/10, the late bloom in 2009/10 is likely to create a 

significant export flux due to its domination by large diatoms and timing just prior to 

the onset of deep winter mixing, which would enhance downward transport of 

organic particles. Efficient export at the end of summer 2009/10 would be consistent 

with the dramatic decrease in [PN] with no corresponding isotopic change, as 

described above. In contrast, low productivity in 2008/9 was dominated by smaller 

phytoplankton, so total organic matter export is likely to have been especially low.  
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4.5.10 Down-depth changes in �15NPN and other biogeochemical parameters 

Low sediment trap fluxes in 2005/6, arising from particle retention in the surface 

ocean, are in agreement with sediment trap isotopic data showing a down-depth 

depletion, and thus not being representative of surface ocean conditions. However, 

this is in contrast to �13CPOC, which is faithfully transferred to depth and marine 

sediments (Henley et al., 2012), and shows that sediment trap data are representative 

of surface ocean conditions. This apparent mismatch can be reconciled by 

considering the processes affecting POC and PN upon sinking through the water 

column. Higher sediment trap C:N in all traps than in surface waters provides 

evidence for some degree of particle degradation between the surface and 200m in 

both seasons, despite efficient export in 2004/5. However, little change in C:N 

between 200m and 512m suggests little further degradation during sinking, in 

agreement with Weston et al. (submitted) who find that the majority of particulate 

organic matter remineralisation occurs above 200m, with minimal further 

remineralisation below 200m. The lack of a surface ocean remineralisation signature 

during summer 2004/5 appears to conflict with higher POC:PN in the 200m sediment 

trap, which implicates some degree of remineralisation. However, when taken 

together, these observations suggest that remineralisation occurs most extensively 

immediately below the productive surface layer in the twilight zone, where much 

organic matter remineralisation occurs throughout the global ocean (Buesseler and 

Boyd, 2009 and references therein). Whilst this suggests that some degree of 

remineralisation probably occurs in the twilight zone in all seasons, it does not 

negate the findings of this study that organic matter export is more significant under 

less stratified, better mixed upper ocean conditions than when the surface ocean is 

strongly stratified.  

 

The progressive down-depth decrease of �15NPN in 2005/6 cannot be explained by 

remineralisation above 200m, nor by a sampling bias relating to organic material not 

reaching sediment traps, since both would be at odds with the faithful transfer of 

�
13CPOC to depth. Down-depth decreases in sediment trap �15NPN are commonly 

reported in the literature, but the underlying mechanism remains to be understood 

(Sigman et al., 2009 and references therein). Remineralisation would be expected to 
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affect nitrogen more than carbon, but would increase �15NPN down-depth, so again is 

not the causative factor for the down-depth 15N-depletion. Possible processes that 

would progressively deplete 15N down-depth in the water column during summer 

2005/6, without affecting �13CPOC, include differential sinking of different 

components of total organic matter and progressive input of isotopically light PN, 

and are discussed in the following.  

 

Preferential sinking of particular phytoplankton size classes would lead to down-

depth changes in �15NPN, because a positive relationship exists between 

phytoplankton size and �15NPN, such that larger diatoms are isotopically enriched 

compared to smaller size classes (Karsh et al., 2003). Under stratified surface ocean 

conditions, larger diatoms have been shown to sink less efficiently than smaller 

phytoplankton, such that the relative contribution to total flux of isotopically lighter 

smaller species may increase down-depth in the water column (Arrigo et al., 1999; 

DiTullio et al., 2000; Lam et al., 2011). In growing seasons of better-mixed upper 

ocean conditions in open exchange with underlying deeper waters, on the other hand, 

greater overall export diminishes the bias towards sinking of smaller cells, such that 

all size classes have the potential to sink quickly (Mincks et al., 2008). Under these 

conditions, export flux is dominated by large bloom-forming diatoms because they 

are significantly more abundant in Antarctic surface waters (Nelson et al., 1996 and 

references therein; Trull and Armand, 2001; Trull et al., 2008). During this study, 

surface phytoplankton assemblages were dominated by large diatoms during 

summers 2004/5, 2005/6, 2006/7 and during the late bloom in 2009/10 (see Annett, 

2012 for further details). The down-depth decrease in �15NPN observed in 2005/6 may 

therefore be related to the substantially reduced total sinking flux and consequently 

more pronounced size effect of greater sinking efficiencies of smaller phytoplankton 

size classes, and preferential retention of larger diatom species in the stratified 

surface ocean. As such, smaller phytoplankton with lower �15NPN signatures would 

make a greater relative contribution to sinking flux with increasing depth and drive 

the observed changes in �15NPN. The same size effect is not seen in �13CPOC down-

depth, since there is no control of �13CPOC by phytoplankton size class in Ryder Bay 

during this time period (Henley et al., 2012). As such, the sinking flux does not 
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favour a particular range of values for �13CPOC and is consequently representative of 

surface conditions. In 2004/5, a better mixed surface ocean facilitated more efficient 

sinking of all size classes, such that total flux was significantly greater, the size effect 

on �15NPN was significantly reduced and no down-depth trend in �15NPN was 

observed. The down-depth control of �15NPN by relative contributions of different 

phytoplankton size classes, as regulated by stratification-related sinking efficiencies, 

rather than continued particle degradation, would then explain the interannual 

variability between 2004/5 and 2005/6 and be consistent with minimal 

remineralisation below 200m (Weston et al., submitted). 

 

Other possible explanations for the down-depth changes in �15NPN observed in 

2005/6 sediment traps would involve an input of isotopically light N other than fresh 

phytoplankton material from the overlying surface waters, such as resuspended 

marine sediments, terrestrially-derived organics or incorporation of dissolved organic 

nitrogen (DON). Resuspended marine sediments are enriched in the heavier 15N 

isotope relative to surface and sinking PN due to long residence times and organic 

matter cycling in the water column and sediments (Altabet and François, 1994 and 

references therein). As such, any input of resuspended sediments would increase 

�
15NPN and cannot therefore explain the isotopic depletion with depth. Incorporation 

of DON into the particulate phase by adsorption or biological processes during the 

sinking process would progressively add N to the sinking PN pool, but DON of �15N 

lower than �15NPN is yet to be observed. In fact, �15NDON is usually higher than 

�
15NPN in the open ocean, as has been documented in the Atlantic and Pacific Oceans 

(Knapp et al., 2005, 2011). Although detailed analyses of isotope dynamics 

associated with DON transformations are not widespread, current thinking is that 

DON production from PN by direct exudation, cell lysis and/or particle solubilisation 

occurs with minor or no isotopic fractionation, so that the �15N of newly produced 

DON is similar to that of PN from which it was produced. On the other hand, DON 

degradation processes such as peptide hydrolysis and deamination involve significant 

isotope fractionation and consequently release isotopically light ammonium and 

increase �15NDON. Although isotopic characterisations of DON in the Southern Ocean 

are currently lacking, the evidence of �15NDON being greater than or similar to �15NPN 
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in other regions (Knapp et al., 2011) suggests that incorporation of DON into PN 

cannot explain the down-depth decrease in �15NPN seen here. The dynamics and 

reactivity of dissolved organic matter and the isotope effects of DON cycling 

processes are yet to be examined in this region, and are recommended for future 

research. Whilst neither resuspended sediment input nor DON incorporation can 

explain the down-depth decrease in �15NPN seen here, input of terrestrially-derived 

particulates could play a role. Whilst �15N signatures of terrestrial inputs to the 

oceanic N pool are poorly constrained (Sigman et al., 2009), terrestrially-derived 

organic material has been shown to exhibit �15NPN values lower than marine sources 

(e.g. Middelburg and Nieuwenhuize, 1998). As such, a terrestrial input to sediment 

traps and core-top sediments may be at least partly responsible for the reduction in 

�
15NPN with depth seen here. However, it is more likely that the down-depth changes 

in �15NPN were driven primarily by varying sinking efficiencies of different 

phytoplankton size classes with different isotopic signatures, in response to upper 

ocean stratification, particularly since this mechanism can reconcile the apparent 

disagreement between �15NPN and �13CPOC. The interplay between upper ocean 

stratification and sinking of different phytoplankton size classes therefore exerts a 

key control on the magnitude of seasonal export flux and consequently holds 

important implications for the long term drawdown of atmospheric CO2. 
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4.6 Conclusions 

 

This chapter provides one of the most comprehensive studies of nitrogen isotope 

systematics as yet undertaken in the coastal Antarctic marine environment. Nitrogen 

cycle processes and the fate of organic matter in the coastal WAP ocean are found to 

be regulated to a large extent by upper ocean stratification. Isotopic modelling 

depicts open system conditions across all growing seasons studied, such that nutrient 

resupply to the surface ocean from underlying waters is permitted throughout the 

study period, in agreement with the findings of Chapter 3. However, the more in-

depth modelling studies conducted here reveal that N isotope dynamics are sensitive 

to variability in the degree of upper ocean stratification during each season, such that 

�
15NNO3 data tend towards the closed system model during short-lived periods of 

more stratified upper ocean conditions. Nevertheless, these short periods of greater 

stratification are not sufficient to isolate the surface ocean from the underlying 

nutrient source, and macronutrient concentrations are not limiting at any point during 

the study. Whilst the degree of upper ocean stratification does not preclude upward 

nutrient supply across the pycnocline, it does exert a strong impact upon particle 

export downwards across the pycnocline.  

 

Once assimilated, particulate organic matter is lost from the surface ocean by export 

to depth or in situ remineralisation, and the balance between these removal processes 

is determined by upper ocean stratification. When there is open exchange between 

surface and underlying waters, vertical mixing across the pycnocline makes export of 

organic material to depth, and potentially marine sediments, the dominant PN loss 

mechanism. This is demonstrated in summers 2004/5 and 2006/7 using N isotopic 

modelling, where equality between �15NPN of total PN produced and that predicted 

from seasonal nitrate drawdown shows that nitrate assimilation and export of 

isotopically unaltered organic material are the dominant processes at work, and 

surface ocean remineralisation plays only a minor role. The extent of export is 

controlled by the degree and timing of mixing events relative to the phytoplankton 

bloom. Under strongly stratified conditions when the surface ocean is isolated from 

exchange with underlying waters, suspended organic material is retained in the 
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surface ocean and therefore remineralisation, with minimal subsequent ammonium 

uptake, is favoured over export. This is shown to be the case for summer 2005/6 

when seasonally integrated �15NPN plotted above the modelled value for �15N of total 

nitrate consumed. Only minor ammonium-based production is a result of the timing 

of major ammonium release towards the end of the growing season when the 

phytoplankton bloom was in decline and total production rates were low. 

 

This study documents high �15NPN in sea ice, due to extensive remineralisation 

within the sea ice matrix. The input of this sea-ice derived organic material to the 

surface ocean as ice melts may have consequently influenced surface water �15NPN in 

summer 2005/6. However, this exerted only a minor influence on the seasonal 

average value for 2005/6, such that �15NPN still implicates surface ocean 

remineralisation as the dominant PN loss mechanism in this more stratified season. 

�
15NPN may also be influenced by changes in � related to phytoplankton size class or 

species composition at certain times during the study. This is thought to explain why 

seasonal average �15NPN for 2009/10 plotted below the modelled value, when a major 

role for ammonium cycling was at odds with other biogeochemical data implicating 

export as the dominant PN loss mechanism in this well-mixed season. However, 

neither species effects nor high sea ice �15NPN act as major determinants on surface 

water �15NPN throughout the study, and the principal control on �15NPN is the balance 

between in situ remineralisation and particle export, as regulated by upper ocean 

stratification.  

 

A greater degree of remineralisation in the more stratified surface ocean of 2005/6, 

as inferred from �15NPN, is evidenced further by a good inverse relationship between 

concentrations of PN and ammonium, the primary decay product of PN, and higher 

seasonal POC:PN. The argument for retention of organic particles, particularly larger 

diatoms, in the surface ocean under conditions of greater stratification is also 

supported by down-depth changes in �15NPN and significantly reduced sediment trap 

fluxes in 2005/6 compared to 2004/5, when �15NPN shows that export is the dominant 

PN loss mechanism. Although remineralisation is more important in 2005/6 than in 

any other season, it is only minor during the summer months. The majority of the 
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remineralisation of organic material retained in the surface ocean takes place during 

the following autumn and winter, as shown by particularly large autumn/winter 

ammonium fluxes in 2006. Ammonium undergoes subsequent nitrification in the 

absence of phytoplankton assimilation under low-productivity winter conditions.  

 

Although some degree of remineralisation is ubiquitous in the surface ocean and 

especially active in the twilight zone, it occurs to a substantially lesser extent when 

particle export is facilitated by open exchange between surface waters and 

underlying waters. As such, there is active interplay between export and 

remineralisation, such that the degree of remineralisation is controlled by residence 

time of organic material in the surface ocean, which is controlled in turn by export, 

and export is controlled by stratification. Under less stratified conditions, export of 

all organic matter size classes is more efficient, so that remineralisation is 

considerably reduced and export fluxes are significantly higher. Chapter 3 showed 

that productivity inferred from nitrate uptake and cumulative PN production was 

higher in 2004/5 than in stratified 2005/6 by approximately a factor of two. It is 

shown here that export fluxes of organic carbon and nitrogen are more than three 

times greater in 2004/5. This shows that the stratification control on productivity and 

nitrate utilisation is compounded by the stratification control on the fate of organic 

material, in terms of the amount of material exported under different oceanographic 

conditions. The substantially greater export under less stratified conditions then 

suggests that interannual variability in upper ocean stratification is a highly 

significant driver of changes in marine nitrogen cycle processes in this environment, 

and that this may have profound implications for longer-term sequestration of 

atmospheric CO2. 
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5 Radiocarbon: a novel approach for examining deep water behaviour 
and carbon supply and uptake in the western Antarctic Peninsula 
marine environment 

 

5.1 Abstract 

 

The Southern Ocean is of vital importance in regulating atmospheric CO2. This study 

uses radiocarbon as a tool for examining carbon sources and uptake at the west 

Antarctic Peninsula (WAP) and elucidating whether the coastal marine environment 

here acts as a net source or sink for atmospheric CO2 over the course of one summer 

growing season. Radiocarbon (14C) age was measured in dissolved inorganic carbon 

(DIC) and particulate organic carbon (POC) in Ryder Bay and across the WAP shelf 

throughout the austral summer of 2009/10. Upper circumpolar deep water is found to 

have a characteristically old 14C age of DIC (1294 ± 76 14C years), which shows little 

variability and depicts a persistent source of CO2 to the surface ocean throughout the 

region. Radiocarbon signatures in surface water DIC and POC show a considerable 

contribution (upto 50 %) from atmospheric CO2 which, together with surface water 

pCO2 consistently undersaturated with respect to atmosphere, demonstrates the 

potential of the biologically-mediated summertime carbon sink at the coastal WAP. 

A striking inverse correlation is found between 14C age of POC and chlorophyll 

concentration over the growing season, which strongly suggests that higher 

productivity drives a larger surface water CO2 deficit and a greater influx of young 

atmospheric CO2, for incorporation into organic matter. This is corroborated by 

lowest pCO2 at the peak of the phytoplankton bloom, and argues for an increase in 

carbon sink capacity under higher productivity conditions. A small number of 

samples from summer 2004/5 show that 14C age of POC shows a pronounced 

increase down-depth in the water column from surface suspended material (~1000 

14C years), to sediment traps (~1700 14C years) and core-top sediments (~2000 14C 

years); the factors influencing these changes are discussed in the context of transfer 

of surface water 14C signatures to depth and marine sediments. Finally, the potential 

for export and longer-term drawdown of CO2 is considered, with implications for the 

capacity of this region to exert a negative feedback to increasing atmospheric CO2, 

and consequently the role of the Southern Ocean in modulating global climate. 
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5.2 Introduction 

 

5.2.1 Atmospheric CO2 and the global marine carbon cycle 

The Fourth Assessment Report of the United Nations Intergovernmental Panel on 

Climate Change (IPCC) ruled that “warming of the climate system is unequivocal” 

and “most of the observed increase in global average temperatures since the mid-20th 

century is very likely due to the observed increase in anthropogenic greenhouse gas 

concentrations” (IPCC, 2007). Carbon dioxide (CO2) is the most important of these 

anthropogenic greenhouse gases driving the increase in radiative forcing of global 

climate at present and in the future (IPCC, 1995). Increasing concentrations of 

atmospheric CO2 and associated increase in global average temperature hold 

profound implications for, amongst many other things, regional weather patterns, 

global sea level and melting of polar ice, and present one of the biggest challenges 

facing society now and in the foreseeable future (IPCC, 2007). 

 

Anthropogenic emissions of CO2 in the 1980s were 5.4 ± 0.3 Pg C/year from fossil 

fuel burning and 0.6 to 2.5 Pg C/year from land-use change. Fossil fuel burning in 

the 1990s released 6.3 ± 0.4 Pg C/year to the atmosphere. The rate of increase of 

atmospheric CO2 levels was 3.3 ± 0.1 Pg C/year during the 1980s and 3.2 ± 0.1 Pg 

C/year during the 1990s. Atmospheric CO2 only increased at around half the rate of 

human-induced CO2 emissions, due to significant CO2 uptake by oceans and the 

terrestrial biosphere (IPCC, 2001). Observational and modelling evidence shows that 

approximately 2.0 Pg C/year is taken up into the global oceans due to solubility 

pump and biological pump processes (Sarmiento et al., 1992; Siegenthaler and 

Sarmiento, 1993; Keeling et al., 1996; Joos and Bruno, 1998; Battle et al., 2000; 

Takahashi et al., 2002). The way in which global oceanic CO2 uptake will respond to 

ongoing climate change remains uncertain, but is likely to decline due to slow-down 

of the thermohaline circulation, warming-induced reduction in CO2 solubility and 

decrease in surface ocean alkalinity and buffering capacity of the ocean to increased 

CO2 (Manabe and Stouffer, 1993, 1994; Sarmiento and Le Quéré, 1996). The role of 

biology in influencing future changes in oceanic CO2 uptake is poorly understood. 

Modelling efforts have shown that a slow-down of oceanic circulation may lead to a 
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decreased return of remineralised carbon to the surface ocean, such that if current 

levels of primary production are maintained, then uptake of CO2 and downward flux 

of biogenic material would exceed its return flux and may partly compensate the 

overall reduction expected in CO2 sequestration (Sarmiento and Le Quéré, 1996). 

However, the long-term biological response to future change and its implications for 

CO2 remain unknown, but are unlikely to offset the overall reduction in oceanic CO2 

uptake described above and the resultant positive feedback to increasing atmospheric 

CO2 and climate change. 

 

5.2.2 The Southern Ocean CO2 system 

The Southern Ocean is the oceanic region of greatest CO2 uptake, greatest sensitivity 

to global change and consequently largest impact on the global ocean response to 

ongoing anthropogenic warming (Sarmiento and Le Quéré, 1996; Sarmiento et al., 

1998; Friedlingstein et al., 2003). As well as being a region of high productivity and 

deep water formation, which drive significant removal of CO2 from the atmosphere, 

the Southern Ocean is also one of the most significant regions of deep water 

upwelling, hence CO2 degassing, in the global ocean. As such, there has been much 

debate in recent years about whether the Southern Ocean is a net source or a net sink 

for atmospheric CO2. The entire Southern Ocean is thought to act as a CO2 sink in 

summer due to high primary productivity and biological CO2 uptake (e.g. Arrigo et 

al., 1998; Takahashi et al., 2002; Metzl et al., 2006). This is in agreement with in situ 

data from specific areas, which show overall sink behaviour (e.g. Bakker et al., 1997; 

Gibson and Trull, 1999; Louanchi et al., 2001; Metzl et al., 2006). Strong biological 

CO2 drawdown further south, particularly on the Antarctic continental shelf, 

coincides with the high southern latitude source areas for deep water masses and 

therefore provides a direct pathway for CO2 exchange between the atmosphere and 

deep oceans via thermohaline circulation processes (e.g. Bakker et al., 1997; 

Takahashi et al., 2002). Offset against this CO2 uptake is a net winter source of CO2 

due to intense upwelling of high-CO2 deep waters (Gammon et al., 1985; Goyet et al, 

1991; Rubin et al., 1998; Roy et al., 2003; Metzl et al., 2006; Laika et al., 2009). 

However, the summer CO2 sink is stronger than the winter source and so over a 

complete annual cycle, the Southern Ocean acts as a net CO2 sink taking up an 
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estimated 0.47 Pg C/year south of 50°S, which accounts for >20 % of global ocean 

CO2 uptake despite occupying only 10 % of global ocean area (Takahashi et al., 

2002). This is in broad agreement with fluxes deduced from atmospheric inversion 

models (AIMs) for the same region, which range from 0.2 to 0.5 Pg C/year or 0.4 – 

1.0 mol/m2/year (Bousquet et al., 2000; Gurney et al., 2003, 2004; Roy et al., 2003).  

 

The Southern Ocean exhibits strong spatial and interannual variability in 

summertime biological productivity and therefore net source/sink behaviour with 

respect to atmospheric CO2, both of which complicate estimations of future CO2 

uptake patterns in the light of ongoing climatic change (reviewed briefly by Bakker 

et al., 1997). As the climate continues to warm, the efficiency of the Southern Ocean 

CO2 sink may decline due to a climatic increase in the preponderance of the positive 

state of the Southern Annular Mode (SAM), therefore an upward trend in Southern 

Ocean wind intensity and consequent increase in wind-driven upwelling and 

associated ventilation of deep ocean CO2 (Le Quéré et al., 2007). Conversely, the 

anthropogenic increase in CO2, and therefore temperature, may cause a transition in 

some coastal Antarctic waters from a wintertime source to a year-round sink for CO2, 

due to a stratification-induced reduction in vertical mixing and wintertime ventilation 

of deep ocean CO2 (Gibson and Trull, 1999). Further, the warming-induced loss of 

ice shelves and retreat of coastal glaciers around the western Antarctic Peninsula 

over the last 50 years has driven a clear negative feedback to the warming trend: at 

least 2.4 x 104 km2 of new open water has been exposed, with resultant new 

phytoplankton blooms containing an estimated total standing stock of ~ 5.0 x 105 

tonnes of carbon as well as new zooplankton and seabed communities estimated to 

contain ~4.1 x 105 tonnes of carbon (Peck et al., 2010). The response of the Southern 

Ocean CO2 system to anthropogenic climate change thus remains unclear.  

 

The western Antarctic Peninsula (WAP) is highly variable with respect to CO2 

saturation state due to the balance of control by biological activity, upwelling of 

CO2-enriched waters and temperature effects (Carrillo et al., 2004). Coastal regions, 

such as Marguerite Bay, are characterised by high summertime productivity, 

pronounced undersaturation of CO2 and presumably therefore a significant flux of 
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atmospheric CO2 into surface waters. Conversely, in the low-productivity offshore 

regions and throughout the WAP region in austral winter, upwelling and 

thermodynamic controls cause CO2 oversaturation and therefore a CO2 source to the 

atmosphere. As a result of the marked spatial and temporal variability in atmosphere-

ocean CO2 exchange, it is yet to be fully established whether the entire WAP region 

acts as a net source or sink of atmospheric CO2 over a complete annual cycle.  

 

5.2.3 Oceanographic context of this study 

The WAP is unlike other regions of coastal Antarctica in that deep ocean waters 

from the Antarctic Circumpolar Current (ACC) intrude onto the continental shelf and 

provide a key ventilation pathway for oceanic CO2 (Klinck, 1998; Martinson et al., 

2008; Montes-Hugo et al., 2010). The specific water mass in question is warm (1.5 to 

1.8 ˚C), saline (~34.6 to 34.73 psu) upper circumpolar deep water (UCDW), which 

occupies the mid-levels of the ACC between ~400m and ~700m and is a prominent 

feature of ocean water mass structure west of the WAP (Hoffman et al., 1996; 

Hofmann and Klinck, 1998; Smith et al., 1999; Prézelin et al., 2004; Klinck et al., 

2004). A physically modified form of UCDW is a permanent feature of the Ryder 

Bay water column below 200m, with a temperature ~1.0 ˚C and salinity ~34.5 psu 

(Clarke et al., 2008). This UCDW is overlain by cold (<-1 ˚C) remnant winter water 

centring on 100m water depth and Antarctic surface water characterised in Ryder 

Bay by temperatures of 0.3 to 1.7 ˚C and salinity 32 to 33 psu. The magnitude of 

mixing between these water masses is controlled by glacial and sea ice meltwater-

induced stratification of the surface ocean (Meredith et al., 2010). 

 

5.2.4 Rapid climatic and oceanographic change at the WAP 

In concert with the rapid recent increase in atmospheric temperatures at the WAP 

(Vaughan et al., 2003) and resultant glacial retreat (Cook et al., 2005) and sea ice 

decline (Smith and Stammerjohn, 2001), summer surface ocean temperatures west of 

the WAP have risen by more than 1 ˚C and have shown strong salinification since 

1951 (Meredith and King, 2005). UCDW has also warmed by 0.17 ˚C between the 

1950s and 1980s in the open Southern Ocean (Gille, 2002), and by 0.011 ˚C per year 

on the WAP continental shelf between 1993 and 2004 (Martinson et al., 2008). This 
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temperature increase coupled with the increasing prevalence of UCDW over the 

WAP shelf (Martinson et al., 2008) is likely contributing to warmer upper ocean 

temperatures and providing a positive feedback for the observed atmospheric 

warming. This is of key importance, since increased ocean temperatures are likely to 

accelerate the observed retreat of marine glaciers (Shepherd et al., 2004; Pritchard et 

al., 2012) and sea ice losses (Liu et al., 2004; Stammerjohn et al., 2008a) along the 

WAP.  

5.2.5 Controls on CO2 exchange over the WAP shelf 

The presence of UCDW in such proximity to the surface ocean creates the potential 

for significant gas transfer from the deep ocean carbon reservoir to the atmosphere 

and an increase in the preponderance of UCDW over the WAP shelf is likely to 

enhance the supply of oceanic carbon to surface waters. However, this source of old 

carbon from the deep ocean is not necessarily released into the atmosphere and may 

instead be assimilated into particulate organic carbon (POC) during the high 

productivity summer months (chlorophyll >20 µg/L; Clarke et al., 2008), particularly 

since this high productivity is supported by the UCDW nutrient source (Prézelin et 

al., 2000). If biological CO2 uptake is sufficient to deplete the surface ocean carbon 

reservoir, such that it remains undersaturated with respect to atmospheric CO2, then 

the resultant inward flux of atmospheric CO2 and subsequent assimilation into 

organic material, for potential sequestration, would create a local summertime carbon 

sink in Ryder Bay. If the same undersaturation and air-sea CO2 flux were prevalent 

throughout the coastal WAP, this highly productive region would constitute a 

significant summertime carbon sink, with implications for the Southern Ocean CO2 

system and its role in global climate. 

 

5.2.6 Key questions and insights from radiocarbon  

5.2.6.1 Radiocarbon as a tracer for deep waters  

It is clear that UCDW exerts a strong influence on biological productivity and carbon 

biogeochemistry in the WAP coastal zone, and changes in its behaviour may hold 

important consequences for atmospheric CO2 and feedbacks to the ongoing climatic 

and oceanographic change. The first key focus of the present study is to use the 
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radiocarbon signature of dissolved inorganic carbon (DIC) to track the movement of 

deep waters across the WAP shelf, their mixing into surface waters and their 

influence on coastal ecosystems.  

 

Radiocarbon signatures of DIC in deep waters are significantly 14C-depleted (older) 

compared to ocean surface waters, due to isolation from the atmospheric 14C source 

and therefore depletion of 14C with respect to 12C (�14C). When these deep waters 

outcrop at the ocean surface due to coastal upwelling and vertical mixing, their DIC 

age is significantly older than zero 14C years as a result of this so-called marine 

reservoir effect (Stuiver and Polach, 1977). Reservoir age is greatest in surface 

waters around Antarctica (~1300 14C years) due to large-scale upwelling of old deep 

Antarctic Circumpolar Current waters (Key et al., 2004). Nevertheless, surface 

waters are still significantly younger than their deep water source, due to partial 

equilibration with atmospheric 14CO2. We therefore exploit the large difference in 

14C ages between old circumpolar deep water and younger Antarctic surface water to 

track the movement of UCDW across the WAP shelf, its influence on the surface 

environment and implications for the carbon system. 

 

5.2.6.2 Radiocarbon as a tracer for atmospheric CO2 

In order for the WAP region to act as a CO2 sink and provide a negative feedback to 

ongoing anthropogenic climate change, biological carbon drawdown must exceed 

carbon supply from deep water, over which human activities have no control, so that 

atmospheric CO2 is assimilated by phytoplankton for longer term removal from the 

atmosphere. The second key focus of this study is therefore to use radiocarbon 

signatures of surface ocean DIC and POC to examine the relative contribution of 

atmospheric and oceanic CO2 to organic carbon. 

  

14C age of atmospheric CO2 is around -765 14C years (+100 ‰; value extrapolated 

from Southern Hemisphere trends since the late 1960s from Manning and Melhuish, 

1994 and Hua and Barbetti, 2004), as a result of nuclear weapons testing in the 1950s 

and 1960s. The old reservoir age in the Southern Ocean around Antarctica makes the 

14C difference between atmospheric and oceanic CO2 sources particularly large and 
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consequently provides the ideal opportunity to use radiocarbon to estimate the 

relative proportion of each source in surface waters. This study examines the 

contribution of atmospheric CO2 to surface water DIC and POC, and therefore the 

potential for a summertime carbon sink in the WAP coastal zone. Export of this 

organic material is also examined in order to explore whether atmospheric CO2 is 

sequestered over long enough timescales to exert a negative climate feedback in this 

environment. 

 

5.3 Materials and methods 

 

5.3.1 Sample collection 

Seawater samples were taken from the routine Rothera Oceanographic and 

Biological Time-Series (RaTS) sampling site in Ryder Bay (67˚ 34.02’ S, 68˚ 14.02’ 

W; Fig. 5.1) at 15m, 100m and 500m water depth to determine the 14C age of DIC in 

Antarctic surface water, winter waters and modified UCDW, respectively. Sampling 

was undertaken approximately twice a week over the course of the 2009/10 summer 

growing season and was accompanied by a full-depth conductivity-temperature-

depth (CTD) cast to measure changes in salinity, temperature, water column structure 

and physical oceanography.  

 

Additional DIC samples were taken at approximately 500m in Marguerite Bay (67˚ 

52.44’ S, 68˚ 05.69’ W) and further out on the WAP continental shelf (66,259˚ S, 

70,649˚ W; Fig. 5.1) aboard the R. V. Laurence M. Gould and R. R. S. James Clark 

Ross during summer 2009/10, in order to monitor changes in the DIC 14C age of 

UCDW as it moves across the WAP shelf. These samples were taken from each 

ship’s CTD rosette and treated in exactly the same way as were the Ryder Bay 

samples. 
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Figure 5.1. Map showing the three sampling stations west of the WAP. RB = Ryder 

Bay, MB = Marguerite Bay, CS = continental shelf. Inset shows position of study 

area on the WAP. Both maps were created using Landsat Image Mosaic of 

Antarctica (LIMA, USGS), 2012. 

 

Seawater samples for DIC 14C analysis were taken directly from a gas-tight 5 L 

Niskin bottle by a short length of HCl-cleaned tygon tubing attached to a FlexFoil 1L 

sample bag with a stainless steel septum fitting, which had previously been purged 

with N2 to reduce atmospheric contamination. Samples were sealed whilst 

overflowing with a strong plastic clip on the tygon tubing and then the end of the 

tubing was sealed with parafilm to prevent dust contamination. Sealed samples were 

frozen to -80˚C within two hours of sample collection and then stored in -20˚C 

freezers with no history of use for 14C tracer studies. 

 

The use of gas-tight foil sampling bags (SKC Inc.) as a storage medium, rather than 

the traditional method using glass bottles and a fixing agent such as mercuric 

chloride or copper (II) sulphate, is a significant recent methodological development 

for radiocarbon analysis of DIC (Bryant et al., in preparation). This new method is 

preferable to glass bottles for use in remote field locations, since foil bags are 

lightweight, less breakable and do not require the use of poisonous chemicals 

prohibited under many environmental protocols, including the British Antarctic 
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Territory permit system. Unlike using glass bottles, the foil bag method also allows 

sample collection, storage and transfer to hydrolysis vessels without exposure of the 

sample to the atmosphere and thus vastly reduces the risk of contamination. 

 

Particulate organic carbon (POC) samples for radiocarbon analysis were taken from 

15m water depth, the average depth of the chlorophyll maximum since sampling 

began at the RaTS site in 1997 (Clarke et al., 2008), using a 12 V whale pump and  

15 m of HCl-rinsed silicone tubing weighted down at the end. Seawater was pumped 

into 10 L HDPE carboys for transfer back to the laboratory, where samples were 

filtered through muffle-furnaced (400 oC for 4 h) pre-weighed 25 mm diameter GF/F 

filters, of pore size ~0.7 µm, within two hours of collection. The filters were then 

dried at 50 oC overnight, reweighed and stored frozen until analysis. Additional 

surface water POC samples were taken during summer 2004/5 and were treated in 

exactly the same way as were samples from 2009/10. 

 

Sinking particle �14CPOC and �13CPOC samples were collected from a sediment trap 

mooring array deployed at the routine RaTS sampling site from late-January 2005 to 

March 2006. The mooring consisted of one time-series sediment trap at the upper 

limit of UCDW (200 m) and one just above the sea bed (512 m). Each sediment trap 

consisted of 21 rotating cups programmed to rotate at predefined intervals. In order 

to prevent biological activity, trap cups were filled with filtered seawater spiked with 

an extra 5 ‰ NaCl and 2 % formaldehyde-preservative prior to deployment. The first 

trap cup from each depth which opened on 26th January 2005 and closed on 7th 

February 2005 was chosen for sediment trap �14CPOC analysis as it covered the same 

time period as the surface water samples. After recovery, the solution in each sample 

cup was allowed to settle, the supernatant siphoned off and the swimmers removed 

manually using HCl-cleaned plastic forceps and a x10 dissecting binocular 

microscope. Each sample cup was then split into 10 fractions using a rotary splitter at 

the National Oceanography Centre (NOC), Southampton, UK. One fraction from the 

relevant sediment collection cup was washed, freeze-dried and ground ready for 

analysis of �14CPOC and �13CPOC.  
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Box core samples were taken at the RaTS site in January 2005, November 2005 and 

December 2006 aboard R.R.S. James Clark Ross. In each case, the box core was 

taken and then four sub-cores of approximately 30cm were taken by pushing plastic 

sleeves through the box core. For each box core, one core-top sample collected from 

the top 0.5 cm interval of one of these sub-cores was prepared for �14CPOC and 

�
13CPOC analysis in the same way as the sediment trap cup fraction. 

 

5.3.2 Radiocarbon analysis of DIC 

Seawater samples were defrosted slowly at 4˚C in the sealed FlexFoil sampling bags. 

Sample DIC was converted to gaseous CO2 using a purge and trap hydrolysis rig at 

the NERC Radiocarbon Facility (Environment), East Kilbride, UK. The FlexFoil bag 

assembly is designed to fit directly onto the hydrolysis rig and consequently 

eliminates the risk of sample contamination by atmospheric CO2 as far as is possible. 

A 100ml aliquot of the seawater sample was added to an evacuated glass hydrolysis 

vessel, in which sample DIC was converted to CO2 using an excess of 85 % 

orthophosphoric acid (H3PO4). The evolved CO2 was flushed into the gas-preparation 

rig in a stream of Helium carrier gas, where it was purified and cryogenically focused 

using a series of dry ice/ethanol and liquid nitrogen traps, under high-vacuum of 

better than 5 x 10-3 mbar. Isolated sample CO2 was frozen down using liquid N2 and 

sealed in glass aliquotting tubes. 

 

One CO2 aliquot was analysed for �13C using a dual inlet VG Optima stable isotope 

mass spectrometer, which was subsequently used to correct 14C results to �13C =        

-25.0 ‰VPDB. Two remaining CO2 aliquots were graphitised for subsequent analysis 

by accelerator mass spectrometry (AMS) via sequential combustion with zinc and 

iron to reduce sample CO2 to carbon monoxide (CO) and CO to carbon graphite. The 

graphitisation rig is made up of a series of gas lines and position-adjustable 

temperature-controlled furnaces to allow flexibility in baking times and 

temperatures, according to user requirements. Aliquots of zinc powder and fine iron 

powder were weighed into glass tubes and then fitted to the graphitisation rig and 

baked for 30 minutes to remove contaminants from the powders. Sample CO2 was 

introduced to the evacuated rig (<1 x 10-3 mbar) from sealed aliquotting tubes in gas-
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tight evacuated glass crackers, and frozen down into the zinc reaction tube using 

liquid N2. The first furnace was raised to bake sample CO2 with zinc powder for 1h 

30mins at 425˚C for conversion to CO. After 1h 30mins, the second furnace was 

raised and sample gas baked with iron at 625 ˚C overnight to reduce CO to graphite, 

such that the total sample baking time was 15 to 16h and the graphite yield was    

>95 % of total initial CO2. 

 

Pure graphite samples were pelletised and analysed for 14C using a National 

Electrostatics Corp. 5 MV AMS at the Scottish Universities Environmental Research 

Centre (SUERC) AMS Laboratory, East Kilbride, UK. Procedural blank was 

determined and corrected for by preparation of a sample of CO2-free deionised water 

in the same way as seawater samples and subsequent analysis by AMS. 

 

5.3.3 Radiocarbon analysis of POC 

POC was oxidised to CO2 by combustion with copper (II) oxide and silver metal. 

Both GF/F filters holding suspended sample POC and freeze-dried and ground 

sediment trap and core-top samples were combusted with CuO and Ag in quartz 

tubes under high-vacuum (<1 x 10-5 mbar) at 900 ˚C. CuO releases oxygen, which 

oxidises organic matter to CO2, whilst the silver reduces and consequently removes 

other gases produced during combustion. Resultant CO2 samples were then 

graphitised and analysed by AMS, or analysed for �13C, in the same way as for DIC. 

 

Raw 14CPOC data were corrected to �13C = -25.0 ‰VPDB to account for biological 

fractionation, to bitumen coal and humin 96H standards prepared in exactly the same 

way as sample POC to validate the sample preparation procedure, and to AMS 

standards oxalic acid, barleymash (BBM) and bulk belfast cellulose (BBC). All 14C 

data are presented here as 14C years before present (BP) and expressed at the ± 1� 

level for overall analytical confidence, which is 35 to 40 14C years for most samples. 

 

5.3.4 Other samples 

Chlorophyll a was determined as per Clarke et al. (2008) and outlined in Chapter 2. 

Macronutrient concentrations were determined by elemental analysis and the 
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nitrogen isotopic composition of nitrate (�15NNO3) was determined using the 

denitrifier method (Sigman et al., 2001) and isotope ratio mass spectrometry 

(Chapter 3). Samples for concentration of DIC and CO2 were collected and analysed 

for pH and alkalinity by Gran titration (Almgren et al., 1983). Concentrations of 

individual DIC species were then calculated from temperature, salinity, alkalinity 

and pH using the CO2SYS programme and published carbonate equilibrium 

constants (Hannson, 1973; Mehrbach et al., 1973; Dickson and Millero, 1987; Lewis 

and Wallace, 1998), as outlined in Chapter 6. Isotopic signature of DIC was analysed 

by isotope ratio mass spectrometry and �13CCO2 was calculated from �13CDIC and 

absolute temperature (Rau et al., 1996; Henley et al., 2012; Chapter 6). Analysis of 

POC and PN concentration, and �13CPOC in surface water, sediment trap and core-top 

samples was performed by elemental analysis and inline isotope ratio mass 

spectrometry, as described in Chapter 3. 
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5.4 Results 

 

5.4.1 Chlorophyll and carbon dioxide in surface waters 

Figure 5.2 shows time-series data for chlorophyll a concentration, aqueous 

concentration and partial pressure of CO2 ([CO2 (aq)] and pCO2, respectively) and 14C 

age of DIC and POC in surface waters, as well as DIC age at 100m and 500m water 

depth over the course of the 2009/10 summer growing season. pCO2 saturation 

concentration is also plotted in order to demonstrate the extent to which surface 

waters are undersaturated or oversaturated with respect to atmospheric pCO2.        

387 ppmV is used as the pCO2 saturation concentration, since it is the mean value for 

atmospheric pCO2 from 2009 and 2010 (Thomas Conway and Pieter Tans, 

NOAA/ESRL: www.esrl.noaa.gov/gmd/ccgg/trends/). The phytoplankton bloom was 

initiated in mid-November and early season chlorophyll reached 9.3 µg/L (Fig. 5.2a). 

Unfortunately, this first chlorophyll peak was missed by detailed carbon 

biogeochemical sampling due to logistical constraints. However, when the full 

sampling programme began at the beginning of December, the effect of this early 

season productivity was evident in low [CO2 (aq)] ~16 µmol/L (Fig. 5.2b), but this 

was quickly replenished by a CO2 increase concurrent with an increase in nitrate 

concentration (Chapter 3), which implicates mixing with underlying deep waters as 

the source of additional CO2. During a mid-season low productivity period, surface 

water [CO2 (aq)] was around 26 µmol/L and therefore close to equilibrium with 

atmospheric CO2 (24.5 µmol/L). In mid-January, a slight increase in chlorophyll   

(~5 µg/L) appears to drive a pronounced drawdown of CO2 to around 16 µmol/L. A 

significant late-season chlorophyll peak of 21.8 µg/L causes further drawdown of 

CO2 to a season minimum of 12.5 µmol/L. Despite a rapid input of CO2 shortly after 

the peak in productivity, [CO2 (aq)] remains undersaturated with respect to 

atmospheric CO2 until the end of the summer, when cessation of the phytoplankton 

bloom and the onset of deep winter mixing facilitate a recovery towards higher 

winter levels. 
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Figure 5.2. Time-series data showing a) chlorophyll a concentration, b) [CO2 (aq)] 

(black dots, right-hand axis) and pCO2 (purple dots, left-hand axis), c) DIC 14C age 

(light blue dots) and POC 14C age (red dots) at 15m, and DIC 14C age at d) 100m and 

e) 500m water depth. Chlorophyll a data courtesy of the British Antarctic Survey. 

Although [CO2 (aq)] and pCO2 overlap throughout, both are plotted to display the 

values of each. Dashed purple line depicts pCO2 saturation concentration of 387 

ppmV or 24.5 µmol/L. 

 

5.4.2 CO2, DIC and 14C depth profiles 

Depth profiles of whole season [DIC], pCO2 and their isotopic signatures are 

consistent with deep waters providing a source of CO2 (Fig. 5.3). Despite greater 

variability than expected, both [DIC] and pCO2 are highest and pCO2 is always 

oversaturated with respect to atmosphere in UCDW, where [DIC] is 2562 ± 124 

µmol/L and pCO2 is 972 ± 242 ppmV. Both [DIC] and pCO2 are lowest in surface 

waters: 2347 ± 94 µmol/L and 329 ± 87 ppmV, respectively, and pCO2 is often 
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undersaturated vs. atmosphere. [DIC] and pCO2 are intermediate in winter waters at 

2469 ± 135 µmol/L and 573 ± 209 ppmV, respectively. In agreement with decreasing 

concentrations from deep to surface waters, stable carbon isotope (�13C) signatures 

are lowest at depth and increase towards the surface: in UCDW, �13C of DIC and 

CO2 are 0.0 ± 1.2 ‰ and -11.7 ± 1.2 ‰, respectively, whilst that of surface waters is 

most enriched in 13C, +2.0 ± 0.5 ‰ and -9.8 ± 0.5 ‰, and winter waters exhibit 

intermediate values of +1.1 ± 0.9 ‰ and -10.9 ± 0.8 ‰. 

 

Figure 5.3. Depth profiles of a) [DIC] and �13CDIC, b) pCO2 and �13CCO2 and c) 14C 

age of DIC and nitrate concentration. All data from the RaTS site over the course of 

the season are included to show the extent of seasonal variation in each parameter. 

 

Comparable depth profile plots of 14C age of DIC and nitrate concentration both 

show a decrease from deep to surface waters (Fig. 5.3c), but with less variability at 

depth than for concentrations and �13C signatures of CO2 and DIC. [NO3
-] in winter 



Henley, 2012 

 150 

water (100m) is much closer to that in deep waters as it is predominantly controlled 

by upward mixing of the deep water source. Conversely, 100m 14C age falls within 

the range of surface water values. 

 

5.4.3 14C ages of DIC throughout the water column 

Time-series plots of DIC age confirm that there is no significant variability in Ryder 

Bay deep waters throughout the sampling period, taking into account analytical error 

(Fig. 5.2e). These deep water DIC ages in Ryder Bay, 1294 ± 76 14C years, are in 

agreement with those at comparable depths in Marguerite Bay, 1254 ± 36 14C years, 

and on the outer WAP shelf, 1335 ± 36 14C years (light grey and dark grey dots, 

respectively, Fig. 5.2e), indicating little variability in deeper water DIC age across 

the wider region. 

 

Similarly, 100m DIC age is consistent, given analytical error, in Ryder Bay 

throughout summer 2009/10 (Fig. 5.2d). 500m waters are always significantly older 

than winter waters, 1050 ± 76 14C years, and surface waters, 1022 ± 162 14C years 

(Fig. 5.2c). Concurrent winter water and surface water 14C ages are within error at 

any given time prior to the phytoplankton bloom, and then surface water DIC 

becomes younger and winter water slightly older such that surface water ages are 

significantly lower than in winter waters after the phytoplankton bloom. DIC in 

surface waters shows no significant variability early in the season, rather a gradual 

decrease from 1086 ± 37 14C years in early December to 1025 ± 35 14C years just 

prior to the peak of the late-season phytoplankton bloom. Concurrent with the peak 

of the bloom on 15th February 2010, DIC age increases rapidly to a season maximum 

of 1149 ± 35 14C years before decreasing again to a season minimum of 943 ± 35 14C 

years on 22nd February 2010 and then increasing gradually into winter. 

 

5.4.4 14C ages of POC in surface waters 

Although POC age appears to follow DIC age in some samples, there are marked 

differences in the progression of each over the course of the growing season (Fig. 

5.2c). POC age prior to the late-season chlorophyll peak is similar to 

contemporaneous DIC (1120 ± 81 14C years, n = 3). However, a clear reduction in 
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POC age is seen during the phytoplankton bloom to a season low of 947 ± 35 14C 

years, concurrent with season maximum chlorophyll concentration and CO2 

drawdown. After the peak of the bloom POC age shows a marked increase to a 

season maximum of 1377 ± 62 14C years on the final sampling day of the season, 

22nd March 2010. 

 

5.4.5 14C ages of POC sinking through the water column 

Two additional surface water POC 14C ages from mid-late summer 2004/5 are 

slightly older than for most of 2009/10, but comparable within analytical error (Fig. 

5.4). Their advantage over the higher resolution 2009/10 data is that temporally 

equivalent surface suspended, sediment trap and core-top material can all be 

compared in 2004/5. On 28th January and 1st February 2005 surface suspended POC 

age was 1227 ± 39 14C years and 1145 ± 37 14C years, respectively. Sediment trap 

material representative of the same time-slice (26th January to 7th February 2005) 

gave a POC age of 1626 ± 37 14C years at 200m water depth and 1730 ± 37 14C years 

at 512m, whilst core-top material collected on 24th January 2005 had a POC age of 

2012 ± 35 14C years. Core-top POC age in early-summer 2005/6 was 1797 ± 37 14C 

years, whilst core-top samples collected in mid-summer 2006/7 had POC ages of 

2160 ± 94 14C years (n = 2). Variability in Ryder Bay core-top POC ages of ~400 14C 

years over three growing seasons is surprising and should not be used here as a 

reliable indicator of interannual variability in 14C age of sinking and settling POC. 

The processes responsible for this variability are described in the following 

discussion. 
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Figure 5.4. 14C age of POC in surface suspended samples from 2004/5 (crosses) and 

2009/10 (circles), sediment trap samples from 2004/5 (triangles), and core-top 

sediment samples (squares) from 2004/5, 2005/6 and 2006/7. All samples are from 

Ryder Bay (RB). 
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5.5 Discussion 

 

5.5.1 14C age of DIC as a tracer of water masses 

Upper circumpolar deep waters are characteristically saline, so a good positive 

correlation between 14C age and salinity supports 14C age as a reliable tracer for these 

deep waters (r2 = 0.85, p <0.001, Fig. 5.5a). In Ryder Bay, UCDW is characterised 

by high salinity (34.64 psu) and old radiocarbon ages (1294 ± 76 14C years). 

Although correlations between 14C age and [NO3
-], [PO4

3-] and �15NNO3 are not 

strong (r2 = 0.58, 0.52 and 0.50, respectively), all are statistically significant (p 

<0.001) (Figs. 5.5b-d). A similar correlation exists between 14C age and CO2 

concentration (r2 = 0.50, p <0.001, Fig. 5.5e). Despite these relationships being 

complicated by younger 14C at 100m and non-conservative behaviour of 

macronutrients in surface waters due to biological processing and air-sea gas 

exchange, the relationships described here support the contention that 14C age of DIC 

is a robust tracer of deep waters and confirm that deep waters act as a source of CO2 

and macronutrients to surface waters. Taken together, the combination of a strong 

relationship with salinity and reasonable agreement with macronutrient signatures 

confirms that UCDW is characterised by older radiocarbon ages, and therefore that 

these older ages can be used to trace UCDW behaviour and mixing into surface 

waters. Whilst we would expect some deviation from linearity in 14C age of DIC 

between deep and surface waters due to other processes affecting 14C in the upper 

ocean, the relationships shown in Figure 5.5 show that any deviation is not sufficient 

to compromise the use of 14C as a tracer for UCDW movement over the WAP shelf. 
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Figure 5.5. Covariation plots of DIC 14C age vs. (a) salinity, (b) nitrate concentration, 

(c) phosphate concentration, (d) N-isotopic composition of nitrate, and (e) CO2 

concentration at 15m, 100m and 500m, as per legend in (a). r2 values refer to the 

regressions shown on each plot for all data across the full depth range. 

 

5.5.2 Variability in 14C age of DIC across the WAP shelf 

Figure 5.6 depicts the offshore-onshore transect at 500m water depth across the 

continental shelf into Marguerite Bay and then into Ryder Bay, and shows that deep 

water 14C age is consistent across the shelf, given analytical error. This is in 

agreement with very little variability in deep water nitrate concentration across the 
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shelf at 32.3 ± 0.50 µmol/L (1�). The 14C age of deep waters across the transect, 

1294 ± 76 14C years, is in agreement with published values for reservoir age for the 

deep Southern Ocean (1320 ± 100 14C years, Matsumoto, 2007), Ross Sea (1144 ± 

120 14C years, Hall et al., 2010) and Weddell Sea (1212 14C years, Broecker et al., 

1998). Reservoir age is not thought to show any significant spatial variability 

throughout the Southern Ocean due to rapid circumpolar water mass mixing and 

relatively short surface water residence times (Hall et al., 2010). This consistency in 

14C age along the offshore-onshore transect provides evidence for UCDW from the 

ACC being a persistent feature at depth across the WAP shelf region, which 

undergoes minimal progressive biogeochemical modification with movement across 

the shelf. There is therefore a permanent UCDW source of heat, oceanic CO2 and 

nutrients to the surface ocean, with the strength of this source determined by the 

degree of mixing between deep waters, winter waters and surface waters. 

 

 

Figure 5.6. Offshore-onshore transect of 14C age of DIC (blue circles and lines) and 

nitrate concentration (red circles and lines) from the shelf break to Ryder Bay at 

~500m water depth. From left to right, samples represent the continental shelf, 

Marguerite Bay and Ryder Bay sites identified in Figure 5.1. 

 

5.5.3 Air-sea fluxes of CO2 

14C age of DIC in surface and winter waters is significantly younger than reservoir 

age and thus shows some contribution from modern atmospheric CO2. The fact that 

DIC age at 100m is much more similar to surface than to deep values (Fig. 5.3) is in 

contrast to the water mass mixing signal below the euphotic zone, as depicted by 

[NO3
-], which shows that winter waters are dominated by the deep water nutrient 

source, rather than surface processes. This decoupling from the water mass mixing 

signal implicates an input of CO2 to the upper ocean from an external source, i.e. the 
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atmosphere. The extent of air-sea exchange of CO2 is at least partly driven by upper 

ocean stratification, due to its control on biological carbon uptake (Chapter 3), as 

well as dynamical processes regulating gas exchange across the boundary layer. The 

contribution of atmospheric CO2 to the upper ocean carbon pool is further regulated 

by stratification since the deep ocean supply of old carbon is more restricted under 

more stratified surface ocean conditions, and consequently a greater proportion of 

bioavailable CO2 is atmospheric. Stratification develops over the course of the 

growing season in response to summertime freshwater inputs (Chapter 3), and there 

is an overall gradual decline in surface water DIC 14C age throughout the growing 

season (Fig. 5.2c). This shows that the relationship expected between atmospheric 

CO2 contribution to DIC and upper ocean stratification is expressed in Ryder Bay 

and that the gradual decline in 14C age of surface waters over the 2009/10 summer 

season is attributable to an increasing proportion of atmospheric CO2 as stratification 

develops. The atmospheric contribution is much clearer in 14C than in �13C or 

concentration of CO2 or DIC (Fig. 5.3), which are complicated by water mass 

mixing, diffusive processes and biological uptake. The conservative behaviour of 14C 

signature in DIC makes it an important tracer of atmospheric CO2 in the ocean. The 

large difference in 14C end member values between atmospheric and oceanic CO2, 

particularly in the coastal Southern Ocean with its very old reservoir age, provides 

the ideal opportunity for examining ocean-atmosphere CO2 exchange.  

 

This study employs a simple two end-member mixing model between the oldest deep 

water age observed in Ryder Bay, 1325 14C years, and the 14C signature of 

atmospheric CO2 extrapolated from Southern Hemisphere trends since the late 1960s, 

+100 ‰ or -765 14C years (Manning and Melhuish, 1994; Hua and Barbetti, 2004). 

These end-member values were used to calculate the relative proportions of modern 

atmospheric CO2 and old oceanic DIC required to produce DIC ages at each depth 

over the course of the time series, according to Equations 5.1 and 5.2, respectively. 

%atmc is the percentage contribution of atmospheric CO2 to surface water DIC, 

14CUCDW is the 14C age of the UCDW end-member (1325), 14Csam is the 14C age of the 

sample, 14Catmc is the 14C age of the atmospheric CO2 end-member (-765), 14Cres is a 

representative value of Southern Ocean reservoir age (1300) and %ocean is the 
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percentage contribution of oceanic CO2 to surface water DIC. An example 

calculation is also given for the first 15m sample of the growing season taken on 2nd 

December 2009, with a DIC age of 1086 14C years. 
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The contribution of atmospheric CO2 to surface water DIC is 30 to 48 %, with a 

gradual increase over the course of the growing season, as explained above. The 

exception is the 15th February 2010 sample when atmospheric contribution decreases 

to only 22 %, which could be indicative of an input of oceanic CO2 from depth or 

removal of atmospheric CO2 leaving a greater proportion of older carbon. The fact 

that this reduction in atmospheric percentage occurs concurrent with the peak of the 

phytoplankton bloom makes it likely that rapid preferential removal of atmospheric 

CO2 during peak productivity is the driving mechanism. This is particularly the case 

since an input of older CO2 from depth would be accompanied by an input of 

isotopically light nitrate and an increase in surface ocean salinity, neither of which 

are seen here (data not shown). Atmospheric contribution to winter water DIC was 

30 to 38 %, which is within the range of surface water estimates and shows at least 

partial equilibration between surface and winter waters and consequent penetration 

of atmospheric CO2 to at least 100m water depth. A significant atmospheric 

contribution does not penetrate down to 500m, where old oceanic CO2 dominates the 

14C signal 91 to 100 %. This is not surprising since deep water DIC 14C ages are old 

and show little variability throughout the growing season, and the oldest UCDW 

value observed is the oceanic CO2 end-member. These calculations of atmospheric 
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CO2 percentages compare well (within 10 %) with similar estimates based on 

�
13CCO2 in surface waters and are in broad agreement deeper in the water column 

(data not shown), but variability is more pronounced in 14C, as explained above. 

 

The significant flux of atmospheric CO2 into the coastal Antarctic surface ocean is 

likely enhanced by the cooling of deep water masses as they move towards the ocean 

surface, in contrast to the majority of ocean regions where deep waters warm towards 

the surface (Sverdrup et al., 1942; Defant, 1961; Mamaev, 1975). CO2 solubility 

increases at lower temperatures, so this cooling renders ocean waters less saturated 

with respect to atmospheric CO2 and facilitates a greater oceanic CO2 uptake. The 

uptake of atmospheric CO2 into the surface ocean creates the potential for a regional 

summertime carbon sink and a negative climate feedback, even in a region of 

vigorous upwelling. However, in order to be removed from the atmosphere over 

sufficiently long timescales to be useful in terms of climate, this atmospheric CO2 

must be assimilated into phytoplankton material. 

 

5.5.4 14C ages of POC and assimilation of atmospheric CO2 

Throughout the high productivity austral summer, POC ages are always younger than 

reservoir age, thus indicating a contribution from atmospheric CO2. However, there 

is no good relationship between POC 14C age and DIC 14C age, even when the peak 

bloom and end of season samples (circled in red) are discounted due to significant 

decoupling of POC and DIC age (r2 = 0.467, p = 0.317; Fig. 5.7).  
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Figure 5.7. Plot of concurrent POC 14C age vs. DIC 14C age in surface waters. Data 

points circled in red are from the peak of the bloom and the end of the season when 

DIC and POC ages are significantly decoupled; these data are excluded from the 

regression presented. 

 

Instead, POC age demonstrates a strong negative correlation with concentration of 

chlorophyll a (r2 = 0.793, p = 0.017, n = 6; Fig. 5.8a) and POC itself (r2 = 0.658, p = 

0.027, n = 7; Fig. 5.8b). The only data point to fall off this relationship is the end of 

season POC surface sample, which is significantly older and likely to be affected by 

older material carried into surface waters from depth due to the onset of winter 

mixing. Dilution of significantly smaller amounts of fresh phytoplankton material by 

older allochtonous particles during lower productivity times may play a minor role in 

the relationship between POC age and standing stock observed here. However, this is 

unlikely to be an important factor since exogenous particles would be significantly 

older and cause much larger differences in POC age than seen over most of the 

season, as with the end of season sample discussed above. As such, the reduction in 

POC age when productivity and CO2 drawdown are at a maximum strongly suggests 

that it is the relative contribution of CO2 from different sources that acts as the main 

control on radiocarbon signatures in POC. POC 14C ages can then be used to estimate 

the proportion of CO2 taken up that is atmospheric vs. oceanic in origin. 
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Figure 5.8. x-y plots of POC 14C age vs. (a) chlorophyll a concentration and (b) POC 

concentration in surface waters. Data point circled in red in each plot is the end of 

season outlier, which is excluded from the regression (see text). 

 

Using the identical two end-member mixing model as for DIC (Eq. 5.1), the 

contribution of modern atmospheric CO2 to POC is 21 to 48 % over the season, with 

a smaller contribution at times of lower productivity. Prior to the mid-February 

phytoplankton bloom, the atmospheric contribution to POC was 21 to 31 % and after 

the cessation of the bloom, atmospheric CO2 accounted for 32 % of POC. 

Conversely, atmospheric CO2 contribution to POC was significantly higher during 

the phytoplankton bloom: 42 to 48 %. Time-series data show that surface water 

pCO2 was at its minimum during the phytoplankton bloom, as a result of biological 

carbon uptake (Fig. 5.2b). Taken together, pronounced drawdown of pCO2 and POC 

14C ages significantly younger during high productivity periods provide compelling 

evidence that phytoplankton blooms take up sufficient CO2 so that surface waters 

become undersaturated with respect to atmosphere and surface water pCO2 is 

controlled principally by biological processes rather than deep water supply. Under 

these conditions, air-sea equilibration introduces atmospheric CO2 to the surface 

ocean (Kanwisher, 1963) such that there is a significant air-sea flux of CO2 at the 

WAP, which is assimilated into organic matter. Accordingly, the greater the 

magnitude of the phytoplankton bloom, the greater is the drawdown and 

undersaturation of CO2, so the greater is the air-sea CO2 flux and the greater is the 

assimilation of atmospheric CO2 into organic matter. The fact that POC is younger 

than ambient DIC at the peak of the bloom shows that phytoplankton must 
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preferentially select for younger atmospheric CO2 rather than older CO2 from the 

deep ocean. The mechanism responsible for this preference is unknown, but may be 

related to phytoplankton taking up atmospheric CO2 prior to isotopic equilibration 

with the surface ocean DIC pool. In any case, the potential of the CO2 sink and a 

productivity-driven negative feedback to the ongoing anthropogenic increase in 

atmospheric CO2 is heightened under bloom conditions, because not only does 

higher biological production amount to a greater carbon drawdown, but of the larger 

amount of carbon drawn down, a greater proportion is climatically relevant modern 

atmospheric CO2. 

 

Cumulative POC produced over the course of the 2009/10 growing season, as 

inferred from summing all increases in [POC] between two consecutive sampling 

events, was 194 µmol/L (Chapter 3). If % atmospheric CO2 contribution to POC at 

the time of each [POC] increment is taken into account, then total atmospheric CO2 

assimilated into POC over summer 2009/10 is ~60 µmol/L. In this calculation, 

atmospheric CO2 percentages were linearly interpolated over the whole season and 

then each increment in POC concentration was multiplied by the relevant percentage 

to give the amount of atmospheric CO2 taken up by each [POC] increment. The 

seasonal value for total atmospheric CO2 assimilated into POC (~60 µmol/L) is then 

the sum of these individual values for atmospheric CO2 uptake. ~60 µmol/L is in 

agreement with total season CO2 drawdown estimated from surface water [CO2 (aq)] 

data, which when all reductions in [CO2 (aq)] between consecutive sampling events 

are taken as biological carbon uptake, show a total drawdown for summer 2009/10 of 

59 µmol/L. These estimates are both surprisingly low and likely to constitute 

minimum estimates, due to variability in both [CO2 (aq)] and [POC] not detected at the 

twice-weekly sampling resolution employed here. Cumulative POC itself is a 

minimum estimate of total POC produced, since it does not account for production of 

organic material which may be masked by concurrent loss due to grazing, 

remineralisation or export between two time-points. Similarly, time-series [CO2 (aq)] 

may mask significant variability due to air-sea gas exchange and carbonate 

equilibrium processes, such that total season CO2 drawdown is also a minimum 

estimate and the agreement with cumulative POC is probably coincidental. 
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Furthermore, if these estimates were accurate, then their similarity would suggest 

that all CO2 assimilated was modern atmospheric CO2, which would be in contrast to 

the evidence from POC age described here. A more reasonable estimate for total 

seasonal drawdown of atmospheric CO2 is likely to arise from calculations based on 

nitrate drawdown, which depicts biological uptake without the confounding effects 

of air-sea exchange and chemical equilibria. Total nitrate drawdown over the course 

of the growing season, as calculated by summing all reductions in [NO3
-] between 

consecutive sampling events, was 57 µmol/L (Chapter 3). If we assume 

stoichiometric carbon and nitrogen assimilation into organic material, then total 

biological CO2 drawdown was ~375 µmol/L, based on Redfield ratios (6.6; Redfield 

et al., 1963). Based on an atmospheric CO2 contribution to organic carbon of 21 to 

48 %, total biological drawdown of climate-relevant atmospheric CO2 would be 79 to 

180 µmol/L over the course of the growing season, or 0.8 to 1.8 µmol/L/day during 

summer, in Ryder Bay. Although no more precise calculation is possible, it is likely 

that removal of atmospheric CO2 is towards the upper end of these estimates since 

total carbon drawdown is greater when a larger proportion of CO2 assimilated into 

POC is atmospheric. In order for this CO2 to be effectively sequestered, the organic 

matter produced must be exported and buried in marine sediments, rather than 

remineralised in the water column or at the sediment-water interface. 

 

5.5.5 POC export and changes in 14C age upon sinking 
14C age in POC increases down the water column from surface suspended 

particulates to the shallow sediment trap and subsequently to the deeper sediment 

trap and core-top sediments (Fig. 5.4). As such, 14C age of sinking POC is not 

representative of surface water values. This down-depth increase in 14C age of POC 

does not appear to be related to the DIC age of the ambient water, since surface 

suspended POC is normally within 100 years of equivalent DIC, and always within 

200 years, even with significantly older DIC and youngest POC at the peak of the 

phytoplankton bloom. Conversely, both sediment trap and core-top values are 

significantly older (>300 14C years) than ambient DIC.  
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Sediment trap material is not thought to be contaminated by the formaldehyde-

preservative used to prevent biological activity, despite its potential to contaminate 

samples due to its petroleum origin and very old 14C age. If formaldehyde 

contamination had occurred, a signal would also be evident in �13C, since 

formaldehyde has a �13CPOC 30 to 40 ‰ lower than living marine organisms (Honda, 

1996). In agreement with insufficient formaldehyde-carbon being added to sediment 

trap organic material to alter �13CPOC (Altabet, 2001), it is valid here to interpret the 

lack of a formaldehyde-derived signal in �13CPOC as there being no appreciable 

formaldehyde-contamination of POC with respect to 14C.  

 

The gradual increase in POC age below the euphotic zone may be indicative of 

biological or chemical alteration of organic matter during sinking through the water 

column, since the younger more labile fraction would be degraded preferentially. 

Alternatively or in addition, there may be some combination of processes adding 

POC from sources other than fresh phytoplankton material from the overlying water 

column, namely lateral advection of fresh or resuspended sedimentary POC or input 

of terrestrially or glacially-derived particles. Sinking POC age may also be modified 

by biological or sorptive incorporation of dissolved organic carbon (DOC) during the 

sinking process. Down-depth degradation of organic material and preferential loss of 

younger more labile carbon is highly probable, but would not alter 14C sufficiently to 

drive the down-depth changes in POC age seen here. This implicates an input of 

POC to sinking material other than just fresh phytoplankton material from the 

overlying water column. 

 

In the coastal Antarctic environment, allochtonous POC is likely to be derived from 

lateral advection of fresh phytoplankton material from upstream in the regional 

circulation system (Dinniman and Klinck, 2004). However, the residence time of 

phytoplankton in the WAP surface ocean is highly unlikely to exceed one year, due 

to intense winter mixing and dispersal of phytoplankton stocks (Lourey et al., 2003). 

As such, any fresh phytoplankton material would be of a similar age to that in Ryder 

Bay surface waters and would exert no discernible effect on sediment trap POC age. 
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Alternatively, upstream remobilisation of bottom sediments and lateral transport in 

deep currents, or local resuspension in Ryder Bay, would act as sources of older 

carbon, and can render sediment trap POC significantly older than contemporaneous 

surface suspended material (Honda et al., 2000; Hwang et al., 2010). This 

mechanism would also explain why sediment trap 14C ages are intermediate between 

surface suspended and core-top values, with the deeper trap closer to the sediment 

source being older than the shallower trap closer to the surface source of younger 

POC. Plots of �14CPOC vs. �13CPOC can be used to identify samples with a significant 

sedimentary component due to resuspension and lateral transport (Druffel et al., 

1998). Figure 5.9 shows no statistically significant relationship between �14CPOC and 

�
13CPOC in surface waters (r2 = 0.541, p = 0.06, black circles in Fig. 5.9). All samples 

falling below �14CPOC = -150 ‰ (dashed grey line in Fig. 5.9) are likely to be 

influenced by sediment resuspension, as this value corresponds to reservoir age of 

1300 14C years. If the low �13CPOC (<-24 ‰) surface samples are discounted since 

they are from the mid-season low-productivity period and likely influenced by 

isotopically light Phaeocystis antarctica (Kopczynska et al., 1995; data not shown), 

then a significant and strong trend emerges (r2 = 0.847, p = 0.013; red circles and line 

in Fig. 5.9). This trend may depict a mixing line between old sedimentary POC, such 

as that found in Ryder Bay core-top material, and fresh phytoplankton material at the 

ocean surface.  
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Figure 5.9. x-y plot of �14CPOC vs. �13CPOC in surface waters (black circles), sediment 

traps (black triangles) and core-top sediments (black squares). Red circles highlight 

all samples not thought to be affected by species effects on � and red regression line 

shows the relationship between �14CPOC and �13CPOC for those samples. Dashed grey 

line depicts �14CPOC of reservoir age. See text for more information. 

 

A simple two end-member mixing model based on minimum surface water and 

maximum sediment core-top POC age in 2004/5 (1145 and 2012 14C years, 

respectively) suggests that 45 % of POC in the 200m sediment trap is from the 

summer phytoplankton bloom and 55 % is remobilised from the ocean floor. Only 

temporally equivalent surface suspended, sediment trap and core-top values from 

2004/5 are used in this model to avoid complications associated with potential 

interannual variability in DIC and POC 14C ages, which is beyond the scope of the 

current study. This 55 % sedimentary input is significantly larger than values 

reported in the literature, even in areas characterised by substantial nepheloid layers 

(e.g. 30 ± 10 % at the New England margin; Hwang et al., 2009). Such nepheloid 

layers have not been identified along the WAP, so are unlikely to account for the 

high sedimentary input suggested by this simple model. Further, a dominant down-

depth control by sediment-derived material would be expected to cause a progressive 

POC:PN increase with depth. POC:PN is lowest and characteristic of fresh 

phytoplankton material (5.67) in surface waters, but rather than showing a gradual 

increase with depth, POC:PN peaks at 8.7 in the 200m sediment trap before 
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decreasing to the deeper trap and core-top sediments (Fig. 5.10). POC:PN values thus 

contest bottom-up input of old sedimentary carbon as the only factor increasing the 

age of POC in Ryder Bay sediment traps, and it appears that the two end-member 

mixing model between fresh and sedimentary POC is too simplistic. 

 

 

Figure 5.10. Down-depth trend in POC:PN ratio from surface waters (black circles) 

to sediment traps (black triangles) and core-top sediments (black squares). Curved 

black line shows down-depth trend in POC:PN, horizontal dotted line shows the 

approximate bottom of the surface layer and horizontal solid line shows the ocean-

sediment interface. 

 

Terrestrially-derived lithogenic carbon also has the potential to increase the age of 

sediment trap POC (Kawahata and Murayama, 2000; Venkatesan et al., 2004). In the 

coastal WAP region, the greatest terrestrial source is likely to be associated with 

glacial flour released to the upper water column in a glacial meltwater lens (Dierssen 

et al., 2002). Whilst much of this material is advected away from the coast, some is 

likely to sink and thus act as a top-down supply of old carbon more prevalent closer 

to its surface ocean source. This glaciolithogenic component is not evident in surface 

waters since concentrations of glacial flour are sufficiently low for their 14C signature 

to be swamped by fresh organic material. 
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Incorporation of DOC by sorptive or biological processes has also been shown to 

increase the age of POC at depth in the water column (Druffel et al., 1992, 1996; 

Druffel and Williams, 1990). This is not likely to be significant in the highly 

productive surface ocean because most of the DOC is likely to be newly produced 

during the phytoplankton bloom. However, DOC age in ACC waters in the open 

Southern Ocean is ~5,000 14C years (Druffel and Bauer, 2000) and therefore UCDW 

is likely to transport significantly older DOC to the inner WAP, which, if 

incorporated into POC, would increase the age of deeper sediment trap and core-top 

material.  

 

None of these processes alone can explain the observed down-depth trends in 14C age 

and POC:PN. However, the apparent mismatch can be reconciled by a combination 

of all of the above, with the balance of dominant control shifting down the water 

column. At any particular time or depth in the water column, more than one process 

is probably occurring and chemical and biological alteration of organic particles is 

likely ongoing throughout the sinking process. In the surface ocean, the dominant 

control on POC 14C age is biological production and CO2 uptake by phytoplankton, 

with the relative contributions to POC of modern atmospheric CO2 vs. old oceanic 

DIC playing a vital role. The only exception to this is the end-of-season sample taken 

on 22nd March 2010 which has a POC 14C age of 1377 14C years, significantly older 

than all other surface ocean samples. This increase in age is consistent with the onset 

of deep winter mixing bringing older material to the surface in upwelling UCDW, 

which dilutes the already-subsiding standing stocks of fresh phytoplankton and 

increases the apparent age of bulk POC. At 200m, the export flux of surface water 

POC is significantly lower than concurrent surface ocean standing stocks (Weston et 

al., submitted), and therefore sinking glacial lithogenic material, which was swamped 

in surface waters, becomes the dominant control on the 14C age of POC and drives 

POC:PN high. With an increase in depth in the water column, this glacial 

contribution diminishes, causing a gradual decline in POC:PN. Consequently, POC 

age in the 512m sediment trap is most strongly influenced by entrainment and lateral 

transport in UCDW of older sedimentary POC, with a possible contribution from old 

ACC-derived DOC. Lower POC:PN values in core-top sediments contest the 
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explanation of older 14C ages by input of “relict” terrestrial organic matter found in 

surface sediments from other regions of the Antarctic continental shelf (Licht et al., 

1996; Andrews et al., 1999; Ohkouchi and Eglington, 2006). This lends support to 

core-top POC ages being influenced primarily by marine sediment reworking, 

remineralisation and a possible contribution from DOC incorporation, rather than 

terrestrial inputs. Whilst core-tops sediments are expected to integrate POC 

signatures over longer periods than the sub-annual timescale recorded in sediment 

traps and surface waters, the variability of ~400 14C years over three growing seasons 

seen here is large. This variability is likely to be driven by the different processes 

acting on core-top ages at different times in the annual cycle. For example, a larger 

input of fresh phytoplankton material in summer would reduce core-top 14C age, 

whilst remineralisation during autumn and winter, sediment reworking year-round 

and a possible role for terrestrial inputs from glacial meltwater would all increase 14C 

age. Despite this variability, core-top 14C ages are consistently older than those in the 

overlying water column, such that there is always a down-depth increase in 14C age 

of POC. 

 

A similar down-depth pattern is not observed in �13CPOC signatures, which are 

faithfully transferred from surface waters to sediment traps and underlying sediments 

(Henley et al., 2012). This suggests that biological productivity and community 

composition are the main controls on �13CPOC and that any small amount of 

exogenous organic material at depth does not affect �13CPOC in the same way as it 

does �14CPOC and POC:PN. This is likely because the difference in �13CPOC between 

fresh phytoplankton material and exogenous organics is significantly smaller than for 

�
14CPOC and POC:PN, which are more strongly influenced by provenance and 

diagenetic alteration of organic material with depth in the water column. 

 

5.5.6 Potential for export of atmospheric CO2 

Although the 14C age of POC at depth in the water column is not representative of 

organic material produced in surface waters, there exists the potential for POC to be 

exported and deposited at the sea floor such that the atmospheric CO2 synthesised 

may be sequestered over timescales relevant to climate. It has been shown that 
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despite the significant CO2 flux into the Southern Ocean, export fluxes are low and 

so there is little long-term storage of CO2 (Caldeira and Duffy, 2000; Ducklow et al., 

2008). However, this study has shown that productivity in Antarctic coastal waters 

can be sufficient to drive a minimum in pCO2 and consequently create local spring 

and summertime sinks for CO2, with the potential for carbon export. Chapter 3 

showed that summer 2009/10 was characterised by a late-season phytoplankton 

bloom and Chapter 4 postulated that a significant proportion of organic matter 

produced during this bloom was efficiently exported at the cessation of the bloom 

and onset of winter mixing. This is supported by evidence for upward mixing of 

older material from depth in the end of season surface sample (22nd March 2010), 

which was likely accompanied by concurrent downward mixing of fresh surface 

material. Unfortunately sediment trap data are not available to confirm the extent of 

export during summer 2009/10. However sediment trap data from 2004 to 2007 show 

that export fluxes are greater under better-mixed upper ocean conditions than when 

stratification was strong enough to isolate the upper ocean from exchange with 

underlying waters (Chapter 4; Clarke et al., 2008; Weston et al., submitted). If the 

well-mixed upper ocean conditions prevalent throughout summer 2009/10 also led to 

efficient export of fresh organic material, as suggested by �15NPN modelling and 

biogeochemical indicators (Chapter 4), then a significant proportion of the 

atmospheric CO2 assimilated into POC in the surface environment may be 

transferred to depth, for burial in marine sediments.  

 

Continental shelf sediments are known to be loci of rapid organic matter cycling 

(Hedges et al., 1988; Emerson and Hedges, 1988; Hulth et al., 1997; Arthur et al., 

1998; de Haas et al., 2002). As such, if atmospheric CO2 assimilated into POC is to 

be sequestered over longer timescales with relevance for global climate, then that 

POC must be transported off the continental shelf and buried in deep sea sediments. 

The “continental shelf pump” (Tsunogai et al., 1999) is potentially significant in this 

region of Antarctica; however a detailed examination of this mechanism is beyond 

the scope of the current study. Nevertheless, high productivity, biological uptake of 

atmospheric CO2 and oceanographic conditions conducive to particle export create a 

summertime CO2 sink with the potential for long-term sequestration of atmospheric 
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CO2. In order for the coastal WAP region to act as an overall CO2 sink and provide a 

negative feedback to ongoing anthropogenic climate change, the strength of the 

summertime sink must exceed that of the wintertime source driven by upwelling and 

thermodynamic controls (Carrillo et al., 2004), and this is the subject of continuing 

research. 

 

5.6 Conclusions 

 

Radiocarbon signatures of dissolved inorganic carbon show that UCDW is a 

persistent feature at depth across the WAP continental shelf over the course of a 

growing season, and undergoes little progressive modification with respect to its 

carbon biogeochemistry with movement across the shelf. The proximity of this deep 

water mass to the ocean surface creates the potential for considerable supply of heat, 

nutrients and CO2 to the surface ocean via upwelling and vertical mixing, with 

significant implications for ocean-atmosphere fluxes and the rapid warming 

occurring at the WAP. The degree of exchange is controlled by upper ocean 

stratification, which shows a close relationship with surface water DIC age, due to its 

regulation of the supply of older CO2 from below and, to a lesser extent, modern CO2 

from above.  

 

DIC ages significantly younger than Southern Ocean reservoir age in surface and 

winter waters reflect a significant contribution from modern atmospheric CO2, which 

penetrates below the surface layer, even in this nearshore upwelling location. This 

study demonstrates a striking correlation between POC age and chlorophyll 

concentration, such that POC age is younger at times of higher productivity. This 

relationship shows that when productivity is higher, POC comprises a greater 

contribution from atmospheric CO2. Low surface water pCO2 and the greater 

atmospheric CO2 contribution to POC, as inferred from young POC ages, throughout 

the phytoplankton bloom shows that higher productivity leads to a larger surface 

ocean CO2 deficit and consequently a greater influx of atmospheric CO2, for 

incorporation into organic matter. It is then clear that biological carbon drawdown at 

the coastal WAP during the productive summer months exceeds carbon supply from 
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deep waters, so that surface waters remain undersaturated with respect to 

atmospheric pCO2 and a significant air-sea flux of CO2 is sustained. Assimilation of 

this modern atmospheric CO2 into organic material thus creates a biologically-

mediated summertime sink for CO2 in this environment.  

 

For atmospheric CO2 taken up in surface waters to be removed from the atmosphere 

over timescales relevant to climate, the POC assimilated must be exported and buried 

in marine sediments, rather than remineralised. POC age shows a marked increase 

with depth such that radiocarbon signature of fresh POC does not appear to be 

preserved in sinking particles, so cannot be used as an indicator of atmospheric 

carbon export. This is likely the result of a combination of chemical and biological 

alteration throughout the sinking process, input of terrigenous, glaciogenic and/or 

resuspended sedimentary particulates and possible incorporation of old DOC. 

Although export of atmospheric CO2 cannot be directly quantified, high productivity, 

significant biological drawdown of atmospheric CO2 and oceanographic conditions 

conducive to particle export create the potential for the coastal WAP region to act as 

a net sink for atmospheric CO2. This would have profound implications for the 

continuing debate over whether the Southern Ocean is a net source or a net sink for 

CO2 and therefore its role in regulating global climate. 
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6 The CO2 system in northern Marguerite Bay and implications for the 
wider western Antarctic Peninsula region in the context of ongoing 
climate change 

 

6.1 Abstract 

Oceanic uptake of carbon dioxide (CO2) has played a vital role in mitigating the 

anthropogenic increase in this greenhouse gas. The Southern Ocean has the highest 

anthropogenic CO2 inventory in the global ocean and is therefore a highly important 

region of this air-sea gas exchange. Building on Chapter 5, this study provides a 

comprehensive examination of the key controls on carbon cycle processes and the 

interannual variability in the CO2 uptake capacity of the ocean west of the Antarctic 

Peninsula. The relationships between the oceanic supply of CO2, biological 

productivity and nutrient dynamics, the extent of air-sea equilibration and the 

functioning of the ocean carbonate system are explored in this context. Surface 

waters are found to be consistently undersaturated with respect to atmospheric CO2 

during austral summer, such that air-sea equilibration drives a flux of CO2 into the 

ocean, and this CO2 is assimilated by phytoplankton, creating a sink for atmospheric 

CO2 in most summer seasons. It is shown that a relationship exists between CO2 and 

nitrate concentration such that nitrate drawdown to ~10 µmol/L corresponds to pCO2 

undersaturation in surface waters, thus biological CO2 uptake can be parameterised 

in terms of nitrate utilisation with utility over larger spatial and temporal scales. This 

chapter reveals significant interannual variability in CO2 dynamics regulated by the 

relationship between sea ice variability and productivity, by which the surface water 

CO2 depletion is markedly reduced in a low sea ice, low productivity year. In fact, 

the decline in biological uptake of atmospheric CO2 between a high productivity sea 

ice-influenced year and a low sea ice low productivity year is at least 2-fold, and may 

be as much as 5-fold. As such, although the west Antarctic Peninsula region is 

currently a biologically-mediated summertime carbon sink, ongoing climate change 

may compromise this ability to take up CO2 in the future. In addition to summertime 

sink behaviour, this study uses interannual variability in carbon export fluxes to 

examine the capacity of the longer-term CO2 sink and the potential for a negative 

climate feedback in this rapidly warming region of the Southern Ocean. 
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6.2 Introduction 

 

6.2.1 The marine carbon cycle 

The marine carbon cycle is controlled by biological, chemical and physical processes 

that transfer carbon between different dissolved and particulate phases. The dissolved 

inorganic carbon (DIC) pool consists of bicarbonate ions (HCO3
-), carbonate ions 

(CO3
2-) and dissolved carbon dioxide (CO2 (aq)), and is mostly supplied to surface 

waters from the deep ocean. CO2 is also transferred across the ocean-atmosphere 

interface, by degassing when the partial pressure of CO2 (pCO2) in surface waters 

exceeds that of the atmosphere (i.e. when surface waters are oversaturated with 

respect to atmosphere), and by dissolution when surface waters are undersaturated. 

The rate of this exchange is dependent on the solubility of CO2, as regulated by 

ocean temperature and salinity, wind speed and ocean-atmosphere pressure gradient 

(Hjalmarsson et al., 2010). CO2 is assimilated into particulate organic carbon (POC) 

during phytoplankton photosynthesis in the well-lit surface ocean. Under certain 

environmental conditions, phytoplankton may also assimilate HCO3
- (e.g. Tortell et 

al., 1997). Once produced, POC is either respired to CO2, remineralised by microbial 

activity to dissolved organic carbon (DOC) and subsequently DIC in the surface 

ocean, or exported to depth in the water column. Microbial decomposition proceeds 

with depth in the water column and at the ocean-sediment interface, such that over 90 

% of POC exported from surface waters is remineralised before burial in marine 

sediments (Libes, 1992). Organic matter is also recycled within sediments by 

anaerobic diagenetic processes such as sulphate reduction and fermentation (e.g. 

Sweeney and Kaplan, 1980; Weston and Joye, 2005). Continental shelves are loci of 

intense sedimentary organic matter recycling (Emerson and Hedges, 1988; de Haas 

et al., 2002), so in order to facilitate long-term carbon burial, POC must be 

transported off the shelf and buried in deep ocean sediments. The “continental shelf 

pump” has been proposed as an important mechanism in this regard, whereby 

dissolved and particulate organic matter is transported off-shelf by regional ocean 

currents and deposited on the adjacent ocean floor (Tsunogai et al., 1999). Despite a 

relatively small proportion of primary production being transported to the ocean 

floor, organic matter burial in marine sediments is a significant carbon reservoir and 
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facilitates long-term sequestration of atmospheric CO2. As well as being buried in 

sediments, organic matter can be transported by deep sea currents, where further 

remineralisation occurs. Progressive degradation of organic material uses up oxygen 

and releases CO2, nitrate and phosphate, such that deep waters exhibit 

characteristically high concentrations of CO2 and nutrients, and depletion of O2. 

 

6.2.2 The carbonate system 

The DIC pool is regulated by chemical equilibria between HCO3
-, CO3

2- and CO2, 

which act to buffer changes in CO2 concentration ([CO2 (aq)]) driven by ocean-

atmosphere equilibration processes and biological activity. The carbonate system 

equilibrium is defined by Equation 6.1. When CO2 is removed by degassing or 

biological uptake, the equilibrium shifts towards CO2 by consuming HCO3
- and 

CO3
2-. Conversely, an increase of [CO2 (aq)] due to respiration, remineralisation or 

atmospheric input forces the equilibrium towards HCO3
- and CO3

2-
, by producing 

carbonic acid (H2CO3), which dissociates to HCO3
- and CO3

2-. These equilibrium 

processes are regulated by ambient pH, such that under lower pH conditions, the 

equilibrium shifts towards CO2 and under higher pH conditions, the equilibrium 

shifts towards carbonate and bicarbonate. By buffering variability in [CO2 (aq)], 

carbonate system equilibrium processes can act to increase the capacity of the 

surface ocean to absorb atmospheric CO2. 

 

−+−+
+⇔+⇔⇔+

2

333222 2 COHHCOHCOHOHCO                               Eq. 6.1 

 

6.2.3 Carbon isotope biogeochemistry 

All carbon cycle processes may involve an inherent isotopic fractionation effect, 

since the lighter 12C isotope is energetically favoured in kinetic and equilibrium 

processes. These processes thus impact upon the stable carbon isotopic signature of 

CO2 (�13CCO2), DIC (�13CDIC) and POC (�13CPOC). Biological uptake discriminates 

against 13C, due to preferential assimilation of 12C, such that the POC product is 

isotopically lighter than the DIC reactant, and DIC becomes progressively enriched 

in 13C as utilisation proceeds. In general, 12C-enriched POC is also preferentially 
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remineralised. Although this can be complicated by differential remineralisation of 

different compound classes (e.g. lipids, amino acids etc.), with different 13C 

signatures, for the most part, organic matter remineralisation returns isotopically 

light carbon to the DIC pool and leaves the residual POC enriched in 13C (Lourey et 

al., 2004 and references therein). As a result of progressive degradation of organic 

material transported through the thermohaline circulation, and consequently 

progressive release of isotopically light carbon, deep ocean DIC has a 

characteristically light carbon isotopic signature. Ocean-atmosphere gas exchange 

does not exert a strong isotopic fractionation on CO2, so surface water CO2 

introduced across the boundary layer has an isotopic signature similar to that of 

atmospheric CO2, currently around -7 ‰ (Clark and Fritz, 1997). Carbonate 

equilibrium exchange drives isotopic enrichment as CO2 (aq) dissociates to HCO3
- and 

CO3
2-, whilst conversion of HCO3

- and CO3
2- to CO2 (aq) discriminates against the 13C 

isotope. As such, the stable carbon isotopic signature of CO2 (aq) is significantly lower 

than that of HCO3
- and CO3

2-. This study examines �13CCO2 in the context of deep 

ocean supply and biological uptake. Carbonate system equilibrium fractionation is 

not relevant to this end and is not examined further. Isotopic signature is expressed in 

the delta permil notation vs. Vienna Pee Dee Belemnite (�13C ‰ VPDB), as defined in 

Equation 6.2, where (13C/12C)sam and (13C/12C)ref are the isotope ratios of the sample 

and reference standard, respectively.  
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6.2.4 Carbon and nitrogen cycle coupling 

The marine carbon cycle is closely coupled to the marine nitrogen cycle. During 

photosynthetic CO2 uptake, phytoplankton also take up nitrogen, as nitrate in a new 

production regime and as ammonium, urea and dissolved organic nitrogen (DON) 

when regenerated production is dominant (Dugdale and Goering, 1967). Similarly, 

organic matter decomposition releases nitrogen compounds as well as DOC and DIC. 

Carbon, nitrogen and phosphorus are assimilated and remineralised in constant 

proportions, according to the Redfield ratio 106C:16N:1P (Redfield et al., 1963). In 
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Ryder Bay, nitrate is the dominant nitrogen substrate, as shown by an f-ratio (nitrate 

uptake vs. total nitrogen uptake) of 0.71 to 0.88 (Weston et al., submitted). As such, 

nitrate uptake provides an indication of the biological drawdown of atmospheric 

CO2, independent of air-sea exchange or carbonate system equilibration processes. 

Nutrient-replete conditions throughout the study period and over longer timescales 

throughout the WAP region (Chapter 3; Serebrennikova and Fanning, 2004; 

Ducklow et al., 2007) dictate that CO2 drawdown is not inhibited by macronutrient 

limitation in this region. 

 

6.2.5 The Southern Ocean CO2 system 

The Southern Ocean is one of the largest upwelling centres in the global ocean, 

where CO2-rich deep waters are brought to the ocean surface, with the potential for a 

significant flux of CO2 from the deep ocean to the atmosphere. However, despite its 

overall high nutrient low chlorophyll (HNLC) status, significant areas of the 

Southern Ocean are characterised by high biological productivity (Arrigo et al., 

1998), which draws down CO2 and may counteract or reverse the supply of deep 

ocean CO2 to the surface environment. This is particularly true of the high 

productivity coastal regions, where summertime chlorophyll a concentrations are 

frequently in excess of 20 µg/L (Smith and Nelson, 1985; Karl et al., 1992; Ducklow 

et al., 2006; Clarke et al., 2008). Further, the Southern Ocean consists of large areas 

of deepwater formation, which with high biological productivity and an influx of 

atmospheric CO2 to the surface ocean, provide an important pathway for CO2 

transport to the deep ocean. The balance between these processes determines the 

extent to which the Southern Ocean acts as a source or a sink for atmospheric CO2, 

with strong implications for the vital role it plays in regulating global climate. At 

present, the Southern Ocean acts as an overall sink for atmospheric CO2, because the 

summer sink driven by biological CO2 uptake is stronger than the winter source 

driven by intense upwelling of CO2-rich deep waters (Bakker et al., 1997; Arrigo et 

al., 1998; Metzl et al., 2006). Over the complete annual cycle, the Southern Ocean 

takes up an estimated 0.47 Pg C/year, around 20 % of global ocean CO2 uptake 

(Takahashi et al., 2002). However, the strength of this sink is sensitive to ongoing 
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global warming, and the future response of the Southern Ocean CO2 system is likely 

to have profound implications for global climate. 

 

At the western Antarctic Peninsula (WAP), deep waters from the Antarctic 

circumpolar current (ACC) upwell at the shelf break and intrude onto the continental 

shelf, such that a modified form of this upper circumpolar deep water (UCDW) is 

present at depth in the water column across the shelf (Hofmann et al., 1996; Klinck, 

1998; Dinniman and Klinck, 2004; Martinson et al., 2008, Martinson and McKee, 

2012). In Ryder Bay, modified UCDW is a permanent feature of the water column at 

depths below 200m, with a characteristic temperature of ~1.0 ˚C and salinity ~34.5 

psu (Clarke et al., 2008). This UCDW is overlain by cold (<-1 ˚C) remnant winter 

water centring on 100m water depth and Antarctic surface water characterised in 

Ryder Bay by temperatures of 0.3 to 1.7 ˚C and salinity 32 to 33 psu. Atmospheric 

equilibration of deep waters leads to a net carbon source to the atmosphere and the 

presence of CO2-rich oceanic waters in such close proximity to the surface ocean 

creates the potential for a substantial source of CO2 in this region (Montes-Hugo et 

al., 2010). However, the WAP is also a region of intense biological productivity 

(Ducklow et al., 2006; Clarke et al., 2007) and therefore carbon uptake is sufficient 

to switch the system to a net summertime CO2 sink (Carrillo and Karl, 1999; Carrillo 

et al., 2004). The extent of biologically-mediated CO2 drawdown at the WAP is 

controlled by winter sea ice cover, in agreement with the sea ice-control of 

productivity found in Chapter 3, but also the direction and intensity of spring winds, 

due to their control on sea ice distribution and water column mixing (Montes-Hugo 

et al., 2010). The WAP is undergoing rapid climatic and oceanic warming, as well as 

changes in atmospheric circulation patterns, which may hold important consequences 

for productivity and carbon dynamics. Pronounced warming of the upper ocean 

adjacent to the WAP is accompanied by warming of UCDW in the open Southern 

Ocean and increased preponderance of this warming water mass over the WAP shelf 

(Gille, 2002; Meredith and King, 2005; Martinson et al., 2008). The impacts of these 

changes on biological productivity and ocean-atmosphere CO2 exchange are as yet 

unclear (Ducklow et al., 2006; Vernet et al., 2008). The increased preponderance of 

UCDW over the WAP shelf is likely to enhance the supply of oceanic carbon to 
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surface waters, with potential for increased degassing of CO2 to the atmosphere. 

However, if intense phytoplankton blooms continue to characterise austral summer 

conditions at the WAP, then primary productivity may be sufficient to counteract the 

increase in CO2 supply such that the summertime surface ocean carbon reservoir 

remains undersaturated with respect to CO2. This would promote drawdown of 

atmospheric CO2, such that this highly productive region would continue to 

constitute a net carbon sink. Conversely, if climate change drives a downward trend 

in phytoplankton productivity (Montes-Hugo et al., 2009; Venables et al., submitted), 

the WAP marine environment may show a decline in the capacity of the carbon sink 

or exhibit overall source behaviour. Ecosystem change at the WAP therefore holds 

important implications for the Southern Ocean CO2 system and its potential for 

providing feedbacks to ongoing anthropogenic climate change. 

 

This study aims to elucidate the key controls on the carbon cycle in the WAP coastal 

environment and the relative importance of air-sea exchange and equilibrium 

processes in the surface ocean. The coupling of the marine carbon and nitrogen 

cycles is used to parameterise biological CO2 drawdown and therefore carbon 

sink/source behaviour in terms of nitrate utilisation, and explore the ways in which 

this behaviour may change in the light of ongoing warming and sea ice losses at the 

WAP. Finally, carbon export fluxes are examined in order to characterise the 

potential for longer-term storage of atmospheric CO2 and a negative feedback to 

contemporary climate change. 

 

6.3 Materials and methods 

 

The concentration and stable carbon isotopic composition of DIC and CO2 were 

monitored at the RaTS site in Ryder Bay during austral summers 2004/5, 2005/6, 

2006/7, 2008/9 and 2009/10. Time-series data were obtained twice-weekly each 

summer for surface waters at 15m, the long-term average depth of the chlorophyll 

maximum, and full-depth water column profiles were taken during summer 2009/10. 

 



Henley, 2012 

 179 

Seawater samples were taken using a 5 L Niskin bottle for �13CCO2 and [CO2 (aq)] 

measurements. �13CCO2 samples were drawn from the Niskin bottle using a 50 ml 

syringe and gently injected into a 12 ml glass exetainer vial preloaded with 50 µL of 

35 gL-1 copper (II) sulphate to suppress bacterial activity (Winslow et al., 2001). 

Samples for alkalinity and pH, for subsequent calculation of pCO2, [CO2 (aq)] and 

[DIC], were taken from the Niskin bottle straight into a 250 ml glass biological 

oxygen demand (BOD) bottle, which was sealed immediately with a ground glass 

stopper whilst overflowing and ensuring that no air bubbles were included. On return 

to the laboratory, samples were stored, unfiltered, in the dark overnight to allow them 

to reach room temperature and therefore maintain a steady temperature throughout 

analysis on the following day. 

 

For calculations of inorganic carbon species, pH and alkalinity were determined on 

the day following sampling. pH measurements were conducted using a bench-top pH 

meter calibrated to buffer solutions of pH 4.01, 7.00 and 10.01. Maximum error on 

triplicate pH measurements across all samples was ± 0.02. Alkalinity was determined 

by titration with 0.05 M HCl and the Gran plot method (Almgren et al., 1983). pCO2, 

[CO2 (aq)] and [DIC] were then determined from pH, alkalinity and ambient ocean 

salinity and temperature, from CTD profile data, using the CO2SYS programme 

(Lewis and Wallace, 1998) and carbonate equilibrium constants from Hannson 

(1973), Mehrbach et al. (1973) and Dickson and Millero (1987). Taking into account 

the maximum error on all input parameters, maximum errors are 7.7 % for [CO2 (aq)], 

7.6 % for pCO2, and 2.4 % for [DIC]. As a result of complications with acurately 

measuring pH in seawater, although maximum error from repeat analyses was ± 0.02 

pH units, the analytical precision may be larger. This does not affect calculation of 

alkalinity, but may affect the value of pH input to the CO2SYS programme. Whilst 

this may increase the maximum error on calculations of [CO2 (aq)] and pCO2, the 

values given here are robust in describing CO2 variability over the annual cycle and 

between growing seasons in the Antarctic coastal marine environment. [DIC] values 

are not as sensitive to pH, so quoted errors are not affected by this complication, and 

like [CO2 (aq)] and pCO2, values for [DIC] are reliable for the purposes of this study. 
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Analysis of �13CDIC was performed by gas chromatography isotope ratio mass 

spectrometry (GC-IRMS) using a method similar to Assayag et al. (2006). The 12 ml 

glass exetainer vial containing 12 ml of seawater sample spiked with CuSO4.5H2O 

was divided into two samples by inserting a closed syringe through the septum of the 

vial and injecting 6 ml of Helium gas into the sample vial with a separate needle and 

syringe. The 6 ml of sample forced into the closed syringe by the He injection was 

then injected into a clean 12 ml exetainer vial that had been under vacuum for 30 

min. Each sample vial was then injected with 0.6 ml of concentrated orthophosphoric 

acid (H3PO4) to convert DIC into aqueous and gaseous CO2 for analysis. Three sets 

of isotopic standards were prepared (MAB2, CaCO3 and NaHCO3) over the full 

range of final DIC concentrations. The standards were weighed into 12 ml glass 

exetainer vials and placed on a vacuum to remove all gases. 6 ml of 10 % H3PO4 was 

then injected into each standard vial to reproduce the same conditions as for seawater 

samples. �13CDIC was analysed using a custom-built GC-IRMS system, from which 

raw �13C values were corrected to Vienna Pee Dee Belemnite (VPDB) using the 

isotopic standards. Precision of �13CDIC values was generally better than 0.2 ‰. 

�
13CCO2 was determined from �13CDIC and absolute temperature (TK in Kelvin) using 

equation 6.3 from Rau et al. (1996): 

 

KDICCO TCC /5.9701644.231313

2
−+= δδ

                            Eq. 6.3 

 

Concentration of particulate organic carbon ([POC]) and particulate nitrogen ([PN]) 

in surface waters and sediment traps is determined by filtration and elemental 

analysis, as described in Chapters 3 and 4. Analysis of nitrate and phosphate 

concentration is conducted using a Technicon AAII segmented flow autoanalysis 

system, as outlined in Chapter 3. 

 

 

 

 



Henley, 2012 

 181 

6.4 Results 

 

6.4.1 Particulate organic carbon 

Figure 6.1 shows time-series data for [POC], the concentration, partial pressure and 

stable isotopic composition of CO2 and the concentration of DIC at 15m across all 

summer growing seasons examined in this study. Chapter 3 showed that POC 

concentration mimics chlorophyll a, since both record the amount of fresh 

phytoplankton material in the surface ocean. POC is low (<5 µmol/L) throughout 

austral winter and increases to an annual peak around 60 to 70 µmol/L during the 

summer phytoplankton bloom between November and March (Fig. 6.1a). Peak-

season POC concentration is highest (73.8 µmol/L) during the late-summer 

phytoplankton bloom in February 2010. However, cumulative POC production, 

estimated using the sum of all increases in [POC] between consecutive time-points in 

each season, is highest in 2004/5 (225 µmol/L). Table 6.1 shows cumulative POC for 

each season, as well as total CO2 removal and total nitrate uptake estimated from the 

sum of all decreases between consecutive sampling days of [CO2 (aq)] and [NO3
-], 

respectively, and total CO2 removal inferred from total nitrate uptake and the 

Redfield ratio of 6.625 (Redfield et al., 1963). Cumulative POC is lowest during 

summers 2008/9 and 2005/6, and intermediate between these seasons and high-POC 

2004/5 in summers 2006/7 and 2009/10.  
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6.4.2 Concentration and partial pressure of carbon dioxide 

Surface water CO2 data show marked seasonal and interannual variability over the 

time-series and fluctuation between being undersaturated and oversaturated with 

respect to atmospheric pCO2 (Fig. 6.1b). The pCO2 saturation level for each summer 

period is taken from the mean value for atmospheric pCO2 from both relevant years, 

e.g. pCO2 saturation for summer 2008/9 is 386 ppmV, the mean value for 

atmospheric pCO2 in 2008 and 2009 (Thomas Conway and Pieter Tans, 

NOAA/ESRL: www.esrl.noaa.gov/gmd/ccgg/trends/). The pCO2 saturation 

concentration (i.e. atmospheric pCO2) shows a slight increase over the time-series, as 

expected from the anthropogenic increase in CO2, from 377 ppmV in 2004/5 to 387 

ppmV in 2009/10. It might be expected that surface water pCO2 would be higher at 

the beginning of each growing season, be drawn down to a minimum coincident with 

higher POC during the summer phytoplankton bloom, and then increase again 

towards high winter values at the end of summer. However, this straightforward 

situation cannot be demonstrated in Ryder Bay over the study period. Seasonal 

variability was greatest in 2004/5 with large and rapid fluctuations between 

minimum and maximum pCO2 over the entire study period (82.5 and 873.6 ppmV, 

respectively; [CO2 (aq)]: 5.2 to 54.3 µmol/L), thus between strongly undersaturated 

and strongly oversaturated with respect to atmospheric CO2 (377 ppmV). In general, 

pCO2 and [POC] display a negative relationship such that reductions in pCO2 

coincide with increases in [POC] and vice versa during summer 2004/5. Summer 

2005/6 is characterised by significantly less variability, with pCO2 showing a gradual 

decline from 513.6 ppmV to 213.2 ppmV ([CO2 (aq)]: 33.7 to 13.6 µmol/L) by the end 

of the summer. Negative excursions from the general downward trend are observed 

in mid-January and late-February coincident with peaks in [POC] and the surface 

ocean is undersaturated with respect to atmospheric CO2 (378 ppmV) only briefly at 

the end of the season. Conversely, pCO2 is low and shows little variability in summer 

2006/7 (154.3 to 286.9 ppmV; [CO2 (aq)]: 9.5 to 19.1 µmol/L), such that surface 

waters are undersaturated with respect to atmosphere (382 ppmV) throughout most 

of the sampling period. This is in contrast to the variability in [POC] and shows a 

departure from the negative relationship between pCO2 and [POC] seen in 2004/5 

and 2005/6. In 2008/9, pCO2 does not show any great variability (237.5 to 462.7 
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ppmV; [CO2 (aq)]: 15.4 to 30.4 µmol/L) around atmospheric saturation (386 ppmV), 

in agreement with low [POC] throughout the growing season. Variability in pCO2 in 

2009/10 is similar to 2008/9 (206.1 to 436.2 ppmV; [CO2 (aq)]: 12.5 to 28.1 µmol/L), 

which is surprisingly low given higher productivity. Nevertheless, at the beginning of 

the sampling period and throughout the late-season phytoplankton bloom when 

[POC] was relatively high, pCO2 was undersaturated with respect to atmosphere 

(<387 ppmV), whilst during the mid-season low productivity period, pCO2 was 

above the saturation level. Total seasonal removal of CO2 is in broad agreement with 

the seasonal patterns described above, such that CO2 removal is significantly greater 

in 2004/5 than in all other seasons (Table 6.1). Total CO2 drawdown appears 

especially low for 2006/7, because the sampling period was much shorter than the 

growing season, so the value for removal of CO2 presented here does not account for 

total season removal and should be treated with caution. Unlike CO2, [POC] and 

[NO3
-] data are available for the whole 2006/7 growing season. 

 

6.4.3 Carbon stable isotopic composition of CO2 

�
13CCO2 shows a statistically significant but relatively weak relationship with pCO2 

over the whole study period (r2 = 0.441, p <0.001; data not shown). The best 

seasonal relationship between pCO2 and �13CCO2 is demonstrated in summer 2006/7 

(r2 = 0.711, p = 0.001; data not shown), but the lack of a particularly strong 

correlation is in agreement with the overall weak relationship for the whole study 

period. Over the duration of the study, surface water �13CCO2 varies between a 

minimum value of -11.2 ‰ at the end of summer 2004/5 and a maximum value of     

-8.8 ‰ in the early part of summer 2006/7 (Fig. 6.1c). In agreement with pCO2, 

�
13CCO2 shows high-amplitude variability in summer 2004/5 between -11.2 and -9.0 

‰, whilst 2008/9 shows the least variability over the season (-10.5 to -9.6 ‰). 

2005/6, 2006/7 and 2009/10 �13CCO2 data all show more variability than would be 

expected from pCO2. In agreement with a gradual decrease in pCO2 in 2005/6, 

�
13CCO2 shows a gradual increase over most of the growing season from -10.9 to -9.2 

‰. However, there is a pronounced and enduring mid-season 13C depletion from -9.2 

‰ on the 19th January to -10.5 ‰ on the 2nd February 2006. After a strong initial 

13C-enrichment (-11.1 to -8.8 ‰) in summer 2006/7, two similarly distinct 13C 
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depletions are seen from -8.8 ‰ on 22nd December to -9.8 ‰ on 29th December 2006 

and from -9.8 ‰ on 11th January to -10.5 ‰ on 18th January 2007. �13CCO2 shows a 

general increase over the course of summer 2009/10 from -11.0 ‰ in early 

December 2009 to -9.2 ‰ at the cessation of the phytoplankton bloom at the end of 

March 2010. Two clear depletion events similar to those in summers 2005/6 and 

2006/7 occurred from -9.8 to -10.5 ‰ between 10th and 24th December 2009 and 

from -9.1 to -10.1 ‰ between 30th January and 25th February 2010. In broad 

agreement with pCO2 and cumulative POC produced in each growing season, total 

seasonal variability in �13CCO2 is greatest for 2004/5 and 2006/7 (2.2 and 2.3 ‰, 

respectively), lowest for 2008/9 (0.9 ‰) and intermediate for 2005/6 (1.7 ‰). 

Isotopic variation in 2009/10 (1.9 ‰) was greater than expected from pCO2 

variability, but in better agreement with cumulative POC. This is given more 

attention in the discussion that follows. 

 

6.4.4 Total dissolved inorganic carbon 

Although DIC concentration appears to exhibit similar variability to pCO2 during 

certain periods of the time-series (Fig. 6.1d), and peaks and troughs are often 

contemporaneous, significant deviations exist and there is no strong correlation 

between [DIC] and pCO2 over the duration of the study (r2 = 0.368, p <0.001). 

Agreement between [DIC] and pCO2 is best in summers 2006/7 and 2009/10 (r2 = 

0.761, p <0.001 and 0.539, p <0.001 respectively), but the lack of a strong 

correlation shows, as expected, that changes in pCO2 are not the sole drivers of 

variability in [DIC]. Over the study period, [DIC] varies between 2005.2 and 2677.1 

µmol/L, both in summer 2004/5. In agreement with pCO2, 2005/6 and 2006/7 

seasons show less variability (2087.6 to 2282.5 µmol/L and 2170.3 to 2432.7 

µmol/L, respectively). In summer 2008/9, [DIC] shows considerably more variability 

than expected from pCO2 and [POC], particularly in the early summer period (2166.6 

to 2652.6 µmol/L). Summer 2009/10 shows similar variability in [DIC] to 2008/9 

(2082.1 and 2558.5 µmol/L), which is in better agreement with �13CCO2 variability 

and [POC] in the higher-productivity season, yet at odds with pCO2. 
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6.4.5 Depth profiles 

Figure 6.2 shows down-depth changes in [DIC], [CO2 (aq)], pCO2 and �13CCO2, taken 

from mean values at each sampling depth from eight full water column profiles 

sampled during summer 2009/10. Seasonal average [DIC], [CO2 (aq)] and pCO2 are 

all at a maximum below 200m, at 2539.2 µmol/L, 56.0 µmol/L and 933.7 ppmV, 

respectively. Deep water pCO2 is strongly oversaturated with respect to atmospheric 

CO2 and reflects the significant oceanic carbon source. [DIC], [CO2 (aq)] and pCO2 all 

show a decrease up to the ocean surface due to upward mixing of the deep water 

source and biological utilisation in surface waters. Accordingly, minimum seasonal 

average values are observed at the ocean surface, where [DIC] is 2305.0 µmol/L, 

[CO2 (aq)] is 18.8 µmol/L and pCO2 is 306.8 ppmV. An average pCO2 value lower 

than atmospheric saturation (387 ppmV) is in agreement with surface waters being 

undersaturated for most of the 2009/10 growing season. However, seasonal average 

values mask large seasonal variability and the season minimum surface value for 

pCO2 in 2009/10 is 114 ppmV. [DIC], [CO2 (aq)] and pCO2 at 100m and 200m are 

intermediate between deep and surface values consistent with mixing with overlying 

and underlying waters. In agreement with the reduction in [DIC], [CO2 (aq)] and pCO2 

from deep into surface waters, seasonal average �13CCO2 is most negative at depth    

(-11.7 ‰) and increases towards the ocean surface. Again seasonal average values 

mask considerable variability and the lowest �13CCO2 value found at depth in Ryder 

Bay in 2009/10 was -13.8 ‰. Although the gradual increase in �13CCO2 continues to 

the ocean surface, in agreement with the decrease in pCO2 and isotopic fractionation 

during biological carbon uptake, �13CCO2 reveals more complex variability in the 

upper ocean than pCO2. There is a clear enrichment in the heavier 13C isotope at the 

depth of the chlorophyll maximum (�13CCO2 = -9.1 ‰), where primary production is 

highest and photosynthetic fractionation of carbon is most pronounced, compared to 

values at all other depths in the upper 30m of the water column (<-9.6 ‰). 
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Figure 6.2. Down-depth profiles of seasonal averages for a) DIC concentration, b) 

molar concentration (red dots, upper x-axis) and partial pressure (black dots, lower x-

axis) of CO2, and c) �13CCO2 from summer 2009/10. The dashed black line in (b) 

represents 100 % saturation with respect to atmosphere. The peak in surface water 

�
13CCO2 occurs at the depth of the chlorophyll maximum, 15m. 

 

6.4.6 Seasonal totals of CO2 drawdown 

According to Table 6.1, total seasonal removal of CO2, as defined above and in the 

table caption, is not significantly greater than that of nitrate, and CO2 removal is 

actually lower than nitrate uptake in 2005/6, 2006/7 and 2009/10. Particularly low 

CO2 removal in 2006/7 is likely a result of the short sampling period, as explained 

above. In all seasons, total CO2 removal is less than 114 µmol/L and markedly lower 

than what would be expected from total nitrate removal and Redfield stoichiometry. 

This is not surprising considering that [CO2 (aq)] is not solely affected by biological 

processes, but these values are included here to demonstrate that this is indeed the 

case and [CO2 (aq)] cannot be used to constrain biological CO2 uptake. When the 

Redfield Ratio (6.625) is used to estimate total biological CO2 uptake from total 

nitrate uptake, maximum seasonal biological drawdown of CO2 is 609.5 µmol/L in 

2004/5, whilst the minimum is 318.0 µmol/L in 2008/9. This amounts to a maximum 

of 6.1 µmol/L/day averaged over the 2004/5 growing season and a minimum of 2.7 

µmol/L/day averaged over 2008/9 (Table 6.1). Total biological drawdown is also low 
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in 2005/6 (324.6 µmol/L; 3.0 µmol/L/day), and intermediate in 2006/7 (410.8 

µmol/L; 3.8 µmol/L/day) and 2009/10 (377.6 µmol/L; 3.7 µmol/L/day). These 

estimates of CO2 drawdown based on total nitrate utilisation are significantly higher 

than those based on surface water [CO2 (aq)] data and are much more accurate; the 

reasons behind this discrepancy will be discussed in detail in the following sections. 

 

 1 2 3 4 5 6 

 [POC]cum 
(µmol/L) 

CO2 rem 

(µmol/L) 

NO3
- rem 

(µmol/L) 

CO2 rem (calc) 

(µmol/L) 

No. 
days 

CO2 rem (calc) per 
day (µmol/L/day) 

2004/5 225 113 92 609.5 100 6.1 

2005/6 103 39 49 324.6 110 3.0 

2006/7 172 24 62 410.8 109 3.8 

2008/9 72 52 48 318.0 120 2.7 

2009/10 194 47 57 377.6 101 3.7 

Table 6.1. Summary table showing for each growing season: 1) Cumulative POC 

concentration (estimated using the sum of all increases in [POC] between 

consecutive time-points), 2) total CO2 removed based on measured surface water 

[CO2 (aq)] (i.e. estimated from the sum of all decreases in [CO2 (aq)] between 

consecutive sampling days), 3) total nitrate removed based on measured [NO3
-] (i.e. 

estimated from the sum of all decreases in [NO3
-] between consecutive sampling 

days), 4) total CO2 removed based on measured [NO3
-] and Redfield stoichiometry 

(i.e. column 3 x 6.625), 5) total number of days, and 6) CO2 removal per day (i.e. 

column 4/column 5). 

 

6.5 Discussion 

 

6.5.1 Carbon supply 

Dissolved inorganic carbon is supplied to the western Antarctic Peninsula surface 

ocean by two principal sources: deep oceanic carbon supplied through the on-shelf 

incursion of upper circumpolar deep water (UCDW) and subsequent upwelling into 

the surface environment, and atmospheric CO2 introduced to the upper ocean by gas 

exchange processes across the ocean boundary layer.  
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Circumpolar deep water DIC exhibits a stable isotopic signature of 0.3 ‰ (Lynch-

Stieglitz et al., 1995), which converts to �13CCO2 of -11.4 ‰ given the characteristic 

temperature of UCDW, 1.5 to 1.8˚C (Prézelin et al., 2004). Atmospheric CO2 has a 

stable isotopic composition of -7.0 ‰ (Clark and Fritz, 1997). The fact that surface 

water �13CCO2 values fall between these two values supports the contention that both 

sources contribute to surface water pCO2, but this could also be attributed to isotopic 

fractionation during biological carbon uptake. Keeling plots are a useful way of 

identifying carbon sources to a particular reservoir and are used here to assess the 

relative importance of the atmospheric and oceanic CO2 sources to the surface ocean. 

Keeling plots are plots of �13CCO2 vs. the inverse of pCO2 (1/pCO2) and describe a 

process of mixing between atmospheric CO2 and the dominant CO2 source in a given 

environment (Keeling, 1958, 1961). Most natural samples represent some mixture of 

atmospheric CO2 and source CO2, so plot close to the mixing line at some point on 

the x-axis between these two end-members. Keeling plots are most commonly used 

to constrain sources of CO2 to the atmosphere (e.g. Pataki et al., 2003), but are 

applied here to mixing of atmospheric CO2 into the oceanic reservoir. In these plots, 

the y-intercept represents the CO2 mixture when pCO2 is infinitesimally large and 

therefore constitutes the non-atmospheric CO2 end-member. As such, the y-intercept 

depicts the isotopic composition of the dominant carbon source, which can then be 

used to identify the source. In this case where a Keeling plot is being used to 

distinguish between a deep ocean CO2 source and an atmospheric source, a y-

intercept of ~-7 ‰ (i.e. similar to the atmospheric end-member and therefore a near-

horizontal mixing line) would indicate a sole atmospheric source, whilst a y-intercept 

close to the �13CCO2 value for UCDW (-11.4 ‰) would indicate the influence of the 

oceanic source. When all data from 2004 to 2010 are included, the isotopic 

composition of the carbon source is -11.2 ‰ (Fig. 6.3a). When data are plotted by 

season, some complex variability emerges (Fig. 6.3b). The isotopic composition of 

the carbon source in 2005/6, 2008/9 and 2009/10 shows a striking similarity and 

converges on -11.3 ± 0.06 ‰. This value and that for all data are in excellent 

agreement with published values for UCDW and strongly imply that the oceanic 

carbon source is important in these seasons, as we would expect in the surface ocean 

environment. The fact that samples plot closer to the oceanic source end-member 
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than to the atmospheric end-member then shows that the oceanic source dominates 

the atmospheric source during these seasons. Further, if the atmospheric source was 

dominant, biological fractionation would drive �13CCO2 values higher than the initial 

value for atmospheric CO2, -7 ‰. As such, the fact that all �13CCO2 data are <<-7 ‰ 

and the regressions for these data intersect the y-axis very close to the value of 

UCDW confirms that the oceanic CO2 source is dominant in these seasons. For 

2004/5, there is no statistically significant relationship between �13CCO2 and 1/pCO2 

(r2 = 0.0244, p = 0.536), so the keeling plot approach cannot be used to identify the 

dominant carbon source. Interestingly, �13CCO2 and 1/pCO2 do show a good 

relationship for 2006/7 (r2 = 0.811, p < 0.001), but the y-intercept is significantly 

lower (-12.3 ‰) than in the other seasons. This isotopically light carbon source 

signature cannot be explained by either UCDW or atmospheric CO2. Whilst the 

reasons for this unusually low �13CCO2 are beyond the scope of this study, it is 

postulated that this could be related to extensive remineralisation of the large 

standing stock of organic material from the previous summer (2005/6), which would 

have released large amounts of 13C-depleted carbon to the oceanic DIC pool. In any 

case, the Keeling approach employed here across the study period clearly shows that 

the deep water source of CO2 dominates the atmospheric source in this environment, 

in agreement with vigorous upwelling at the WAP (Montes-Hugo et al., 2010). 

Figure 6.3. Keeling plots of �13CCO2 vs. 1/pCO2, including a) all summer data from 

2004 to 2010 and b) data colour-coded by season, as per legend. Regression lines in 

(b) are colour-coded in agreement with data points. Y-axis intercepts of regression 

lines depict �13CCO2 of the carbon source. No regression line is plotted for 2004/5, 

since there is no statistically significant relationship between �13CCO2 and 1/pCO2. 
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6.5.2 Deep water source of oceanic CO2 

Input of the isotopically light deep ocean carbon source to the surface environment 

via upwards vertical mixing of underlying waters can be identified by reductions in 

surface water �13CCO2. Stable isotopic signature is therefore a much better constraint 

on deep water carbon supply than concentration data, since pCO2 and [CO2 (aq)] are 

influenced by ocean-atmosphere gas exchange and carbonate equilibrium processes 

to a significantly greater extent than is �13CCO2. The magnitude of the deep ocean 

CO2 source is regulated by the incursion of UCDW over the WAP shelf and the 

degree to which upper ocean stratification permits upward mixing of the nutrient 

source into the euphotic zone. A physically modified form of UCDW is present in 

Ryder Bay throughout the study period (Chapter 3; Clarke et al., 2008) and 

radiocarbon signatures of DIC show little progressive biogeochemical modification 

across the WAP shelf (Chapter 5). As such, the deep water carbon source is a 

permanent feature at depth in Ryder Bay. Interannual variability in upper ocean 

stratification is then the key control on the supply of old oceanic carbon to the 

surface environment. Density data have shown that over the whole study period, 

upper ocean conditions were most stratified during summer 2005/6, least stratified in 

2008/9 and 2009/10, and moderately stratified during 2004/5 and 2006/7 (Chapter 3). 

Under well-mixed conditions in 2008/9 and 2009/10, open exchange with the 

underlying water source facilitates a constant supply of oceanic CO2 to the surface 

ocean so that there are no substantial shifts in pCO2 over the course of either season. 

The two negative isotopic transitions seen in summer 2009/10 are relatively gradual 

compared to those in more stratified seasons and also imply less temporal variability 

in deep water supply to surface waters. Sustained supply of CO2 from the underlying 

source is in agreement with the findings of isotopic modelling of nitrate nitrogen and 

particulate nitrogen, which showed that nutrient dynamics in summer 2009/10 were 

closest to true “open system” conditions over the entire study period (Chapter 4).  

 

Moderate upper ocean stratification during summer 2004/5, due to the stabilising 

influence of winter sea ice, induced an intermittent pulsed input of carbon from the 

underlying source, with inferred mixing events occurring contemporaneously with 

pulsed inputs of nitrate from depth (Chapter 3). The resultant rapid switching 
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between predominant control of surface water nutrient budgets by deep supply and 

biological uptake drives high amplitude variability in CO2 and nitrate concentration, 

and concurrent opposite changes in isotopic signatures. Although the degree of 

stratification in summer 2006/7 was akin to that of 2004/5, the same saw-tooth 

profile in pCO2 and its isotopic composition was not observed. Instead, surface 

waters are undersaturated with respect to atmosphere throughout most of the growing 

season, with negligible increase in pCO2 that would be expected from deep water 

supply. However, isotopic data do show two rapid negative transitions indicative of 

deep water inputs, and therefore show better agreement with density and nitrate data 

than pCO2. Even under the strongly stratified upper ocean conditions prevalent in 

summer 2005/6, the underlying source waters are not isolated from the surface 

environment such that the vertical supply of nutrients persists, as shown by the 

nitrogen isotopic signature of nitrate (Chapters 3 and 4). Although the gradual 13C-

enrichment over the 2005/6 growing season may contest this persistent nutrient 

supply, a pronounced negative isotopic transition argues for a mid-season deep water 

input and therefore exchange between surface and underlying waters. The beginning 

of this 13C-depletion occurs concurrent with an increase in pCO2 and a rapid 15N-

depletion, but no concurrent increase in nitrate concentration (Chapter 3). The 

negative isotopic shifts and increase in pCO2 all suggest a deep water input, but the 

lack of a concurrent increase in [NO3
-] implies a source with a �15NNO3 vs. [NO3

-] 

relationship different to that of UCDW, due to partial macronutrient utilisation. 

Lateral advective transport of partially utilised surface water nitrate from upstream in 

the WAP circulation system may play a role in this regard. However, the partially 

utilised nitrate source is more likely to be the winter water layer, which centres on 

100m water depth. Winter waters are characterised by [NO3
-] and �15NNO3 

intermediate between surface and modified circumpolar waters (Chapter 3), as well 

as higher pCO2 and lower �13CCO2 than surface waters. As such, mixing between 

surface and winter waters would drive the observed biogeochemical changes at the 

ocean surface and would be in accordance with strong upper ocean stratification 

during summer 2005/6 preventing substantial mixing down to the deeper modified 

circumpolar water layer. 
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6.5.3 Atmospheric CO2 source 

If underlying waters were the only carbon source to surface waters, a strong 

correlation would exist between [CO2 (aq)] and [NO3
-], since UCDW is the ultimate 

source of new nitrate to surface waters throughout the WAP region (Prézelin et al., 

2000; Klinck et al., 2004). Although there is some agreement between the surface 

water variability of concentrations and isotopic signatures of CO2 and NO3
- over the 

time-series, covariation plots of [CO2 (aq)] versus [NO3
-] show a statistically 

significant, yet weak correlation over the study period (r2 = 0.343, p < 0.001; Fig. 

6.7a). This shows that although deep waters are the primary source of CO2 to the 

upper ocean, there is also an additional source which supplies CO2 with no 

concurrent input of nitrate. The poor correlation between �13CCO2 and pCO2 provides 

further evidence for a source of CO2 different to isotopically light deep water DIC. 

Radiocarbon signatures of DIC and POC show that around 20 to 50 % of the surface 

water carbon budget is derived from atmospheric CO2 (Chapter 5). This is higher 

than the contribution of air-sea gas exchange to DIC variability throughout the entire 

WAP region (10 – 20 %; Montes-Hugo et al., 2010), and suggests that the input of 

atmospheric CO2 may be enhanced in the productive coastal regions. The supply of 

atmospheric CO2 is regulated by air-sea equilibration processes and the extent to 

which surface waters are over- or under-saturated with respect to atmosphere. When 

surface water pCO2 exceeds atmospheric pCO2, equilibration processes cause 

degassing and efflux of surface water CO2, whilst surface water pCO2 lower than the 

contemporary atmospheric value drives a flux of atmospheric CO2 into the surface 

ocean, for potential assimilation by phytoplankton. Whilst oceanic CO2 does provide 

the principal carbon source to the surface ocean, the fact that atmospheric CO2 

contributes as much as ~50 % to organic carbon shows not only that both sources are 

important, but also that biological uptake favours atmospheric CO2 over oceanic 

CO2. This suggests that atmospheric CO2 is energetically favourable, and highlights 

the importance of biological processes in mediating atmospheric and oceanic CO2.  

 

6.5.4 Factors controlling surface water pCO2 

In the surface ocean, pCO2 is sensitive to changes in temperature, salinity and 

biological activity. Co-variation plots including all surface water data for Ryder Bay 
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show a statistically significant, yet weak relationship between pCO2 and temperature 

(r2 = 0.219, p < 0.001; Fig. 6.4a) and no relationship with salinity (r2 = 0.0128, p = 

0.3; Fig. 6.4b). As such, pCO2 is not controlled primarily by temperature or salinity 

during austral summer in this environment.  

Figure 6.4. Plots of pCO2 vs. a) temperature and b) salinity for all surface water data 

throughout the study period, with statistical data displayed on plots. 

 

Co-variation plots of pCO2 vs. [POC] over the study period show a similar overall 

relationship to pCO2 and temperature (r2 = 0.237, p <0.001; Fig. 6.5). However, this 

overall relationship is weakened by the lack of statistically significant correlations in 

2005/6 and 2008/9, whereas relationships for 2004/5, 2006/7 and 2009/10 are 

stronger and statistically significant (p < 0.05). This shows that in higher productivity 

seasons with a well-mixed upper water column, pCO2 is more closely controlled by 

biological activity, than temperature or salinity effects. However, the lack of a strong 

relationship between pCO2 and POC suggests that these parameters are decoupled by 

additional inputs of CO2 from underlying waters and the atmosphere. In 2005/6, the 

relationship is perturbed by high POC standing stocks and unexpectedly high pCO2. 

In 2008/9, there is no relationship due to low productivity and minimal biological 

carbon drawdown. Taken together, co-variation between pCO2 and temperature, 

salinity and POC shows that, once CO2 is supplied to surface waters, its partial 

pressure is controlled by biological activity during austral summer. A small 

temperature effect is also seen, due to greater solubility of CO2 at lower 

temperatures, but this is swamped by the biological signal. Biological CO2 

drawdown is sufficient to render the surface ocean undersaturated with respect to 

atmospheric pCO2, such as to dampen and reverse the net efflux of CO2 to the 
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atmosphere expected from upwelling of CO2-rich deep waters. The net influx of 

atmospheric CO2 to the surface ocean creates the potential for a summertime carbon 

sink in the WAP coastal zone. 

 

Figure 6.5. Plot of pCO2 vs. POC concentration for the entire study period, with the 

regression line shown representing all data. Data points are colour-coded by growing 

season, as per legend on the plot. Statistical data for seasonal regressions (lines not 

shown on plot) are displayed on the plot; statistical data for all data and the 

regression line shown are given in the text. 

 

6.5.5 Interannual variability in productivity, stratification and CO2 drawdown 

The potential for biologically-mediated summertime sink behaviour in the coastal 

WAP region is highly significant in terms of the vital role played by the Southern 

Ocean in regulating global climate. In order for biological productivity to draw down 

CO2 and exert a negative climate feedback, there must be a net uptake of CO2 from 

the atmospheric source. If CO2 assimilated into organic matter is predominantly 

oceanic in origin, which is not influenced by the recent increase in atmospheric CO2 

due to the long (~1000 year) residence time of CO2 in the deep ocean (Sundquist and 

Broecker, 1985), then biological productivity is unable to offset the recent 

anthropogenic increase in CO2. When surface waters are undersaturated with respect 

to atmospheric pCO2, biological removal of CO2 exceeds the deep water supply, such 

that pCO2 is controlled principally by biological processes rather than deep water 

inputs. Under these conditions, air-sea equilibration drives a flux of atmospheric CO2 

into the surface ocean for assimilation by phytoplankton (Kanwisher, 1963). 
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Radiocarbon data from summer 2009/10 show that modern atmospheric CO2 

accounts for 21 to 48 % of POC, with a larger atmospheric contribution during times 

of higher biological productivity (Chapter 5). As such, biological uptake of modern 

atmospheric CO2 is most pronounced during high productivity periods not only 

because of greater carbon uptake, but additionally because of the greater proportion 

of this carbon being atmospheric CO2 rather than DIC from the deep ocean. 

Significant air-sea fluxes explain the dampening of variability in pCO2 during 

summer 2009/10 expected from variability in �13CCO2 and relatively high 

productivity inferred from POC and nitrate utilisation. Although high-resolution time 

series 14C data are only available for 2009/10, the production of younger POC more 

enriched in atmospheric CO2 at higher productivity times is likely to be generally 

applicable to all seasons, rather than unique to 2009/10.  

 

Significant interannual variability exists in biological productivity and therefore 

atmospheric CO2 drawdown over the study period. As described above, seasonal CO2 

drawdown estimated from surface water [CO2 (aq)] is likely to be a substantial 

underestimate, and this is due to dampening of the uptake signal by abiotic gas 

exchange and chemical equilibria. Conversely, nitrate drawdown is dominated by 

biological processes, such that seasonal CO2 drawdown based on [NO3
-] and 

Redfield stoichiometry (C/N = 6.625) is more likely to be representative of biological 

CO2 uptake. Whilst nitrate-based estimates are still minimum estimates due to N 

recycling processes in surface water, the underestimate is likely to be small. As such, 

nitrate-based estimates better depict seasonal CO2 drawdown than those based on 

[CO2 (aq)], and are employed in the discussion that follows. Highest seasonal 

productivity in 2004/5 accounts for the greatest overall CO2 drawdown (609.5 

µmol/L) of the study period. Based on an approximate atmospheric CO2 contribution 

to POC of 20 to 50 %, as derived from radiocarbon data from 2009/10, biological 

uptake of atmospheric CO2 over summer 2004/5 was 122 to 305 µmol/L, or 1.2 to 

3.0 µmol/L/day. Although no more precise values than the ranges given here are 

available, the atmospheric contribution to total carbon drawdown is likely to be 

intermediate between these two extreme values, and towards the higher values in the 

higher productivity seasons and towards the lower values in the lower productivity 
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seasons (Chapter 5). Highest productivity and regular periods of undersaturation by 

as much as 75 % with respect to atmospheric pCO2 would have facilitated a 

significant air-sea CO2 flux and made it likely that total biological uptake of 

atmospheric CO2 was closer to 300 µmol/L or 3 µmol/L/day in summer 2004/5. 

 

Moderately high productivity in summers 2006/7 and 2009/10 drives a total seasonal 

CO2 drawdown of 410.8 µmol/L for 2006/7 and 377.6 µmol/L for 2009/10. Based on 

the 20 to 50 % atmospheric CO2 contribution to organic carbon, total drawdown of 

atmospheric CO2 was 82 to 205 µmol/L, or 0.8 to 1.9 µmol/L/day during summer 

2006/7 and 79 to 180 µmol/L, or 0.8 to 1.8 µmol/L/day, in 2009/10. In both seasons, 

biological carbon uptake is sufficient to render surface waters 30 to 45 % 

undersaturated with respect to atmospheric pCO2 for approximately six weeks. 

Similar air-sea fluxes of CO2 and therefore atmospheric CO2 drawdown towards the 

upper end of these estimates would be in agreement with similar productivity levels, 

based on total nitrate utilisation and cumulative POC production. 

 

Lower total productivity in summers 2005/6 and 2008/9 caused less CO2 drawdown 

than in the higher productivity seasons such that pCO2 was close to saturation point 

throughout. Summer 2008/9 exhibited lowest productivity and minimal total seasonal 

CO2 drawdown of 318 µmol/L. Maximum undersaturation of 30 % for a brief period 

of less than one week in December 2008 and less than 25 % in February 2009 drove 

little influx of atmospheric CO2, such that seasonal uptake of atmospheric CO2 is 

likely to be closer to 20 % of total carbon drawdown (64 µmol/L or 0.5 µmol/L/day) 

than to 50 % (159 µmol/L or 1.3 µmol/L/day). Despite strong initial production in 

2005/6 that caused a reduction in pCO2, surface waters were only moderately 

undersaturated with respect to atmosphere briefly towards the end of the growing 

season (Fig. 6.1), and seasonal biological CO2 uptake was low (324.6 µmol/L). 

Based on an atmospheric contribution of 20 to 50 %, biological uptake of 

atmospheric CO2 over summer 2005/6 was 65 to 162 µmol/L (0.6 to 1.5 

µmol/L/day), and low overall productivity would be expected to push this towards 

the lower values. However, in light of persistently low [NO3
-], pCO2 is surprisingly 

high and implicates a greater influx of atmospheric CO2 under more stratified surface 
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ocean conditions. This would have reduced the degree of undersaturation, masked 

some degree of biological drawdown and increased the atmospheric contribution to 

total DIC. As such, atmospheric contribution to POC and therefore atmospheric CO2 

drawdown in summer 2005/6 are likely to have been larger than predicted from 

relatively low productivity, and based on a lesser degree of air-sea equilibration in 

2009/10. Greater air-sea equilibration also explains the decoupling of pCO2 and POC 

in summer 2005/6. 

 

Although there is considerable uncertainty on the estimates of seasonal atmospheric 

CO2 drawdown described above, there are clear differences between high and low 

productivity seasons. Total seasonal CO2 drawdown varies by a factor of two 

between lowest productivity (318 µmol/L) and highest productivity (609.5 µmol/L) 

growing seasons over the study period, whilst drawdown of atmospheric CO2 varies 

from 64 to 305 µmol/L. There is also clear evidence for a stratification control on air-

sea CO2 equilibration. When the surface ocean is not strongly stratified, such that 

exposure time of a given water parcel to the atmosphere is short and air-sea 

equilibration is not extensive, biological uptake exerts a strong control on surface 

water pCO2. Under these conditions, more pronounced, regular and/or longer lasting 

periods of surface water pCO2 undersaturation in higher productivity summers, 

2004/5, 2006/7 and 2009/10, facilitate greater air-sea CO2 fluxes and greater 

biological uptake of atmospheric CO2, than in lower productivity summer 2008/9. On 

the other hand, strongly stratified surface waters remain in contact with the 

atmosphere for longer, such that extensive air-sea equilibration may increase 

atmospheric CO2 drawdown, without leaving surface waters undersaturated with 

respect to atmospheric pCO2, as in summer 2005/6. Unfortunately, no radiocarbon 

data are available for summer 2005/6 and this highlights a potential weakness in 

applying conditions in a well-mixed season to a strongly stratified season with 

different air-sea exchange characteristics. However, the ranges given here for 

atmospheric CO2 contribution to POC provide a useful estimate of atmospheric CO2 

drawdown in this environment. Seasonal estimates for atmospheric CO2 drawdown 

given here could be corroborated by measuring mixed layer pCO2 and calculating 

air-sea exchange on a seasonal basis; this is the subject of continuing research. 



Henley, 2012 

 199 

6.5.6 Carbonate system equilibrium 

 
CO2 supply to surface waters from both atmospheric and oceanic sources is regulated 

by carbonate system equilibrium processes, which act to buffer variability in       

[CO2 (aq)] by producing or consuming carbonate and bicarbonate ions. In deep waters, 

carbonate species are in equilibrium, but this equilibrium is perturbed in the surface 

ocean by equilibration of these waters with the atmosphere and biological carbon 

uptake. The extent of carbonate equilibration can be determined by plotting total DIC 

against carbonate alkalinity (AlkC: [HCO3
-] + 2[CO3

2-]). Vertical movement in DIC 

vs. AlkC space depicts a change in DIC with no concurrent change in alkalinity, such 

that CO2 is being added to the system with no concurrent change in the sum of 

carbonate and bicarbonate. This implies that the input of CO2 is occurring at a faster 

rate than carbonate equilibration, such that changes in [CO3
2-] and [HCO3

-] are 

unable to buffer the variability in [CO2 (aq)]. Conversely, movement in a diagonal 

direction in DIC vs. AlkC space describes concurrent changes in pCO2 and alkalinity, 

such that the rate of carbonate equilibration is sufficient to buffer changes in [CO2 

(aq)]. For Ryder Bay, a good correlation (r2 = 0.863, p < 0.001; Fig. 6.6) between DIC 

and AlkC with a slope of 0.997 clearly shows that carbonate equilibration occurs 

rapidly and buffers the variability in [CO2 (aq)] driven by atmospheric inputs and 

biological removal. Although persistent undersaturation shows that relatively slow 

influx of CO2 to the surface ocean is the rate-limiting step, carbonate equilibration 

sufficient to compensate atmospheric equilibration increases the capacity of the 

surface ocean to take up atmospheric CO2, thus enhancing the strength of the 

summertime carbon sink. 
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Figure 6.6. Plot of DIC concentration vs. carbonate alkalinity for all samples over the 

study period. The regression line displayed refers to all samples and m is the slope of 

the relationship (see text for interpretation). 

 

6.5.7 Carbon and nitrogen cycle coupling 

Figure 6.7 shows [CO2 (aq)] vs. [NO3
-] for the whole study period and for each season, 

in which the slope of each regression depicts the CO2/NO3
- drawdown ratio. Both 

carbonate system and ocean-atmosphere equilibrium processes perturb the 

relationship between CO2 and NO3
- by compensating for biological removal of CO2, 

with no concurrent replacement of utilised nitrate. As such, seasonal CO2/NO3
- 

removal ratios are always less than 1.2, significantly lower than the Redfield ratio of 

6.625 and the POC/PN in organic particles of 5.62 found in this study (Fig. 6.7b and 

Table 6.2). Since CO2 exchange with the atmosphere and biological carbon uptake 

are the only processes adding to or taking from the total DIC pool, DIC/NO3
- gives a 

good indication of biological removal independent of carbonate equilibrium 

processes. The large discrepancy between uptake of DIC/NO3
- (9.59; data not shown) 

and CO2/NO3
- (<1.2) provides further evidence that significant atmospheric input and 

biological removal of CO2 are buffered by carbonate equilibration processes, such as 

to enhance the atmospheric CO2 uptake capacity of the surface ocean. 
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Figure 6.7. Plots of CO2 concentration vs. nitrate concentration in the upper ocean 

for a) all seasons and b) individual seasons, colour-coded as per legend. Statistical 

data for seasonal regressions are displayed in Table 6.2. No regression line is plotted 

for 2008/9, since there was no statistically significant relationship. Dotted black lines 

depict the relationship predicted for when the deep ocean is the only source of CO2 

and nitrate, from UCDW concentrations observed ([CO2 (aq)] = 77.2 µmol/L, [NO3
-] = 

33.1 µmol/L), and uptake is according to C/N in organic matter, 5.62 (see text). 

Dashed grey lines depict average pCO2 saturation concentration over the study 

period, 24 µmol/L. 

 

 CO2/NO3
- r2 p 

2004/5 1.1 0.490 0.002 

2005/6 0.7 0.277 0.025 

2006/7 1.0 0.866 <0.001 

2008/9 No relationship 

2009/10 0.8 0.542 <0.001 

Table 6.2. CO2/NO3
- drawdown ratio and statistical data for regressions presented in 

Figure 6.7b. 

 

6.5.8 CO2 drawdown and nitrate utilisation 

The relationship between CO2 and NO3
-, as modified by atmospheric and carbonate 

system equilibration processes, suggests that a certain degree of nitrate utilisation is 

required to drive CO2 drawdown sufficient to render surface waters undersaturated 

with respect to atmospheric pCO2. It may be possible, therefore, to predict the 

capacity of the oceanic CO2 sink based on nitrate utilisation. If the average 
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atmospheric pCO2 over the study period (382 ppmV) is plotted as a molar 

concentration ([CO2 (aq)] = 24.0 µmol/L) on the plot of [CO2 (aq)] vs. [NO3
-] (dashed 

grey line, Fig. 6.7), then all data points falling below this horizontal line depict CO2 

undersaturation, and therefore influx of atmospheric CO2, whilst those above the line 

depict oversaturation. The intersection of this 100 % saturation line and the 

CO2/NO3
- trend line is then the concentration of nitrate required to draw down CO2 

to undersaturated conditions. If deep waters supplied CO2 and NO3
- to surface waters 

in a closed system with no atmospheric or carbonate system equilibration and CO2 

removal was by biological uptake only, then maximum concentrations of the deep 

water source (77.2 µmol CO2/L, 33.1 µmol NO3
-/L) would be drawn down according 

to the ratio of C/N in organic matter, 5.62 (Fig. 6.7: dotted black line). Since initial 

CO2/NO3
- (2.33) is significantly lower than POC/PN, CO2 would be drawn down to a 

greater extent than NO3
- such that surface waters would be undersaturated with 

respect to atmospheric pCO2 at nitrate concentrations below 25 µmol/L. However, 

atmospheric and carbonate system equilibration processes both act to reduce the 

slope of this relationship, as described above, such that a greater degree of nitrate 

utilisation is required to drive CO2 undersaturation than would be the case with deep 

water supply and stoichiometric uptake by phytoplankton alone. According to the 

regression line for all samples in this study, undersaturation of CO2 is achieved at a 

nitrate concentration of 16 µmol/L (Fig. 6.7a). However, there is considerable scatter 

around the regression and important interannual variability, such that this value 

cannot be taken as definitive. For each season (Fig. 6.7b), the data point furthest to 

the top left below the 100 % saturation line in [CO2 (aq)] vs. [NO3
-] space is taken as 

the minimum value of [NO3
-] required to drive pCO2 to undersaturated conditions in 

that season. In 2005/6, for example, the lowest nitrate concentration required to draw 

down CO2 below 100 % saturation is 4.4 µmol/L. At low NO3
- and CO2 

concentrations, data points are pulled above the overall C/N regression by extensive 

equilibration with atmospheric CO2 under strongly stratified conditions, such that the 

CO2/NO3
- drawdown ratio is reduced and greater NO3

- utilisation is required to drive 

undersaturation of the surface ocean with respect to atmospheric CO2. This is 

supported by surface water time-series data, which show that nitrate drawdown is 

intense during summer 2005/6 (Chapter 3), but pCO2 is only drawn down to 
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undersaturated levels briefly at the end of the season (Fig. 6.1). In all other less 

stratified seasons studied, a lesser degree of air-sea equilibration places data points 

closer to the overall CO2/NO3
- trend and less nitrate utilisation is required to deplete 

CO2 to undersaturated levels. This is especially true of 2006/7, when a nitrate 

concentration of 15 µmol/L corresponds to pCO2 below 100 % saturation, and 

explains why surface water pCO2 is undersaturated with respect to atmosphere 

throughout most of the season. In 2004/5, 2008/9 and 2009/10, the concentration of 

nitrate required to draw down pCO2 below 100 % saturation is 5 µmol/L, 9 µmol/L 

and 9 µmol/L, respectively. According to the relationships described here, biological 

drawdown of nitrate to 4.4 µmol/L will ensure that surface waters are undersaturated 

with respect to atmospheric pCO2 and drive an inward flux of CO2 to the surface 

ocean, for potential assimilation into organic carbon. In some seasons, nitrate 

drawdown to ~10 µmol/L would also be sufficient to drive this influx. Throughout 

the coastal WAP region, summertime nitrate concentrations are often depleted to <10 

µmol/L (Chapter 3; Ducklow et al., 2007), such that summertime undersaturation of 

surface water pCO2 has the potential to create a significant seasonal sink for 

atmospheric CO2 in this region. 

 

6.5.9 Sea ice control of CO2/NO3
- dynamics 

From this interannual variability in CO2/NO3
- relationships, it is possible to develop a 

schematic view of the ways in which ocean-atmosphere and carbonate equilibrium 

processes interact with carbon and nitrogen uptake dynamics under different 

oceanographic conditions (Fig. 6.8). This may be particularly useful for predicting 

the response of the carbon system to ongoing climatic changes in the Antarctic sea 

ice environment. As in Figure 6.7, the black line in Figure 6.8 depicts the 

hypothetical CO2/NO3
- relationship when deep water supply and stoichiometric 

biological uptake are the only processes affecting carbon and nitrogen dynamics, 

with no atmospheric or carbonate system equilibration (line 1). As equilibrated deep 

waters approach the ocean surface, CO2 and nitrate are consumed by phytoplankton. 

In the real ocean, this perturbs the carbonate equilibrium, which shifts progressively 

to convert carbonate and bicarbonate to CO2, to compensate for ongoing biological 

removal. This continuous resupply of CO2 has no effect on the equilibrium in deep 
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waters or nitrate concentration throughout the water column, and therefore moves 

surface water data points upwards (increasing [CO2 (aq)]) whilst maintaining their x-

axis position (no change in [NO3
-]). As such, line 1 in Figure 6.8 pivots on the “deep 

water” point and moves to the position of the “carbonate equilibrium only” purple 

line (line 2), according to the purple arrows. Concurrent ocean-atmosphere 

equilibration also alters surface water [CO2 (aq)], with no change in [NO3
-], by adding 

CO2 to undersaturated surface waters and removing CO2 from oversaturated waters. 

This increases [CO2 (aq)] to the left of the point where the CO2/NO3
- uptake line 

crosses the 100 % saturation line, and decreases [CO2 (aq)] to the right of this point, as 

shown in Figure 6.8. As such, the slope of the CO2/NO3
- line decreases as a result of 

ocean-atmosphere equilibration and pivots close to the “saturation point” (i.e. the 

intercept between the “carbonate equilibrium only” line and the 100 % saturation 

line) according to the pink arrows, such that data points plot on the pink 

“atmospheric and carbonate equilibrium” line (line 3). Carbonate system 

equilibration responds to biological CO2 removal regardless of whether sea ice cover 

is full and permanent, or non-existent. Conversely, ocean-atmosphere equilibration is 

restricted or prevented in a system characterised by extensive sea ice cover. As such, 

samples from a system of full permanent sea ice cover would plot on the purple 

“carbonate equilibrium only” line (line 2) and move towards the bottom left as 

biological carbon uptake proceeds. Samples from a sea-ice-free system with 

unrestricted CO2 resupply from air-sea gas exchange would plot on or close to the 

pink “atmospheric and carbonate equilibrium” line (line 3), with a shallower gradient 

depicting increasing ocean-atmosphere equilibration. Future changes in ocean-

atmosphere gas exchange are likely, therefore, to exert a stronger influence than 

carbonate equilibrium processes on the interaction between the polar marine carbon 

and nitrogen cycles as climate warming and sea ice losses continue. 
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Figure 6.8. Schematic representation of the effect of carbonate equilibrium processes 

(purple arrows and line 2) and ocean-atmosphere equilibration (pink arrows and line 

3) on the relationship between CO2 and nitrate concentrations. A full explanation is 

given in the text. 

 

6.5.10 Future change in the surface water CO2 system 

In the context of climate-induced sea ice losses at the WAP, summer data are already 

likely to depict atmospheric and carbonate equilibration, because the majority of sea 

ice along the WAP is first-year ice, so ocean-atmosphere equilibration is rarely 

completely precluded during austral summer. In Ryder Bay, for example, despite a 

small amount of interannual variability due to stratification and surface water 

residence time, all seasonal CO2/NO3
- drawdown ratios (0.7 to 1.1; Table 6.2) show 

extensive air-sea gas exchange, in agreement with negligible summertime sea ice 

cover throughout the study period. As such, ongoing sea ice losses are unlikely to 

alter the potential for summertime air-sea gas exchange in Ryder Bay. However, over 

large areas of the WAP ocean, ongoing sea ice decline is increasing the length of the 

ice-free season (Stammerjohn et al., 2008a), such that air-sea gas exchange is 

permitted over longer time periods. In combination with increased biological 

productivity over a longer ice-free growing season (Montes-Hugo et al., 2009), this 

may significantly increase the air-sea flux of CO2. Elsewhere along the WAP, such 

as in Ryder Bay and north of Anvers Island, ongoing sea ice losses are causing 

deeper mixed layers and less stratified upper ocean conditions (Chapter 3). Whilst 

less stratified conditions permit a lesser degree of ocean-atmosphere equilibration, 
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the total flux of CO2 to the surface ocean is likely to be greater than under more 

stratified conditions, due to a larger ocean-atmosphere pressure gradient. As such, if 

there were no change in biological activity, continuing sea ice losses would increase 

the CO2 flux to the surface ocean during austral summer. However, ongoing sea ice 

decline is driving an overall decline in phytoplankton productivity in this region 

(Montes-Hugo et al., 2009; Venables et al., submitted), such that reduced biological 

CO2 uptake and therefore a lesser degree of undersaturation with respect to 

atmospheric pCO2 are likely to drive a significant reduction in the flux of CO2 to the 

surface ocean. This study has shown that biological uptake of CO2 in a low sea ice, 

low productivity summer season (2008/9) is reduced by ~50 % compared to a 

moderate sea ice, high productivity season (2004/5), which illustrates the likely 

effect on surface ocean CO2 uptake of a continued decline in sea ice cover. At 

present, biological uptake of deep ocean CO2 is sufficient to deplete surface water 

pCO2 and drive summertime air-sea equilibration in the direction of the surface 

ocean. However, the warming trend at the WAP is expected to continue and the 

overall decline in productivity is likely to persist (Venables et al., submitted). This 

would drive an overall reduction in the potential of the summertime carbon sink until 

it is no longer able to counteract the net efflux of CO2 to the atmosphere expected 

from upwelling of CO2-rich deep waters. As such, the upper ocean CO2 system 

would move from biological control to upwelling control and air-sea equilibration 

would move in the direction of the atmosphere, driving a switch to summertime 

source behaviour. The wider WAP region already acts as a wintertime carbon source 

to the atmosphere due to deep water upwelling and CO2 degassing (Carrillo et al., 

2004; Montes-Hugo et al., 2010), and the strength of this source is likely to increase 

in the light of ongoing sea ice losses and more intense wind-induced mixing as 

climate change proceeds. A decline in the efficiency of the summertime sink or a 

switch to summertime source behaviour in coastal areas combined with a 

strengthening winter source would make the WAP ocean a strong year-round source 

of CO2. This would result in a positive feedback to the rapid warming trend, with 

implications for the role of the Southern Ocean in regulating atmospheric CO2, in the 

context of the ongoing increase in anthropogenic emissions of this potent greenhouse 

gas. 
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6.5.11 Carbon export and longer-term CO2 sequestration 

For CO2 taken up by phytoplankton to be removed from the atmosphere for longer 

than sub-annual time periods, organic material must sink out of the euphotic zone for 

potential burial in marine sediments. Sediment trap data from 2004/5 and 2005/6 

depict export from a high flux and low flux season, respectively, and therefore span 

the range that might be expected in a coastal setting such as Ryder Bay. Total carbon 

flux at 200m over summer 2004/5 in Ryder Bay was 1168.5 mmol/m2, or 12.3 

mmol/m2/day. In 2005/6, the total carbon flux at 200m was significantly lower at 

109.2 mmol/m2 or 3.9 mmol/m2/day. The range of carbon fluxes consequently spans 

the 15 year average flux over the continental shelf further north along the WAP 

offshore of Anvers Island (212 mmol/m2; Ducklow et al., 2008) and the flux from 

summer 2000 in the Indian sector sea ice zone (Metzl et al., 2006), with high 

productivity high export seasons exhibiting significantly larger fluxes. Ryder Bay 

carbon fluxes were always higher than in the Indian sector permanently open ocean 

zone (Metzl et al., 2006), yet lower than in Prydz Bay, coastal East Antarctica 

(Gibson and Trull, 1999). The discrepancy in flux magnitude between 2004/5 and 

2005/6 is driven by lower overall productivity, as well as oceanographic conditions 

conducive to particle retention in the surface ocean and a shorter period of organic 

matter sinking to depth, in the latter season (Chapter 4). The contribution of 

atmospheric CO2 to export flux cannot be directly quantified using 14C as it can for 

surface water POC, since sinking POC 14C ages are not representative of surface 

values (Chapter 5). However, if it is assumed that 20 to 50 % of the carbon exported 

over each season is atmospheric CO2, in agreement with surface water samples, it is 

possible to speculate on the amount of atmospheric CO2 exported as organic carbon 

in a high and low export season. Of the 12.3 mmol/m2/day POC exported in high 

productivity 2004/5, 2.5 to 6.2 mmol/m2/day or 233.7 to 584.3 mmol/m2 over the 

entire growing season would constitute export of atmospheric CO2. Of the 3.9 

mmol/m2/day POC exported in low productivity 2005/6, export of atmospheric CO2 

would be 0.8 to 2.0 mmol/m2/day or 21.8 to 54.6 mmol/m2 over the growing season; 

an order of magnitude lower than in 2004/5. This difference may be dampened, 

however, if atmospheric CO2 makes a greater contribution to DIC and POC in the 

more stratified season, as explained above. This being the case, export of 
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atmospheric CO2 may be higher in 2005/6 than in less stratified seasons of low-to-

moderate productivity. However, given such a large difference in flux magnitude 

between 2004/5 and 2005/6, it is very likely that atmospheric carbon export flux in 

2004/5 is still significantly higher than in 2005/6, even despite the likely greater 

proportional contribution of atmospheric CO2 to total POC in 2005/6. Whilst 

sediment trap data are not available for later growing seasons in this study, total 

carbon export flux for 2005/6 is likely to fall towards the lower end of the range for 

seasonal fluxes in the coastal Antarctic environment, due to surface retention, whilst 

data for 2004/5 probably depict maximum fluxes at the WAP. Higher productivity 

and oceanographic conditions conducive to export in 2006/7 and 2009/10 create the 

potential for significant export of atmospheric CO2 during these growing seasons, 

whilst low productivity negates the possibility for significant export during summer 

2008/9. Over the study period, higher productivity than in the open Southern Ocean 

(e.g. Arrigo et al., 1998), biological uptake of atmospheric CO2 and significant fluxes 

of organic material below the euphotic zone give rise to the possibility that the 

coastal WAP ocean may act as a sink for atmospheric CO2 over timescales longer 

than one annual cycle. However, in light of ongoing environmental change and the 

decline in productivity described above, this potential is set to diminish, so that the 

ability of the coastal WAP ocean to take up atmospheric CO2 in the short and longer-

term is likely to decline considerably, with profound implications for the global 

carbon cycle. 

 

6.6 Conclusions 

 

The functioning of the Southern Ocean CO2 system is crucial to the global ocean 

uptake of atmospheric CO2 and therefore the present and future evolution of global 

climate. This study finds that the ocean west of the western Antarctic Peninsula acts 

as a sink for atmospheric CO2 during austral summer. The principal supply of CO2 

from the deep ocean is offset by high biological productivity, which is sufficient to 

draw down CO2 sufficiently to render surface waters undersaturated with respect to 

atmospheric CO2, and consequently to drive an influx of atmospheric CO2 to the 

surface ocean. Although primary productivity exerts the principal control on surface 
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water pCO2, upper ocean stratification also plays a role in regulating ocean-

atmosphere equilibration, due to variations in the residence time of a water parcel at 

the ocean surface during which equilibration can take place. However, the degree of 

equilibration is not an indication of total CO2 flux to the ocean. In fact, total flux may 

decrease with a greater degree of equilibration due to a reduction of the ocean-

atmosphere pressure gradient. In any case, equilibrium-driven influx of atmospheric 

CO2 to the surface ocean during all summer seasons covered by this study provides 

strong evidence for summertime carbon sink behaviour at the WAP. The capacity of 

this sink is enhanced by efficient equilibration of the carbonate system, which buffers 

variability in CO2 due to biological activity and air-sea gas exchange. 

 

Coupling of the marine carbon and nitrogen cycles allows us to parameterise the 

biologically-mediated capacity of the CO2 sink in terms of nitrate utilisation, with 

relevance for characterising sink behaviour over wider spatial and temporal scales. In 

Ryder Bay, the relationship between CO2 and nitrate suggests that in most seasons 

nitrate utilisation to concentrations <10 µmol/L leads to undersaturation of surface 

water CO2 and sink behaviour. Throughout the WAP surface ocean environment, 

summertime nitrate concentrations are often drawn down to <10 µmol/L, such that 

the wider WAP region is likely to constitute a sink for atmospheric CO2 during 

austral summer. 

 

In order for atmospheric CO2 to be sequestered over timescales relevant to feedbacks 

in the climate system, organic carbon must be exported and removed to the deep 

ocean and/or marine sediments. Although a full assessment of this process is not 

possible here, significant fluxes of organic carbon below the surface layer are in 

agreement with other studies along the WAP and around coastal Antarctica, and 

create the potential for atmospheric CO2 to be sequestered over longer timescales 

than the annual cycle defining surface water CO2 fluxes. 

 

The potential of the WAP carbon sink, both during summer and over longer 

timescales, is sensitive to ongoing climatic and oceanographic change. Because sea 

ice acts as a physical barrier to ocean-atmosphere gas exchange, the climatically-
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driven increase in length of the ice-free season and loss of permanent ice cover from 

some areas should drive an increase in the degree of exchange and therefore 

summertime CO2 flux to the surface ocean. However, since biological productivity is 

the primary control on surface water pCO2, the climate-induced decline in 

productivity is likely to drive an ongoing decline in atmospheric CO2 uptake and 

export. This study documents a factor of two decrease in biological CO2 uptake 

between sea ice-influenced high productivity summer 2004/5 and low sea ice, low 

productivity 2008/9, and provides strong support for the forecast decline. If this 

decline continues to the point where biological carbon uptake is no longer sufficient 

to prevent significant degassing of deep ocean CO2, the WAP surface ocean may 

switch to a summertime carbon source. With existing winter source behaviour, this 

would render the WAP a strong overall source of CO2 to the atmosphere. As such, 

climate change along the WAP is likely to drive a significant decline in the capacity 

of the ocean to take up atmospheric CO2 in this region, both during austral summer 

and over the longer term, with profound implications for the role of the Southern 

Ocean in regulating global climate. 
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7 Factors influencing the stable carbon isotopic composition of 
suspended and sinking organic matter in the coastal Antarctic sea 
ice environment 

 

7.1 Abstract 

A high resolution time-series analysis of carbon isotopic signatures in particulate 

organic carbon (�13CPOC) and associated biogeochemical parameters in sea ice and 

surface waters provides an insight into the factors affecting �13CPOC in the coastal 

western Antarctic Peninsula (WAP) sea ice environment. The study covers two 

austral summer seasons in northern Marguerite Bay between 2004 and 2006. A shift 

in diatom species composition during the 2005/06 summer bloom to near-complete 

biomass dominance of Proboscia inermis is strongly correlated with a large ~10 ‰ 

negative isotopic shift in �13CPOC that cannot be explained by a concurrent change in 

concentration or isotopic signature of CO2. It is hypothesised that the �13CPOC shift 

may be driven by the contrasting biochemical mechanisms and utilisation of carbon-

concentrating mechanisms (CCMs) in different diatom species. Specifically, very 

low �13CPOC in P. inermis may be caused by the lack of a CCM, whilst some diatom 

species abundant at times of higher �13CPOC may employ CCMs. These short-lived 

yet pronounced negative �13CPOC excursions drive a 4 ‰ decrease in the seasonal 

average �13CPOC signal, which is transferred to sediment traps and core-top sediments 

and consequently has the potential for preservation in the sedimentary record. This 4 

‰ difference between seasons of contrasting sea ice conditions and upper water 

column stratification matches the full amplitude of glacial-interglacial Southern 

Ocean �13CPOC variability and, as such, phytoplankton species changes are invoked as 

a potentially important factor influencing sedimentary �13CPOC. �13CPOC in sea ice is 

found to be significantly higher than in surface waters, consistent with autotrophic 

carbon fixation in a semi-closed environment and possible contributions from post-

production degradation, biological utilisation of HCO3
- and production of 

exopolymeric substances. This study demonstrates the importance of surface water 

diatom speciation effects and isotopically heavy sea ice-derived material for �13CPOC 

in Antarctic coastal environments and underlying sediments, with consequences for 

the utility of diatom-based �13CPOC in the sedimentary record. 
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7.2 Introduction 

During photosynthetic uptake of aqueous carbon dioxide, marine phytoplankton 

preferentially assimilate the lighter isotope, carbon-12, thus increasing the stable 

carbon isotopic signature, �13C, of the residual pool of dissolved inorganic carbon 

(DIC). As such, marine algae always display lower �13CPOC than the inorganic carbon 

source they assimilate (Hayes, 1993).  Several studies have demonstrated that on 

large oceanic scales, �13C of the product organic carbon (�13CPOC) is inversely 

correlated with the concentration of dissolved molecular carbon dioxide ([CO2 (aq)]) 

in surface waters (Rau et al., 1989, 1991). This inverse relationship has been 

exploited to use �13CPOC in marine sediment cores as a proxy to reconstruct surface 

water [CO2 (aq)] and atmospheric pCO2 in the past (Jasper and Hayes, 1990; Freeman 

and Hayes, 1992; Bentaleb and Fontugne, 1998). 

 

However, several studies have demonstrated that this relationship cannot be applied 

universally and in high-southern latitudes particularly, the anti-correlation between 

�
13CPOC and [CO2 (aq)] can be decoupled by physical and biological factors. Amongst 

these factors are phytoplankton growth rate and its regulation by temperature and 

light levels (O’Leary et al., 2001), cell size and shape (Popp et al., 1998; Burkhardt 

et al., 1999; Trull and Armand, 2001) and non-diffusive carbon uptake through 

carbon concentration mechanisms ( Rau, 2001; Cassar et al., 2004).  

 

Paleoceanographic studies of the Southern Ocean have observed that the �13C of 

diatom-bound organic matter was depleted in 13C during glacial times relative to 

interglacials and the Holocene (Singer and Shemesh, 1995; Rosenthal et al., 2000; 

Crosta and Shemesh, 2002; Schneider-Mor et al., 2005). However, ice core records 

show that glacial pCO2 was lower than during interglacials (Berner et al., 1980; 

Barnola et al., 1987; Masson-Delmotte et al., 2010), which would be expected to 

drive �13CPOC more positive. Definitive explanations for low glacial �13CPOC remain 

unclear but potential contributing factors include lower algal growth rates during 

glacial periods (Rosenthal et al., 2000), sea ice-triggered increase in [CO2 (aq)] (Crosta 

and Shemesh, 2002) and the effects of changes in diatom abundance or species 

composition (Crosta et al., 2005). Documenting the processes that decouple carbon 
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isotopes from the classic �13CPOC versus pCO2 relationship used for paleo-CO2 

reconstructions is important in understanding the role of the Southern Ocean in 

glacial-interglacial climate change. This study provides a detailed high-resolution 

time-series analysis of carbon isotopes and associated biogeochemical parameters in 

surface waters, sea ice, sediment traps and core-top sediments, in order to elucidate 

the key factors influencing surface and sinking �13CPOC in the Antarctic sea ice zone 

on a seasonal timescale, as well as their potential for preservation in marine 

sediments. 

 

7.3 Materials and methods 

 

7.3.1 Study area 

This study was conducted over two growing seasons and the intervening winter of 

full sea ice cover between December 2004 and March 2006 in Ryder Bay and 

Marguerite Bay, located south of Adelaide Island, west of the Antarctic Peninsula 

mainland (Fig. 7.1). Ryder Bay is a coastal, seasonally sea ice-covered Southern 

Ocean environment in which diatoms dominate the summer assemblages, with 

biomass of other phytoplankton such as prymnesiophytes and cryptophytes more 

than an order of magnitude lower (Garibotti et al., 2005a). Ryder Bay adjoins 

Marguerite Bay and the principal study site is the Rothera Oceanographic and 

Biological Time-Series (RaTS) site at  67o34.02’S, 68o14.02’W (Clarke et al., 2008), 

situated in open water of depth 520 m. If access to the main RaTS site is prevented 

by weather or ice conditions, a secondary station at 67˚34.85’S, 68˚09.34’W of water 

depth ~400 m is used as an alternative site also representative of prevailing 

oceanographic conditions in Ryder Bay. The Marguerite Bay site is located at 

67˚55.39’S, 68˚24.15’W in open water of depth 840m. 
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Figure 7.1. Map of Ryder Bay showing the RaTS site, Hangar Cove and Lagoon 

Island sampling stations. Map courtesy of the British Antarctic Survey. Inset shows 

position of Ryder Bay on the WAP. After Clarke et al. (2007, 2008). 

 

7.3.2 Sea ice sampling 

Sea ice brine was sampled according to sea ice availability at three locations: the 

RaTS site, Hangar Cove and Lagoon Island (Fig. 7.1). Fifteen samples were taken 

over the course of the study: five Lagoon Island land-fast ice samples taken in 

December 2004, two winter sea ice samples taken at the RaTS site in September and 

October 2005 and eight early spring samples from Hangar Cove in November and 

December 2005. 

 

Sea ice brine was sampled using a sack hole drilling method, with samples for the 

stable carbon isotopic composition of CO2 (�13CCO2) and [CO2 (aq)] taken first to 

minimise atmospheric contamination. Samples for �13CCO2 were taken using a 50 ml 
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syringe and gently injected into a 12 ml glass exetainer vial preloaded with 50 µL of 

35 gL-1 copper (II) sulphate to suppress bacterial activity (Winslow et al., 2001).  

 

Samples for alkalinity and pH, for [CO2 (aq)] determination, were taken by immersing 

a 250 ml glass biological oxygen demand (BOD) bottle in the sack hole, ensuring no 

air bubbles were included and sealing the bottle with a ground glass stopper. On 

return to the laboratory, samples were stored, unfiltered, in the dark overnight to 

allow them to reach room temperature and thus maintain a steady temperature 

throughout subsequent analysis on the following day. 

 

For particulate organic carbon measurements, sea ice brine samples were filtered 

through muffle-furnaced (400 oC for 4 h) 47 mm diameter GF/F filters, of pore size 

~0.7 µm, within two hours of collection. The filters were then dried at 50 oC 

overnight, and stored frozen until analysis. For diatom census counts, sea ice brine 

was filtered through 37 mm diameter polycarbonate filters, of pore size 0.45 µm. 

Filters were dried overnight at 50 oC and stored in clean plastic Petri-slides until 

analysis.  

 

7.3.3 Surface water sampling 

A high resolution time series of surface water samples was taken in Ryder Bay, at the 

RaTS site during the austral spring and summer of 2004/05 and 2005/06. Low 

resolution time series sampling was conducted during winter 2005.  

 

A normal sampling event consisted of collection of seawater samples from 15m 

water depth, the average depth of the chlorophyll maximum in Ryder Bay since 

sampling began in 1997 (Clarke et al., 2008). Samples were taken for determination 

of chlorophyll a, [CO2 (aq)], �
13CCO2, suspended POC, �13CPOC and diatom 

assemblages and measurements were taken for temperature and salinity using a YSI-

500 multi-parameter meter. Each sampling event was accompanied by a full-depth 

Conductivity Temperature Depth (CTD) cast to monitor changes in mixed layer 

depth. 
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CTD casts were taken to 500 m depth using a Sea Bird 19+ CTD module with a 

WetLabs in-line fluorometer and LiCor PAR sensor. For measurement of 

temperature at the 15 m sampling depth, a Sensoren Instrumente Systeme GmbH 

reversible thermometer was lowered to 15 m and allowed to equilibrate for two 

minutes before a brass messenger was sent down to initiate temperature recording.  

 

Surface water samples were taken using a 5 L Niskin bottle for chlorophyll a, 

�
13CCO2 and [CO2 (aq)] measurements. For �13CCO2, water was drawn from the Niskin 

bottle using a 50 ml syringe and gently injected into a 12 ml glass exetainer vial 

preloaded with 50 µL of 35 gL-1 copper sulphate to suppress bacterial activity 

(Winslow et al., 2001). Samples for alkalinity and pH, for [CO2 (aq)] determination, 

were taken from the Niskin straight into a 250 ml glass BOD bottle, which was 

immediately sealed with a ground glass stopper whilst overflowing and ensuring that 

no air bubbles were present. These samples were left overnight, as for the equivalent 

sea ice samples. Chlorophyll samples were collected and treated as per Clarke et al. 

(2008), and outlined in Chapter 2. Particulate samples were retrieved using a 12 V 

whale pump and 15 m of silicone tubing weighted down at the end. Water from 15 m 

was pumped into 10 L HDPE carboys for transfer back to the laboratory. Surface 

water samples were prepared for particulate organic carbon measurements and 

diatom census counts in the same way as was sea ice brine. 

 

7.3.4 Sediment trap and surface sediment sampling 

Two sediment trap mooring arrays were deployed to catch sinking particles for 

�
13CPOC analysis and flux calculations, concurrent with the time series water 

sampling programme; one at the RaTS site and the other at the deeper Marguerite 

Bay site.  

 

Each mooring consisted of two time-series sediment traps, at 200 m and 512 m for 

the RaTS mooring and 123 m and 745 m for the Marguerite Bay mooring. Each 

sediment trap consisted of 21 rotating cups programmed to rotate at predefined 

intervals. Cup turnover times were shorter giving higher resolution during periods of 
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potential sea ice melt and the spring bloom, whilst lower resolution cup rotation was 

used during the low flux winter periods.  

 

Both sediment trap mooring arrays were deployed from January 2005 to March 2006. 

Upon recovery, all sediment trap bottles were removed and replaced, and the 

moorings redeployed.  

 

Prior to deployment, each cup was filled with filtered seawater spiked with an extra 5 

‰ NaCl in order to increase its density and prevent mixing with the overlying 

seawater. Finally, cups were spiked with formaldehyde to give an overall 

concentration of 2 % (v/v) to prevent bioturbation, by killing swimmers and stopping 

biological activity. Formaldehyde-preservation of sediment trap material for �13CPOC 

analysis is widely used (Thunell et al., 2000; Struck et al., 2004; Mincks et al., 2008) 

and is deemed appropriate for the purposes of this study since formaldehyde 

preservative does not add sufficient organic carbon to sediment trap material to alter 

�
13CPOC (Altabet, 2001). 

 

Box core samples were taken at the RaTS site and the Marguerite Bay site in January 

2005 and December 2006 aboard R.R.S. James Clark Ross. In each case, the box 

core was taken and then four sub-cores of approximately 30cm were taken by 

pushing plastic sleeves through the box core. Core-top samples were collected from 

the top two 0.5 cm intervals from each sub-core. 

 

7.3.5 Surface water and sea ice [CO2 (aq)] and �13CCO2 determination 

[CO2 (aq)] was determined using measurements of salinity and temperature, detailed 

above, with pH and alkalinity, both determined on the day following sampling. pH 

measurements were performed using a bench-top pH meter calibrated to buffer 

solutions of pH 4.01, 7.00 and 10.01. Maximum error on triplicate pH measurements 

across all samples was ± 0.02. Alkalinity was determined by titration with 0.05 M 

HCl and the Gran plot method (Almgren et al., 1983). [CO2 (aq)] was calculated using 

constants from Dickson and Millero (1987), Hannson (1973) and Mehrbach et al. 

(1973) using the CO2SYS programme (Lewis and Wallace, 1998).  Maximum error 
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on [CO2 (aq)] calculations, taking into account the maximum error on all input 

parameters, is 11.0 %. As a result of complications with acurately measuring pH in 

seawater, although maximum error from repeat analyses was ± 0.02 pH units, the 

analytical precision may be larger. This does not affect calculation of alkalinity, but 

may affect the value of pH input to the CO2SYS programme. Whilst this may 

increase the maximum error on [CO2 (aq)] calculations, the values given here are 

robust in describing CO2 variability over the course of this study. 

 

�
13CDIC analysis was conducted by GC-IRMS using a method similar to Assayag et 

al. (2006). The 12 ml glass exetainer vial containing 12 ml of seawater sample spiked 

with CuSO4.5H2O was split into two samples by inserting a closed syringe through 

the septum of the vial and injecting 6 ml of Helium gas into the sample vial using a 

separate needle and syringe. The 6 ml of sample forced into the closed syringe by the 

He injection was then injected into a clean 12 ml exetainer vial that had been under 

vacuum for 30 min. Each sample vial was then injected with 0.6 ml of concentrated 

H3PO4 in order to convert the DIC into aqueous and gaseous CO2 for analysis. Three 

sets of isotopic standards were prepared (MAB2, CaCO3 and NaHCO3) using a range 

of final DIC concentrations. The standards were weighed into 12 ml glass exetainer 

vials and then placed on a vacuum to remove all gases. 6 ml of 10 % H3PO4 was then 

injected into each standard vial to reproduce the same conditions as in the sample 

vials. �13CDIC was analysed using a custom-built GC-IRMS system, from which raw 

�
13C values were corrected using the isotopic standards. Precision of �13CDIC values 

was generally better than 0.2 ‰. �13CCO2 was determined from �13CDIC and absolute 

temperature (TK in Kelvin) using Equation 7.1 from Rau et al. (1996): 

 

KDICCO TCC /5.9701644.231313

2
−+= δδ

   (Eq. 7.1) 

 

7.3.6 POC, PN and �13CPOC analysis 

Bulk POC, particulate nitrogen (PN) and �13CPOC analyses were conducted using a 

method similar to Lourey et al. (2004). Prior to analysis, the filters were 

decarbonated by wetting with Milli-Q water and fuming with HCl for 48 h and then 
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drying at 50 oC. Filters were cut in half and analysed for elemental POC, PN and 

�
13CPOC using a Carlo Erba NA 2500 elemental analyser in-line with a VG PRISM 

III isotope ratio mass spectrometer. The two halves were analysed separately and 

then data were summed, to achieve final representative values for the whole filters. 

All �13C data are presented in the delta per mil notation versus V-PDB (‰ VPDB). 

 

7.3.7 Diatom species counts 

Diatom assemblages were determined by analysing a subsample of each 

polycarbonate filter by scanning electron microscopy. Counting methods, surface 

area, volume and biomass determinations and species identification in surface 

samples are detailed in Annett et al. (2010). Sea ice samples were analysed following 

identical protocols. Diatom census counts were also conducted on sediment trap 

material, according to the methods of Laws (1983) and Schrader and Gersonde 

(1978). Full details on slide preparation and diatom identification are as per Crosta et 

al. (2004). 

 

7.3.8 Sediment trap and core-top sediment �13CPOC analysis 

After recovery of the sediment trap mooring arrays, the solution in each sample cup 

was allowed to settle, the supernatant siphoned off and the swimmers removed 

manually using HCl-cleaned plastic forceps and a x10 dissecting binocular 

microscope. Each sample cup was then split into 10 fractions using a rotary splitter at 

the National Oceanography Centre (NOC), Southampton, UK.  

 

One fraction from each sediment collection cup was washed, freeze-dried and ground 

for analysis of �13CPOC. Duplicate 10 mg aliquots of this dried sediment were 

weighed into silver capsules, acidified with 5 % HCl to remove carbonates and then 

dried at 60 oC overnight. Decarbonated samples were then analysed for �13CPOC using 

a VG PRISM III isotope ratio mass spectrometer. One sub-core of each box core was 

prepared and analysed for �13CPOC in the same way as the sediment trap cup fraction. 
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7.3.9 Data analysis and statistics 

All statistical analyses were performed using R computing software. Relevant 

information for each analysis is summarised in Appendix 7.1, in the order in which 

results appear in the text, and given due consideration in the discussion that follows. 

 

7.4 Results 

 

7.4.1 Seasonal sea ice cover and productivity 

Sea ice cover, mixed layer depth and chlorophyll a data from the austral summer 

growing seasons of 2004/05 and 2005/06 are presented in Figure 7.2. Total sea ice 

cover was variable between the two seasons at the RaTS site, with full cover 

occurring for 138 days from 16 June to 1 November during winter 2004 and 198 

days from 10 June to 25 December 2005. The mixed layer depth data show typical 

seasonality for Ryder Bay, with a deep winter mixed layer and a shallow surface 

layer in summer, influenced heavily by sea ice and surrounding glaciers (Meredith et 

al., 2004).  Mixed layer depth is defined as the depth at which �0 = �0 (surface) + 

0.05 (Barth et al., 2001), where �0 is the potential density anomaly =  � – 1000, and � 

is density in kg m-3. A stratified surface ocean during summer reduces wind-induced 

vertical mixing and provides a stable environment for proliferation of diatom blooms 

and resultant seasonal drawdown of macro- and micronutrients (Clarke et al., 2008). 

In this study, both growing seasons lasted ~4 months, but the 2005/06 phytoplankton 

bloom occurred around 6 weeks later in accordance with later sea ice retreat. 

Summer surface water conditions were also much more stable in 2005/06 with a 

longer period characterised by a shallow mixed layer, in agreement with more 

persistent sea ice cover during the preceding winter.  



Henley, 2012 

 221 

 

Figure 7.2. Time-series plots of sea ice cover (top panel) with the black line 

representing daily observations in Ryder Bay and the shaded region representing 

regional sea ice cover of Marguerite Bay (from National Ice Centre - National 

Oceanic and Atmosphere Administration, Bellingshausen-Amundsen Sea region sea 

ice cover satellite data, available online: http://www.natice.noaa.gov); mixed layer 

depth (see text for definition; middle panel); and chlorophyll a concentrations at 15 

m water depth at the RaTS site (bottom panel) from July 2004 to October 2006. Data 

courtesy of the British Antarctic Survey, with supplementary data from this study. 

 

7.4.2 Dissolved carbon dioxide and �13CCO2 in surface waters and sea ice 

The concentration of CO2 and �
13CCO2 in surface waters show a general trend of [CO2 

(aq)] decrease and 13C enrichment during spring and summer during both summer 

seasons (Fig. 7.3). During the 2004/05 season, [CO2 (aq)] decreased from values as 

high as 54.2 ± 6.0 µM to 5.1 ± 0.6 µM whilst �13CCO2 values rose from -11.2 to -9.0 

‰. Similarly during the 2005/06 season, [CO2 (aq)] decreased from a high winter 

value of 33.7 ± 3.7 µM to 13.6 ± 1.5 µM and �13CCO2 values rose from -11.1 to -9.2 

‰. Important to note however, is that the 2004/05 season was characterised by rapid 

and large fluctuations in [CO2 (aq)]; in fact, season maximum concentration occurs 

after the first chlorophyll peak in the middle of the growing season. Conversely, 
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[CO2 (aq)] shows a much more systematic reduction over the duration of the 2005/06 

growing season, albeit with a lesser overall drawdown. Similarly, �13CCO2 shows 

much more variability in 2004/05 than the gradual increase seen in summer 2005/06. 

The greater variability seen in the 2004/05 season depicts regular inputs of CO2, 

which resulted in small negative shifts in �13CCO2 to values as low as -10.5 ‰ during 

January and February 2005. The absence of such fluctuations in �13CCO2 during 

summer 2005/06 shows that there is no regular mid-season input of CO2. However, 

there is one marked increase in [CO2 (aq)] and simultaneous decrease in �13CCO2, 

which provides evidence for a one-off mid-season input of CO2, coincident with a 

mid-season chlorophyll reduction between two periods of greater phytoplankton 

productivity.  

 

The �13CCO2 in sea ice is generally enriched relative to surface waters and exhibits 

greater temporal variability, with values ranging from -10.7 to -4.8 ‰ (Fig. 7.3). CO2 

concentrations in sea ice brine are lower than in surface waters, consistent with 

higher �13CCO2. In addition to temporal variability in [CO2 (aq)] and �13CCO2, the 

greater variability seen here than in surface water samples is partly spatial, as is 

common in sea ice brine (Rau et al., 1992; Kennedy et al., 2002) since samples were 

taken from different locations in the study area according to availability of ice.  
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Figure 7.3. Surface water (closed symbols) and sea ice (open symbols) time-series 

plots of (a) Chlorophyll a (b) [CO2 (aq)] (c) �13CCO2 (d) [POC] and (e) �13CPOC 

between December 2004 and April 2006. Error bars on [CO2 (aq)] depict 11 % 

maximum error associated with calculation using the CO2SYS programme. Note 

different scales for sea ice (right hand y-axis) and surface water (left hand y-axis). 

Grey shading indicates the period of full sea ice cover. All water samples are from  

15 m depth.  

 

7.4.3 Particulate organic carbon in surface waters and sea ice 

Concentrations of POC in Ryder Bay surface waters mimic levels of chlorophyll a 

and show similar variability over summer 2004/05 and gradual trends in 2005/06 as 

do [CO2 (aq)] and �
13CCO2 (Fig. 7.3). However, surface water �13CPOC shows high inter-
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annual variability between the two growing seasons. During the 2004/05 season, 

�
13CPOC increases gradually over the course of the phytoplankton bloom from -21.2 

to -17.9 ‰, with a small ~1 ‰ decrease in �13CPOC during late December 2004 when 

chlorophyll a declined and [CO2 (aq)] increased. In February 2005, when chlorophyll 

a began to decline at the end of the growing season, a large yet short-lived ~9 ‰ 

negative shift is observed in �13CPOC to a season-low of -26.7 ‰. This occurs in 

concert with an increase in [CO2 (aq)] of ~ 8 µM and a decrease in �13CCO2 of ~ 1.2 ‰. 

At the end of the growing season, �13CPOC returned to a near winter value of ~ -23 

‰. During the 2005/06 growing season, �13CPOC increased from a winter low of ~ -

25 ‰ in September 2005 to a season high of -18.8 ‰ in December 2005 just prior to 

sea ice retreat. Once the open water spring phytoplankton bloom was underway, 

�
13CPOC was consistently around -21 ‰ until there was an injection of ~ 7 µM CO2 

into the system during late January and concomitant decreases in �13CCO2 and �13CPOC 

of 0.7 ‰ and ~2 ‰, respectively. In late January and early February 2006, at the 

commencement of the second chlorophyll a peak, there was a large negative shift in 

�
13CPOC of ~10 ‰ to values as low as -28.7 ‰ (Fig. 7.3). This negative shift in 

�
13CPOC was maintained throughout the second chlorophyll a peak and once 

chlorophyll had declined at the end of the growing season, towards the end of March 

2006, the �13CPOC returned to a typical winter value of -25 ‰. In agreement with this 

large and prolonged negative isotopic transition, a seasonal POC concentration-

weighted average �13CPOC of -24.5 ‰ was significantly lower for 2005/06 than the 

2004/05 season average of -20.0 ‰ (2-sample t-test p < 0.001).  

 

POC:PN ratios of suspended material averaged 5.8 indicating a wholly marine origin, 

as would be expected at a site like Ryder Bay, due to the relative paucity of terrestrial 

organic matter in the vicinity (Fig. 7.4a). The dominant marine phytoplankton source 

of Ryder Bay organic matter is confirmed by POC:chl a <200 in the vast majority of 

suspended samples.  
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Figure 7.4. Time series plots of chlorophyll a concentration, POC concentration, 

POC:PN and POC:chl a in (a) surface water and (b) sea ice from December 2004 to 

April 2006. 

 

Sea ice POC:PN is highly variable throughout the season of sea ice coverage, but an 

average value of 10 is higher than in surface waters (Fig. 7.4b). Most values for 

POC:chl a in sea ice found here range from 83.7 to 497.0 (Fig. 7.4b) and therefore 

fall within the range of POC:chl a values found in previous studies of marine biota 

(Eppley et al., 1973; Pollehne et al., 1993) and sea ice algal assemblages (Gleitz and 

Thomas, 1993). In late-December 2004, POC:chl a values are significantly higher 

(1250 to 1750). In early-December 2004, sea ice POC:chl a reaches values of 

>20,000 (not shown in Fig. 7.4), but these values are attributed to extremely low 

chlorophyll levels, close to the detection limit of the technique (Fig. 7.4b), which as 

the denominator drive POC:chl a ratios unrealistically high. As such, these values are 

considered erroneous and discounted from further consideration. 
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7.4.4 Diatom assemblages and size classes 

The surface water phytoplankton bloom in Ryder Bay is typically dominated by the 

microplankton fraction (>20 µm), so large solitary or chain-forming diatoms 

dominate over the smaller nanoplankton and picoplankton (Clarke et al., 2008). 

Diatom assemblages show distinct changes throughout the two growing seasons in 

surface waters and sea ice (Fig. 7.5; Annett et al., 2010). Briefly, diatom biomass in 

2004/05 was initially relatively diverse, with substantial contributions from 

Minidiscus chilensis and Chaetoceros (Hyalochaeta subgenus) species. Mid-season 

assemblages were dominated by Odontella weissflogii, accounting for up to 80 % of 

the estimated diatom community. Late-season assemblages returned to a more 

diverse composition. The early part of the 2005/06 season showed a mixed diatom 

assemblage, consisting largely of Fragilariopsis cylindrus, large and medium 

centrics (>50 µm and 20 to 50 µm, respectively) and a small contribution from 

Proboscia inermis. A shift towards the almost complete dominance of P. inermis 

occurred at the time of the late-season negative excursion in �13CPOC. In both 

seasons, surface area to volume ratios (SA:V) estimated for the diatom community 

are initially high (~0.76 µm2: µm3) and decline thereafter (0.2 to 0.3 µm2: µm3). 

More variability is seen in SA:V in 2004/05 than in 2005/06, in accordance with the 

more diverse assemblages in the earlier season.  
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Figure 7.5. Time-series analysis of diatom assemblages for (a) surface waters and (b) 

sea ice brine, presented as percentage of total diatom biomass. Upper panel dots 

show community SA:V. Species/groups shown are the Banquisia group (as defined 

in Annett et al. 2010), Chaetoceros (Hyalochaeta subgenus), Fragilariopsis curta 

group (see text), Fragilariopsis cylindrus, Minidiscus chilensis, Odontella weissflogii 

and P. inermis. Size fractions of centric diatoms are <10 µm, 20 to 50 µm and >50 

µm, for very small, medium and large cells, respectively. The very small fraction is 

likely comprised of Thalassiosira auxospores, while other centric size classes are 

predominantly Thalassiosira species but also include species from the genera 

Actinocyclus, Porosira and Stellarima.  
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In sea ice, species composition shows less variability than in surface waters (Fig. 

7.5). In December 2004, sea ice biomass is made up of medium centric groups, such 

as Porosira and Thalassiosira species. In the 2005/06 season, sea ice diatom 

assemblages were dominated initially by Chaetoceros simplex and very small centric 

species (<10 µm). In early December 2005, the main contribution comes from the 

Fragilariopsis curta group, primarily F. cylindrus but also F. curta. Sea ice 

assemblages are discussed in detail elsewhere (Annett, 2008), so only key species are 

presented here.  

 

Diatom census counts in the sediment traps show that species composition at depth is 

broadly similar to that in surface waters, but with different proportions of each 

species (Fig. 7.6), presumably a result of differential dissolution during sinking 

through the water column. Shallow traps are dominated by cold water species such as 

the F. curta and Chaetoceros groups, although higher resolution sampling in 

Marguerite Bay shows minor contributions from the F. obliquecostata group and 

Thalassiosira spp. throughout the sampling period. Both deeper traps are 

overwhelmingly dominated by Chaetoceros with minor contributions from F. curta 

and T. antarctica groups. P. inermis abundance was low in all sediment traps 

throughout the study period. 
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Figure 7.6. Time-series plots of diatom species composition in sediment traps 

between December 2004 and March 2006, location and depth of traps as described 

on each plot. 

 

7.4.5 Sinking particulate organic carbon 

Sediment trap carbon flux and �13CPOC data from Ryder Bay and Marguerite Bay are 

shown in Figure 7.7, and Table 7.1 provides a summary of sediment trap isotopic 

data. Carbon fluxes were highly variable between traps and between seasons, but the 

Ryder Bay traps show greater overall export than the Marguerite Bay traps (Fig. 7.7). 

There is no significant change in seasonal flux-weighted average �13CPOC with water 

depth at either mooring site in either growing season. Sediment trap flux results are 

discussed in more detail in Weston et al. (submitted). 
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Figure 7.7. �13CPOC and carbon (C) flux data from time-series sediment traps from 

December 2004 until March 2006, as per legend. RaTS is the trap mooring at the 

routine sampling site in Ryder Bay, MB is the deeper trap mooring in Marguerite 

Bay. The top panel shows sea ice coverage as measured daily in Ryder Bay (data 

from the British Antarctic Survey). Maximum error on sediment trap �13CPOC values 

is 1.0 ‰ associated with formaldehyde preservation (Mincks et al., 2008) since this 

vastly exceeds analytical error. 

 

Trap �
13CPOC (2004/05) �

13CPOC (2005/06) 

RaTS 200 m 

RaTS 512 m 

MB 123 m 

MB 745 m 

-20.3  ± 1.0 

-20.4  ± 1.0 

-19.1  ± 1.0 

-19.1  ± 1.0 

-23.3  ± 1.0 

-24.7  ± 1.0 

-20.5  ± 1.0 

-22.3  ± 1.0 

Table 7.1. Sediment trap seasonal flux-weighted average �13CPOC presented in ‰ 

versus PDB; maximum error quoted as the 1.0 ‰ uncertainty due to formaldehyde 

preservation (Mincks et al., 2008), as this vastly exceeds analytical error.  
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Seasonal variability in surface water �13CPOC is, to some extent, reflected in the 

sediment trap data (Fig. 7.7). During the 2004/05 season, surface water �13CPOC 

ranged from -21.2 ‰ to -17.5 ‰ from early December to the beginning of February 

(Fig. 7.3). Whilst this 4 ‰ enrichment is not fully expressed in the sediment trap 

data, there is a slight �13CPOC increase in the RaTS 200m sediment trap from -20.7 ‰ 

to -19.7 ‰ between late January and late February. A more pronounced negative 

shift to -22.5 ‰ is seen in sediment trap �13CPOC at the beginning of March 2005, 

approximately one month after the negative shift in surface �13CPOC to -26.7 ‰ 

observed at the beginning of February 2005. A similar response is not observed in 

the Marguerite Bay traps, possibly due to different diatom assemblages in the more 

open ocean site that do not have the same effect on �13CPOC as the coastal site. 

 

As in surface waters, 2005/06 sediment trap data show very different �13CPOC 

characteristics to those from 2004/05. Although data are somewhat sparse for the 

Ryder Bay trap, they do highlight a similar negative transition to very low �13CPOC 

values at the end of the 2005/06 growing season as seen in surface values. In surface 

waters, �13CPOC undergoes a large negative shift at the end of January to -28.7 ‰. 

Although there is a time lag, the same negative shift is seen in late February in the 

200 m RaTS trap (�13CPOC = -28.7 ‰) and the 512 m trap, where �13CPOC drops from 

-21.8 ‰ in early February to -27.8 ‰ in late February (Fig. 7.7). 

 

7.5 Discussion 

 

7.5.1 �13CPOC and [CO2 (aq)] in surface waters and sea ice 

According to the classic CO2 – �13CPOC relationship (François et al., 1993), �13CPOC 

would be expected to vary depending on the balance between supply and demand of 

the photosynthetic carbon source. This supply and demand model is regulated by two 

steps in the photosynthetic process: transport of the inorganic carbon reactant into the 

internal cell carbon pool and subsequent fixation to organic carbon (Popp et al., 

1999; Trull and Armand, 2001). According to this model, an increase in external 

[CO2 (aq)] would increase the fractionation factor (�p) of inorganic carbon assimilation 
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and decrease �13CPOC, independent of the initial �13CCO2 (François et al., 1993; Rau et 

al., 1996; Burkhardt et al., 1999; Lourey et al., 2004). 

 

The influence of changing [CO2 (aq)] on �p and �13CPOC is investigated in Figure 7.8, 

which presents �13CPOC data from this study plotted against concurrent [CO2 (aq)] in 

sea water and sea ice brine, as well as theoretical relationships between �13CPOC and 

[CO2 (aq)]. These theoretical relationships are based on �p = 25 ‰ which is within the 

commonly accepted range of maximum �p values, 25 to 28 ‰ (Raven and Johnston, 

1991; Goericke et al., 1994), and closed and open system isotope fractionation 

approaches. Open system isotopic evolution is calculated using Equation 7.2, where 

�
13CCO2 ini is the initial isotopic value of reactant CO2, for which -11 ‰ is used for 

surface water and sea ice. f is the fraction of CO2 utilised compared to maximum 

values of 60 µM in sea water and 10 µM in sea ice (Fig. 7.3). 

 

fCC piniCOPOC εδδ +=
2

1313
     (Eq. 7.2) 

 

Closed system isotopic evolution is calculated using the Rayleigh accumulated 

product equation (Eq. 7.3). 
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CC piniCOPOC εδδ     (Eq. 7.3) 

 

Unlike the strong negative correlation observed between �13CPOC and [CO2 (aq)] in 

open-ocean studies in the Southern Ocean (Lourey et al., 2004), there is no 

significant relationship in coastal sea ice or surface waters, assuming either closed or 

open system dynamics (Fig. 7.8). There is no correlation between observed �13CPOC 

and [CO2 (aq)] in surface water (r2 = 0.247; p = 0.120) or sea ice (r2 = 0.200; p = 

0.511) and the data clearly do not fit a modelled isotopic evolution at any value of �p 

assuming closed or open system dynamics. �13CCO2 can be excluded as a possible 

driver of the observed negative shifts in �13CPOC, since a �13CCO2 shift of only -2.2 ‰ 

in surface waters cannot account for the large shift in �13CPOC of ~-10 ‰ (Fig. 7.3). 
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Therefore, although some more subtle changes in �13CPOC are consistent with minor 

changes in [CO2 (aq)] and �13CCO2 during biological uptake and/or nutrient injections, 

inorganic carbon availability is not the primary control on �13CPOC in sea ice or 

surface waters in Ryder Bay.  

 

 

Figure 7.8. �13CPOC versus [CO2 (aq)] in (a) surface sea water and (b) sea ice brine. 

Open circles are data points observed. X-axis error bars depict 11 % maximum error 

associated with [CO2 (aq)] calculation using the CO2SYS programme. Solid lines 

show the modelled relationships between �13CPOC and [CO2 (aq)] under open system 

dynamics, where �p = 25 ‰. Dashed lines show the modelled relationship for the 

closed system accumulated product, where �p = 25 ‰. f is fraction used compared to 

maximum values for [CO2 (aq)]. A full explanation of equations used is in the text. 

 

7.5.2 Factors influencing �13CPOC in surface waters 

Phytoplankton growth rates typically show a positive relationship with �13CPOC, since 

higher growth rates increase carbon demand and restrict �p (Laws et al., 1995; Rau et 

al., 1996; Popp et al., 1998; Burkhardt et al., 1999; Villinski et al., 2000; Trull et al., 

2008). While growth rate data are not available for the study period, a role for algal 

growth rate cannot be ruled out. However, this would more likely be significant at 

the onset of the phytoplankton bloom and growth rate-related �13CPOC changes in 
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iron-replete Southern Ocean environments typically account for up to 2 ‰ (Trull et 

al., 2008). Growth rate cannot therefore explain the full extent of the rapid late-

season isotopic shifts seen in Ryder Bay. Since Ryder Bay surface waters do not 

conform to the widely published growth rate/[CO2 (aq)] vs. �13CPOC relationship (e.g. 

Jasper et al., 1994), an alternative mechanism must be driving the large decreases in 

�
13CPOC observed in the latter part of the Ryder Bay growing seasons. 

 

In this study, the largest demonstrated determinant on seasonal �13CPOC changes in 

surface waters is diatom assemblage. We might expect this control to be associated 

with cell size and/or SA:V ratio (which is predominantly controlled by cell size), 

since smaller cells with high SA:V experience a plentiful supply of inorganic carbon 

and kinetic fractionation is fully expressed, so �13CPOC is low. On the other hand, 

larger cells with low SA:V have a more limited carbon supply relative to demand 

such that we would expect a larger amount of 13C to be assimilated, so fractionation 

would not be fully expressed and �13CPOC would be higher (Popp et al., 1998, 1999; 

Burkhardt et al., 1999; Trull and Armand, 2001). However in this study, least-

squares linear regression analysis shows that there is only a weak negative 

relationship between diatom SA:V and �13CPOC, even when early season samples 

likely dominated by sea ice-derived organics (those plotting on the same line as sea 

ice samples) are excluded (r2 = 0.472; p = 0.017, Fig. 7.9). Time-series data (Fig. 7.9) 

clearly show that whilst the negative excursions in �13CPOC are accompanied by slight 

changes in SA:V, there is no significant SA:V control on �13CPOC. As such, in 

contrast to Popp et al. (1998, 1999), Burkhardt et al. (1999) and Trull and Armand 

(2001), we show that diatom species control of �13CPOC is not related to cell size or 

SA:V in this study; rather, these parameters are all responding to an additional factor. 
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Figure 7.9. Comparison of surface water diatom assemblage SA:V ratio (triangles) 

with �13CPOC (circles) in (a) time-series data and (b) regression analysis. Sea ice data 

are denoted in (b) by open symbols and sea water samples by filled symbols. The 

two water samples circled in (b) are early season samples thought to be influenced by 

sea ice material and are not included in the “open” water regression line shown (see 

text). 

 

The most striking change in surface water diatom assemblages concurrent with the 

large negative shift in �13CPOC is the shift to near total dominance of Proboscia 

species, particularly P. inermis, during the second chlorophyll peak of summer 

2005/06 (Fig. 7.10). Least-squares linear regression analysis reveals an extremely 

significant relationship (r2 = 0.968; p = 0.000243) between the percentage of total 

biomass made up of P. inermis and �13CPOC for 2005/06. Although diatom species 
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changes appear to have a much greater effect on �13CPOC during the 2005/06 season 

when P. inermis makes a significantly greater contribution to total diatom biomass, 

the relatively high abundance (21 %) of P. inermis in one sample of the 2004/05 

growing season also seems related to isotopically lighter POC (-22.4 ‰). However, 

presence of P. inermis cannot explain the lowest value of the season (-26.7 ‰) on 12 

February 2005. Least-squares linear regression analysis on all samples where P. 

inermis is expected to exert a significant control on �13CPOC (>2 % of total biomass) 

shows a very strong relationship between P. inermis abundance and �13CPOC (r2 = 

0.918; p = 0.000423, Fig. 7.10) and therefore suggests that the majority of �13CPOC 

variability can be attributed to species effects. Similar biomass dominance by O. 

weissflogii in 2004/5 corresponds with no appreciable shift in �13CPOC to either 

lighter or heavier values, so species-specific effects on �13CPOC are not exerted by all 

diatom species in Ryder Bay. Instead, it is the unusual biochemistry of P. inermis 

that drives distinct negative shifts to �13CPOC values as low as -29 ‰ in this study. 

 

Proboscia diatoms are known to synthesise a unique set of long-chain 1,14-diols and 

12-hydroxy methyl alkanoates with strongly depleted carbon isotope signatures of < 

-32 ‰ and < -34 ‰, respectively (Sinninghe Damsté et al., 2003). While these 

Proboscia lipids can contribute up to 35 % of total lipid flux in sediment traps 

(Wakeham et al., 2002), it is unlikely that they alone account for the low �13CPOC 

signatures seen in this study, as they typically make up less than 1 % of total organic 

carbon (raw data from Wakeham et al. (2002), published online at 

http://usjgofs.whoi.edu/PI-NOTES/arabian/Wakeham/sedtrap_lipid_raw.html).  

 

However, the 13C depletion of these lipids is greater than those of alkenones from 

haptophytes or dinosterol from dinoflagellates and points to a substantially depleted 

pool of intracellular carbon in Proboscia spp. not readily explained by factors such 

as SA:V (Sinninghe Damsté et al., 2003). Sinninghe Damsté et al. (2003) found that 

all Proboscia species analysed synthesised these “Proboscia lipids”, thus it is likely 

that the potential influence on �13CPOC is not limited to P. inermis. Accordingly, 

samples in this study where other Proboscia species were observed (Proboscia 

truncata), albeit at low abundances, fall on the same trend presented in Figure 7.10 
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and least-squares linear regression analysis yields an almost identical r2 value as for 

P. inermis alone (r2 = 0.922, p = 0.00037; data not shown). However, the Proboscia 

bloom presented here was overwhelmingly dominated by P. inermis, so the 

conclusions regarding species effects presented here are restricted to this species. 

 

 

Figure 7.10. Comparison of the fraction of surface water diatom biomass made up of 

P. inermis (triangles), �13CPOC (circles; solid lines) and εp (crosses; dashed line) for 

2004/05 and 2005/06. Time-series data is shown in (a), note the reversal of the right 

hand y-axis (% P. inermis) to better illustrate the coupling between P. inermis 

biomass and �13CPOC. Variation of �13CPOC and �p vs. P. inermis biomass for all 

2005/6 samples and the only sample from 2004/5 where P. inermis accounts for >2 

% of total biomass are shown in (b). 
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A detailed examination of why the internal carbon pool of P. inermis is so depleted is 

beyond the scope of this study. However, it follows that carbon concentrating 

mechanisms (CCMs) employed by many diatom species to buffer the impacts of 

variability in [CO2 (aq)] may play an important role in the species-related differences 

in �13CPOC seen here (Sharkey and Berry, 1985; Descolas-Gros and Fontugne, 1985; 

Goericke et al., 1994; Laws et al., 1995).  

 

Phytoplankton employing typical C3 biochemistry in the absence of CCMs, i.e. 

diffusive CO2 transfer to the internal cell carbon pool and eukaryotic Rubisco 

carboxylation (Kerby and Raven, 1985), fractionate CO2 by ~29 ‰ and produce 

organic carbon of -25 to -30 ‰ (Raven et al., 1994). It is proposed therefore that P. 

inermis utilises a simple C3 photosynthetic pathway with no employment of CCMs. 

An additional contribution to low �13CPOC values associated with P. inermis may 

arise from the production of isotopically light “Proboscia lipids”. 

 

Why a more mixed phytoplankton assemblage prior to the bloom of P. inermis 

coincides with higher �13CPOC (-25 to -15 ‰) remains unclear. However, direct 

active HCO3
- uptake, which is significant in the marine environment (Tortell et al., 

1997, 2006; Cassar et al., 2004;), can drive �13CPOC to values > -10 ‰ (Raven, 1997 

and references therein), since HCO3
-
 is isotopically enriched relative to CO2 by 

approximately 12 ‰ at 0 ˚C (Deines et al., 1974; Mook et al., 1974). HCO3
- 

utilisation mediated by phosphoenolpyruvate carboxylase (PEPC) would also drive 

�
13CPOC relatively high due to a much smaller �p than the initial HCO3

-
 enrichment 

relative to CO2 (O’Leary, 1981; O’Leary et al., 1992). It is speculated therefore that 

higher �13CPOC prior to the P. inermis bloom may have been driven by some diatom 

species in the mixed assemblage employing CCMs and/or utilising HCO3
- as a 

carbon substrate.   

 

In summary, a striking relationship exists between diatom species composition and 

�
13CPOC in surface waters such that large and rapid increases in abundance of P. 

inermis appear to explain the large negative shifts in surface water �13CPOC. Although 

the exact nature of the biochemical mechanisms employed by Ryder Bay diatom 
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species remains unknown, the findings of this study are used to speculate that the 

unusual biochemistry of P. inermis and its lack of a CCM during photosynthetic 

uptake give it a characteristically light isotopic signature. The large negative shift in 

surface water �13CPOC accompanying the large and rapid increase in P. inermis 

abundance can then be explained by the low �13CPOC signature of the large proportion 

of diatom biomass attributable to this species. 

  

7.5.3 Factors influencing �13CPOC in sea ice 

Carbon isotopic signatures in sea ice are important because sea ice-derived organic 

material is released to the underlying water column during brine drainage events with 

implications for the sinking flux of �13CPOC. Input from sea ice melting is thought to 

be less significant in Ryder Bay than in other coastal Antarctic environments as sea 

ice tends to blow out of the bay rather than undergoing extensive melting in situ 

(Clarke et al., 2008). However based on POC:chl a and POC:PN ratios, the 

maximum contribution to suspended organic carbon from sea ice material is 

estimated to be 10 to 34 % in 2004/05 and 18 to 53 % in 2005/06. These estimates 

are based on minimum POC:chl a of 84 for sea ice material and 22 for surface waters 

and  minimum POC:PN of 5.35 in surface waters and 6.94 and 6.26 for sea ice in 

2004/5 and 2005/6 respectively. These end-member ratios were used to calculate the 

relative proportions of sea ice and surface water material required to produce the 

ratios measured in surface waters on 13 December 2004 and 23 December 2005, the 

two samples where sea ice material is likely to have had the strongest impact on 

�
13CPOC. Although approximate, these estimations suggest that the input of sea ice-

derived organics does exert a control on surface water �13CPOC and support 

observations of increased surface water �13CPOC when sea ice was present in Ryder 

Bay.  

 

In general, sea ice �13CPOC was enriched relative to surface waters, consistent with 

generally higher �13CCO2, particularly in December 2005, and lower CO2 

concentration in the sea ice brine (Fig. 7.3). This is in agreement with autotrophic 

carbon fixation by phytoplankton in a closed or semi-closed system and, as such, a 

higher degree of CO2 utilisation than in the open surface water system (Gibson et al., 
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1999; Villinski et al., 2000). Consequently, Ryder Bay sea ice is characterised by 

seasonal deficits of all major nutrients, higher dissolved oxygen concentrations and 

lower total alkalinity compared to surface waters (Carson, 2008). Sea ice thickness in 

Ryder Bay rarely exceeds 0.5 m (Meredith et al., 2008a), so it can be assumed that 

the relatively thin first year ice was undergoing some exchange with surrounding sea 

water. Although sea ice porosity data are not available for Ryder Bay specifically, 

sea ice in Marguerite Bay is known to be comparatively porous due to relatively 

warm conditions (Fritsen et al., 2008), ice formation through the pancake ice cycle 

(Eicken, 1992; Thomas and Dieckmann, 2002) and subsequent deformation and 

snow-ice formation (Perovich et al., 2004). Observations presented here agree with 

the expected occasional nutrient inputs from, and brine drainage to, surrounding sea 

water, and consequently less extreme environmental conditions in Ryder Bay sea ice 

than in more permanent sea ice environments (Gleitz et al., 1995; Kattner et al., 

2004; Papadimitriou et al., 2007).  

 

In comparison to organic carbon synthesised under closed system dynamics in 

multiyear ice (Papadimitriou et al., 2009), �13CPOC values found here in 2005/06 are 

somewhat lower, as would be expected for a semi-closed system setting. Conversely, 

sea ice �13CPOC in 2004/05 is more 13C-enriched than those of Papadimitriou et al. 

(2009) whilst [CO2 (aq)] was lower, and significantly higher POC:chl a ratios 

compared well with values of 1262 ± 2276 found in intact ice floes (Kennedy et al., 

2002). This suggests that 2004/05 sea ice, albeit short-lived, was closer to a closed 

system, but this is contested by lower �13CCO2 and is not thought to be representative 

of prevailing sea ice conditions in Ryder Bay.  

 

The prevailing semi-closed system dynamics at work in Ryder Bay sea ice explain 

higher �13CPOC than in surface waters, since photosynthesis is partially carbon-

limited. No good correlation exists between �13CPOC and ambient [CO2 (aq)] (r2 = 

0.200; p = 0.511, Fig. 7.8) due to occasional exchange with seawater and therefore 

ambient CO2 is not necessarily representative of CO2 assimilated during POC 

synthesis. �13CCO2 is also not necessarily in equilibrium with �13CPOC sampled at the 

same time and may instead reflect recent replenishment of isotopically light CO2. 
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This would explain why sea ice �13CCO2 shows no response to the preferential 

biological uptake of 12C, which drives enrichment of �13CPOC, and its utility for 

describing sea ice processes is therefore limited. 

 

In addition to biological production, nutrient drawdown and isotopic enrichment in 

the semi-closed sea ice ecosystem, relatively high sea ice �13CPOC may be influenced 

by some species utilising HCO3
- as CO2 becomes limiting (Papadimitriou et al., 

2009). This would increase �13CPOC in the same way as discussed for surface waters 

and would impact on �13CDIC rather than specifically �13CCO2. CO2 degassing and 

carbonate mineral precipitation due to CO2 saturation or supersaturation in brine 

inclusions upon sea ice formation may further affect �13CCO2 (Romanek et al., 1992; 

Papadimitriou et al., 2003, 2007) and therefore �13CPOC. However, low CO2 

concentrations in Ryder Bay sea ice make this scenario unlikely and occasional 

flushing by seawater would overprint any small contribution of these processes to 

�
13CCO2. 

 

Post-production degradation processes may also contribute to higher �13CPOC in sea 

ice since 12C is preferentially degraded, leaving the remaining organic carbon 

enriched in 13C. This is in agreement with higher POC:chl a ratios found here than in 

previous studies (Gosselin et al., 1990; Lizotte and Sullivan, 1992), due to additional 

detrital and non-algal carbon from grazing activity and high retention (Daly, 1990; 

Gleitz and Thomas, 1993; Bentaleb et al., 1998). Active degradation in sea ice is also 

consistent with the high POC:PN ratios (Fig. 7.4), as organic nitrogen is 

preferentially degraded over carbon-bearing compounds (Rosenfeld, 1981; Hedges et 

al., 1986; Ganeshram et al., 1999). However, POC:PN >10 is common for sea ice 

microalgae and often implies nitrate-deprived algal metabolism (Gleitz and Thomas, 

1993 and references therein), as would be expected from a semi-closed system 

setting. High POC:PN could also be explained by the influence of exopolymeric 

substances produced by diatoms and bacteria, which are abundant in the Antarctic 

marine environment, especially in sea ice (Meiners et al., 2004; Mancuso Nichols et 

al., 2005), and so may not be diagnostic of post-production degradation alone. 

�
13CCO2 cannot be used to confirm whether in situ degradation is an important 



Henley, 2012 

 242 

influence on sea ice �13CPOC, because the aforementioned exchange with isotopically 

light seawater CO2 would mask any �13CCO2 depletion that would accompany 

preferential degradation of organic 12C. 

 

Proboscia species were found in only one sea ice sample, but abundance was 

negligible, therefore no P. inermis control on sea ice �13CPOC is observed to match 

that in surface waters. However, unlike surface waters, least-squares linear regression 

analysis of sea ice brine samples shows a good relationship between SA:V and 

�
13CPOC (r2 = 0.713, p = 0.101, n = 4; Fig. 7.9), which becomes statistically 

significant when early season surface water samples thought to be dominated by sea 

ice material are included (r2 = 0.761, p = 0.0146, n = 6).   However, given the 

difference in �13CPOC between sea ice and water samples with similar SA:V ratios, as 

well as different SA:V in sea ice versus water samples with similar �13CPOC values, 

the effect of diatom SA:V on �p alone is unable to account for higher �13CPOC in sea 

ice than surface waters.  

 

In summary, higher �13CPOC in sea ice than surface waters is likely attributable to a 

higher degree of CO2 utilisation due to the semi-closed nature of the sea ice 

ecosystem. Post-production degradation of organic material, direct HCO3
-
 uptake by 

some sea ice diatoms and possible production of exopolymeric substances may 

further contribute to isotopically heavy sea ice-derived organic material. 

 

7.5.4 Sinking particulate organic carbon 

Sinking particulate �13CPOC time-series data (Fig. 7.7) show similar features to the 

surface water time-series (Fig. 7.3), suggesting that although P. inermis was not 

dominant in sediment traps, the associated �13CPOC signatures produced in surface 

waters are transferred to depth. Down-depth trends in seasonal average �13CPOC 

through the water column to sediment core-top material (Fig. 7.11) show that Ryder 

Bay sinking particulate matter is more depleted in �13CPOC in 2005/06 than 2004/05, 

consistent with much lower season-average surface water �13CPOC in 2005/06 (-24.5 

‰ vs. -20.0 ‰). This is in response to the large and prolonged late-season negative 

�
13CPOC shift, which is observed in both the 200 m and 512 m sediment traps, albeit 
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approximately one month later (Fig. 7.7). Although Marguerite Bay sediment trap 

�
13CPOC is also lower in 2005/06 than 2004/05, the signal is much more pronounced 

in Ryder Bay, suggesting that low �13CPOC related to P. inermis dominance is a 

localised phenomenon.  

 

 

Figure 7.11. Depth profiles of seasonal average �13CPOC in Ryder Bay (RaTS; circles) 

and Marguerite Bay (MB; triangles) for 2004/05 (filled symbols) and 2005/06 (open 

symbols). The uppermost point in each Ryder Bay profile is the seasonal 

concentration-weighted average suspended particle �13CPOC value from surface water 

samples, with error bars representing 1*�. All other points in the upper panel 

represent seasonal flux-weighted average �13CPOC in sediment traps, with errors of 

1.0 ‰ associated with formaldehyde preservation (Mincks et al., 2008) as this vastly 

exceeds analytical error. The lower panel shows �13CPOC of core-top sediments. Error 

bars for Ryder Bay core-top �13CPOC represents 1*�. For Marguerite Bay core-top, 

error bars represent analytical error of 0.75 ‰. 

 



Henley, 2012 

 244 

Sinking �13CPOC is always higher in Marguerite Bay than Ryder Bay at any given 

time. However, within each season at both sites, �13CPOC in the deepest trap is within 

0.4 ‰ of its surface water (Ryder Bay) or shallow trap (Marguerite Bay) counterpart. 

The only exception is Marguerite Bay in 2005/06, where shallow and deep trap 

values fall within 2 ‰. This clear relationship between �13CPOC in surface waters and 

sediment traps provides evidence that surface ocean �13CPOC signatures are faithfully 

exported to depth in the water column, even despite the loss of key diatom species 

during sinking. 

 

Sediment core-top �13CPOC in Ryder Bay is slightly higher than in the deepest 

sediment trap (Fig. 7.11), likely because of minor sedimentary remineralisation or 

due to the fact that surface sediments integrate �13CPOC signatures over longer time 

scales. However, enrichment of core-top �13CPOC relative to deep trap �13CPOC is close 

to error, suggesting that �13CPOC of sinking particles is reliably transferred to marine 

sediments. 

 

7.5.5 Potential implications for �13CPOC in Southern Ocean sediments as a 
paleoceanographic proxy 

Results presented in this study hold important implications for the use of sedimentary 

�
13CPOC as a proxy for past environmental conditions in the coastal Southern Ocean. 

Marine sedimentary records show glacial Southern Ocean �13CPOC to be 

approximately 4 ‰ depleted relative to interglacial epochs (Singer and Shemesh, 

1995; Rosenthal et al., 2000; Crosta and Shemesh, 2002; Schneider-Mor et al., 

2005). Traditionally, low glacial �13CPOC was explained by higher [CO2 (aq)] due to 

strengthening of the thermohaline circulation and wide-spread enhanced upwelling 

(Rau et al., 1992; Singer and Shemesh, 1995). However, later studies contradict this 

upwelling theory by using other proxy records such as �15Norg & Ba/Al to infer a 

stratified glacial Southern Ocean and reduced productivity (Francois et al., 1997). 

The anti-correlation of low glacial �13CPOC and high glacial �15Norg can be reconciled 

by increased stratification restricting nitrate supply and increasing �15Norg and sea ice 

cover preventing ocean-atmosphere gas exchange so that [CO2 (aq)] remains high and 

�
13CPOC low (Crosta and Shemesh, 2002). 
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This study has shown that seasonal changes in diatom assemblages can drive short-

lived yet large isotopic transitions in coastal Antarctic surface waters and have a 

profound impact on seasonal average �13CPOC exported to depth and underlying 

sediments. Most importantly, seasonal average �13CPOC for a season of well-mixed 

conditions is 4 ‰ higher than a much more stratified season preceded by a heavy sea 

ice winter, such as may have been typical of glacial times. The 4 ‰ difference 

matches the full amplitude of the glacial-interglacial offset in �13CPOC from Southern 

Ocean sediment cores.  

 

It is hypothesised therefore that diatom species shifts may be an important driver of 

lower glacial �13CPOC in the Southern Ocean, in agreement with Jacot Des Combes et 

al. (2008). Whilst it is P. inermis that appears to be driving large isotopic shifts in 

this study, this species is not specifically invoked as a driver of �13CPOC over glacial-

interglacial cycles. Other diatom species employing similar unusual biochemistry 

may be important contributors to low glacial �13CPOC. Although sedimentary diatom 

assemblages do not show such drastic changes as witnessed in this study (Gersonde 

and Zielinski, 2000; Bianchi and Gersonde, 2004) and there is no evidence for 

significant changes in Proboscia species in the open ocean on glacial-interglacial 

timescales (Crosta et al., 2004), this does not preclude a species control on low 

glacial �13CPOC. Instead, the species responsible for low glacial �13CPOC may not be 

well preserved in sediments, whilst its isotopic signature is preserved, as is 

demonstrated here for P. inermis. 

 

With these caveats in mind, this study demonstrates that changes in surface water 

diatom assemblages can drive shifts in seasonal average �13CPOC of equal amplitude 

to the 4 ‰ glacial-interglacial �13CPOC offset observed in marine sedimentary 

records. These surface water isotopic shifts are transferred to marine sediments and 

therefore at least part of the lower glacial �13CPOC signal may be due to changes in 

diatom assemblages. If the more glacial-type conditions of heavier winter sea ice and 

stronger upper ocean stratification in 2005/06 were responsible for driving a shift to 

diatom species characterised by lower isotopic signatures, in this case P. inermis, 

then it follows that species compositional shifts may be a significant influence on 
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�
13CPOC on glacial-interglacial timescales. Further studies are required to elucidate 

the processes underlying this relationship. 

 

7.6 Conclusions 

 
This study presents a unique insight into the factors affecting �13CPOC in the coastal 

Antarctic sea ice environment. In agreement with previous studies, higher �13CPOC is 

found in sea ice brine relative to surface waters, consistent with autotrophic carbon 

fixation in a semi-closed environment. Possible secondary effects on sea ice �13CPOC 

may result from biological utilisation of HCO3
- in addition to CO2 as a carbon 

substrate, production of exopolymeric substances and/or post-production degradation 

of organic matter within the ice matrix. Sea ice-derived organics exert a short-lived 

impact on surface water �13CPOC in Ryder Bay due to brine drainage processes whilst 

sea ice is present. Isotopically heavy sea ice material tends to sink quickly, so may be 

preserved more effectively in the sedimentary record and may consequently bias the 

overall �13CPOC signal in marine sediments.  

 

[CO2 (aq)] and �13CCO2 are not found to be the primary factors controlling variations in 

�
13CPOC in surface waters in the Antarctic sea ice environment. Instead, ~10 ‰ 

negative excursions in surface water �13CPOC are most likely driven by concurrent 

shifts in diatom assemblages, in this case specifically to dominance of P. inermis. 

While the exact mechanisms remain unknown, it is postulated here that P. inermis 

may modify �13CPOC through its internal cell biochemistry and lack of a CCM, whilst 

other species present at different times in the growing seasons do employ CCMs. 

Consequently, seasonal species-related changes in �p further complicate the 

relationship between �13CPOC and [CO2 (aq)] in surface waters. 

 

Finally, sediment trap data indicate that although much of the surface suspended 

material, including certain diatom species, undergoes recycling in the upper ocean 

and is not exported to depth, the �13CPOC signal is transferred to depth in the water 

column by sinking particles. Further, isotopic signatures in these sinking particles are 

shown to be transferred to marine sediments unaltered. This study therefore identifies 
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the importance of seasonal changes in surface water diatom speciation and 

isotopically heavy sea ice-derived material for �13CPOC signatures in Antarctic coastal 

environments and underlying sediments, and thus highlights the need for analysis of 

species-specific or diatom-bound �13CPOC in order to reliably interpret sedimentary 

�
13C records. 

 

 

 

 

 

 

 

 

 

 

 

Appendix 7.1. Type, input terms and results of statistical analyses performed using R 

computing software. All regressions are least-squares linear regressions and r2 values 

are given as the adjusted r2. 

Type of 

analysis 

Independent 

variable 

Dependent 

variable 

Samples r2 
p-value 

Correlation [CO2 (aq)] �
13CPOC Seawater 0.247 0.120 

Correlation [CO2 (aq)] �
13CPOC Sea ice 0.200 0.511 

Regression SA:V �
13CPOC Seawater 0.472 0.017 

Regression % P. inermis �
13CPOC Seawater  

2005/6 only 

0.968 0.000243 

Regression % P. inermis �
13CPOC Seawater  

>2 % P. inermis 

0.918 0.000423 

Regression % Proboscia spp. �
13CPOC Seawater  

>2 % Proboscia spp. 

0.922 0.00037 

Regression SA:V �
13CPOC Sea ice 0.713 0.101 

Regression SA:V �
13CPOC Sea ice and ice-

influenced 

0.761 0.0146 
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8 Synthesis and concluding remarks: Marine carbon and nitrogen 
cycling at the western Antarctic Peninsula in the light of ongoing 
climate change 

 

8.1 Controls on productivity and functioning of the CO2 system 

The coastal region of the western Antarctic Peninsula (WAP) exhibits high primary 

productivity during austral summer, with surface water chlorophyll levels often in 

excess of 20 µg/L. Unlike large areas of the high nutrient low chlorophyll (HNLC) 

Southern Ocean, high productivity at the WAP is fuelled by vigorous upwelling of 

nutrient-rich deep waters from the Antarctic circumpolar current (ACC) and an 

abundant supply of iron from the adjacent land mass (Prézelin et al., 2000; Ducklow 

et al., 2007; Martinson et al., 2008; Dulaiova et al., 2009; Gerringa et al., 2012; 

Weston et al., submitted). Interannual variability in productivity is controlled by light 

availability to phytoplankton in the euphotic zone, as regulated by density-driven 

upper ocean stratification. As a result of persistent resupply from underlying source 

waters, macronutrients are replete throughout the study period and productivity is not 

nutrient-limited. 

 

In addition to macronutrients, upwelling of upper circumpolar deep water (UCDW) 

provides the principal source of CO2 from the deep ocean to the surface environment. 

This carbon source is persistent throughout the annual cycle, in agreement with 

regular nutrient replenishment, and its supply to surface waters is also regulated by 

stratification. In a physically dominated system, equilibration of this deep ocean CO2 

with the atmosphere would drive significant outgassing and make the WAP ocean a 

source of atmospheric CO2. However, biological productivity is currently sufficient 

to draw down CO2 such as to render surface waters undersaturated with respect to 

atmosphere and offset the deep ocean supply of CO2. The resultant equilibrium-

driven flux of atmospheric CO2 to the surface ocean makes Marguerite Bay a net 

carbon sink during austral summer. It is shown in this thesis that coupling of the 

marine carbon and nitrogen cycles in this location makes it possible to parameterise 

biological drawdown of CO2 based on nitrate utilisation. Over the study period, 

surface waters became undersaturated with respect to atmospheric pCO2 when nitrate 
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was drawn down to 5 to 10 µmol/L, depending on the degree of upper ocean 

stratification in each season. Throughout the coastal WAP region, nitrate is often 

drawn down to <10 µmol/L during phytoplankton blooms such that the wider region 

likely constitutes a summertime sink for atmospheric CO2. The capacity of this sink 

is enhanced by efficient equilibration of the surface water carbonate system, which 

buffers variability in [CO2 (aq)] driven by ocean-atmosphere equilibration and 

biological processes. 

 

Significant vertical fluxes of organic carbon out of the euphotic zone are in 

agreement with other studies at the WAP and implicate carbon export as an 

important process that creates the potential for the WAP ocean to act as a sink for 

atmospheric CO2 over longer timescales than the annual cycle relevant to surface 

waters. Like productivity, the export of organic material is regulated by upper ocean 

stratification. 

 

8.2 Conceptual model 

Interannual variability in the degree of upper ocean stratification, and therefore 

productivity and export of organic matter, is described by a conceptual model, in 

which winter sea ice cover and its subsequent retreat at the beginning of the 

phytoplankton growing season are the key controlling factors. Despite the greater 

year-round contribution of meteoric (glacial melt and precipitation) waters to the 

upper ocean freshwater inventory, it is the rapid seasonal input of sea ice meltwater 

that exerts the primary control on stratification and is key to the onset of 

phytoplankton growth. In comparison to the gradual input of meteoric waters over 

the course of the austral summer, sea ice meltwater input undergoes similar 

amplitude, yet much more rapid changes related to springtime sea ice retreat, and 

stratifies the upper ocean sufficiently to trigger a threshold response in productivity. 

Interannual variability in sea ice cover and consequently the magnitude of this 

meltwater input acts to compound the preconditioning of the water column, by which 

the depth of the mixed layer at the beginning of each growing season is set by sea ice 

coverage during the preceding winter. Extensive winter sea ice prevents wind-

induced mixing and continued sea ice formation, and therefore spring mixed layer 
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depth is shallow. On the other hand, low sea ice coverage fails to protect the ocean 

from intense wind-induced mixing and promotes sea ice formation throughout the 

winter period, such that the spring mixed layer is deep. This preconditioning of the 

water column persists and intensifies into the following summer due to the 

significantly greater magnitude of stabilising meltwater input upon sea ice retreat 

following a heavy sea ice winter than a low sea ice one. Production and export of 

organic material are both optimal in seasons when ice dynamics render the surface 

ocean sufficiently stratified to provide a shallow well-lit stable surface environment 

for phytoplankton growth, but some degree of vertical mixing promotes downward 

transport of suspended organic matter and enhances the total export flux. Continued 

removal of organic material to depth also prevents a build-up of particles at the ocean 

surface, such that phytoplankton productivity does not become restricted by self-

shading. Sea ice and meteoric water input trends used in this model are taken from 

seasonal evolutions of seawater oxygen isotopic signature in Ryder Bay (Meredith et 

al., submitted). The conceptual model for productivity and export detailed in Chapter 

3 is described here in terms of CO2 drawdown and carbon export (Fig. 8.1), with 

relevance for the role of the Southern Ocean in regulating global climate. 

 

Figure 8.1. Conceptual model showing the interplay of sea ice meltwater and 

meteoric freshwater in regulating stratification and productivity in Ryder Bay, and 

the implications for CO2 drawdown and carbon export. Each mode is described in the 

following paragraphs and exemplified by growing seasons covered by this study. 
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Mode 1: Moderate winter sea ice and springtime meltwater input, and moderate 

meteoric water input over the growing season, create conditions of optimum 

stratification to facilitate maximum productivity and efficient export, such that 

production does not become limited by self-shading. Under these high productivity 

high export conditions, biological carbon drawdown renders surface waters 

undersaturated with respect to atmospheric pCO2 and creates an air-sea flux of CO2, 

which is assimilated into organic material and exported to depth in the water column 

throughout the growing season. Between 2004 and 2010, summer 2004/5 exhibits the 

highest cumulative POC production (225 µmol/L) and the greatest nitrate drawdown 

(92 µmol/L) over the course of the growing season, as a result of a stable surface 

layer and regular exchange with underlying waters. Accordingly, CO2 drawdown, 

calculated from nitrate drawdown and the Redfield ratio (C/N = 6.625), for this high 

productivity season is greatest (609.5 µmol/L) and carbon export fluxes measured in 

sediment traps are highest over the study period (12.3 mmol/m2/day at 200m). 

Similar upper ocean conditions during summer 2006/7 also facilitated relatively high 

productivity, CO2 drawdown and export, as depicted by cumulative POC of 172 

µmol/L, seasonal nitrate drawdown of 62 µmol/L, therefore calculated CO2 

drawdown of 411 µmol/L, and carbon export fluxes intermediate between 2004/5 

and lower productivity seasons (Weston et al., submitted). Despite the differences in 

productivity and export flux magnitude between 2004/5 and 2006/7, the mechanisms 

at work in both growing seasons are best described by Mode 1. 

 

Mode 2: When winter sea ice is intermittent or short-lived and the water column is 

preconditioned with a deep mixed layer, subsequent meltwater input may still be 

sufficient to provide a stable surface layer and facilitate moderate productivity. A 

deeper spring mixed layer and the lack of a substantial meltwater-induced spring 

restratification leads to downward mixing of the summertime surface meteoric water 

input, such that it is dispersed over a greater depth range and consequently the 

meteoric inventory in surface waters is reduced. Because it is the surface freshwater 

inventory that is crucial to stratification, glacial inputs alone cannot therefore act to 

offset the sea ice-control of stratification. However, rapid short-lived inputs of sea 

ice meltwater during the summer season may be sufficient to restabilise the upper 
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ocean and instigate phytoplankton blooms. This was the case in summer 2009/10 

when, after a brief and minor early-season bloom and small CO2 drawdown, a late-

season increase in surface water sea ice melt inventory originating upstream in the 

regional circulation system initiated a strong phytoplankton bloom, which was 

unrestricted by self-shading and caused a substantial drawdown of pCO2. Moderately 

high seasonal productivity (cumulative POC production: 194 µmol/L; total nitrate 

drawdown: 57 µmol/L) drove a calculated CO2 drawdown of 378 µmol/L and a 

significant proportion of organic carbon was likely exported contemporaneous with 

the rapid onset of winter mixing. In contrast to 2004/5 and 2006/7, relatively high 

productivity in summer 2009/10 is facilitated by a well-mixed upper ocean, which is 

only sufficiently stable to facilitate a peak in productivity briefly in the early summer 

and during the late-summer phytoplankton bloom. Nevertheless, Mode 2 describes a 

localised mechanism in terms of sea ice meltwater provenance and could also be 

described more broadly as being similar to Mode 1. Despite the difference in the 

degree of upper ocean stratification, specifically the duration of stratified conditions, 

and therefore total productivity between Modes 1 and 2, both are characterised by an 

optimally stable surface ocean that facilitates a strong phytoplankton bloom, so that 

CO2 drawdown and export fluxes are considerable. 

 

Mode 3: Heavy winter sea ice and its preconditioning of a shallow mixed layer, and 

large subsequent sea ice meltwater input, drives strong initial production in the stable 

surface environment and significant early season CO2 drawdown. A significant 

meteoric water inventory sustains strong stratification throughout the summer, which 

isolates the surface ocean from mixing and exchange with underlying waters so that a 

greater proportion of suspended organic particles is retained in the surface layer and 

total export flux is reduced. Accumulation of particles in surface waters then creates 

a self-shading effect, which drives a considerable decline in productivity and CO2 

drawdown after the initial bloom, and consequently overall. Because particles are not 

efficiently removed from the surface environment, they are respired and 

remineralised in the surface ocean during summer and CO2 is released. Major 

autumn and winter remineralisation then returns a large amount of CO2 to the surface 

ocean and eventually to the atmosphere, such that very little carbon is exported to 
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depth. Summer 2005/6 is best described by Mode 3, when chlorophyll standing 

stocks were high, but overall productivity (cumulative POC: 103 µmol/L), CO2 

drawdown (325 µmol/L) and total carbon export flux were substantially reduced (3.9 

mmol/m2/day).  

 

Mode 4: Negligible winter sea ice preconditions a deep winter and spring mixed 

layer, which causes greater downward mixing of meteoric waters and consequently 

an unstable upper water column in which phytoplankton blooms fail to develop. The 

lack of sea ice also fails to provide a restabilising meltwater lens throughout the 

season, so that overall productivity remains low. As such, biological CO2 uptake is 

minimal and sizeable export flux to the deep ocean is precluded by little production 

of phytoplankton material. A lesser surface water depletion of CO2 leads to an 

increase in equilibrium-driven degassing, so that net seasonal CO2 drawdown is 

substantially reduced. Summer 2008/9 exemplifies Mode 4 with low overall 

productivity (cumulative POC: 72 µmol/L; total nitrate uptake: 48 µmol/L) and CO2 

uptake (318 µmol/L). Although no flux data are available, it is likely that export flux 

in 2008/9 would also have been the lowest of the study period.  

 

8.3 Future responses to ongoing change 

This conceptual model can be used to examine the future responses of productivity 

and CO2 drawdown to ongoing climate change. The recent rapid warming trend at 

the WAP and its acceleration by variability in the southern annular mode (SAM) are 

expected to continue, such that the sea ice-driven trigger mechanism for 

phytoplankton growth may be lost. If negligible winter sea ice cover and the loss of 

sea ice-induced stratification were responsible for preventing a significant 

phytoplankton bloom during summer 2008/9, as strongly suggested in this study, 

then ongoing sea ice losses may drive a long-term shift to this low-productivity 

ecosystem state in this environment. A dramatic decline in productivity in this region 

of the WAP would drive a significant reduction in biological CO2 drawdown and 

carbon export, as indicated here by a 50 % decline in biological CO2 uptake between 

a sea ice-influenced high productivity summer (2004/5) and negligible sea ice, low 

productivity summer 2008/9. As such, a continued reduction in productivity may 
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mean that biological CO2 drawdown would no longer be able to offset the supply of 

deep ocean CO2 from upwelling UCDW, and may switch the summertime carbon 

sink to a net carbon source. The WAP region already acts as a wintertime carbon 

source due to upwelling and degassing of oceanic CO2, and the strength of this 

source is likely to increase as the climate warms, due to ongoing removal of the sea 

ice barrier to CO2 outgassing and deeper mixing resulting from intensifying Southern 

Ocean winds. The combination of a strengthening winter source and a decline in the 

capacity of the summertime CO2 sink or a switch to a summertime source in coastal 

areas would make the WAP ocean a strong year-round source of atmospheric CO2. 

This is likely to be compounded by the increasing preponderance of CO2-rich 

UCDW over the WAP shelf, and therefore a greater supply of deep ocean CO2 to the 

surface environment for transfer to the atmosphere. An increase in warm UCDW is 

also likely to bring an increase in ocean heat content, which could have severe 

consequences for ice shelves, sea ice and therefore further ecological change 

throughout the region. The potential for export and long-term sequestration of 

atmospheric CO2 would also be diminished by a climatically-driven reduction in 

productivity due to lesser production of organic carbon to be exported. A reduction 

in the ability of the ocean to absorb atmospheric CO2 at the WAP, both over the 

austral summer and the longer term, would have serious implications for the 

functioning of the Southern Ocean CO2 system and its potential contribution to 

mitigating global climate change. 

 

8.4 Considerations for future research 

It is shown in this thesis that nitrate utilisation to concentrations <10 µmol/L is likely 

to drive sufficient biological CO2 uptake to switch the upwelling-driven oceanic 

source of atmospheric CO2 to a biologically-mediated CO2 sink during austral 

summer. Using the relationship of nitrate concentration to its nitrogen isotopic 

composition shown in Chapters 3 and 4, utilisation to concentrations <10 µmol/L 

should drive an increase in �15NNO3 to a characteristic minimum value. If this �15NNO3 

value is transferred to particulate nitrogen (PN) with a temporally-invariant 

fractionation factor (�) and the resultant �15NPN signature is transferred to marine 

sediments unaltered or with a constant offset to surface water values, then it may be 



Henley, 2012 

 255 

possible to use �15NPN to examine changes in the degree of CO2 undersaturation and 

therefore surface-ocean CO2 sink/source behaviour over paleo-timescales. It has been 

found that �15NPN was higher during glacial periods, with greater nutrient utilisation 

as the postulated mechanism (François et al., 1997). If greater nutrient utilisation also 

caused greater biological CO2 uptake, then this would make a significant 

contribution to the explanation of lower glacial pCO2, as inferred from ice-core 

records (Masson-Delmotte et al., 2010). This would also support the contention that 

sedimentary �15NPN may indicate variability in the strength of the oceanic sink for 

atmospheric CO2 over time. However, carbon export was not found to increase 

during glacial periods in the more stratified Southern Ocean (François et al., 1997). 

Mode 3 described in this study and exemplified in 2005/6 may therefore indicate the 

glacial state of more extensive sea ice, greater stratification, higher relative nitrate 

utilisation and therefore higher �15NPN, but not necessarily greater CO2 drawdown. 

This would then be in agreement with �15NPN depicting relative nutrient utilisation, 

but not absolute nutrient uptake and biological CO2 drawdown, which are decoupled 

from relative utilisation by stratification-regulated variability in nutrient supply, as 

shown in the strongly stratified season here. Variability in �15NPN may not therefore 

be a reliable indicator of total CO2 sequestration on glacial-interglacial cycles in this 

environment. The complexity of this issue and the potential relevance of the 

conceptual model developed here for glacial-interglacial variability in CO2 dynamics 

warrants further investigation. Because the postulated relationship between �15NPN 

and biological CO2 uptake would be an important contribution to paleo-

reconstructions of CO2 dynamics over time, the robustness of the relationship and the 

underlying processes are recommended as subjects for future examination. 

 

Much attention has been given here to CO2 uptake by phytoplankton and its capacity 

to drive summertime carbon sink behaviour in the WAP coastal ocean, as well as 

organic matter export and therefore the potential for longer-term sequestration of 

atmospheric CO2. The impacts of climatically-induced changes in phytoplankton 

productivity for higher trophic levels and structuring of marine ecosystems have also 

been discussed. However, the implications of these changes in trophic structure for 

carbon transfer and storage have not been examined. Krill are thought to enhance 
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export fluxes by grazing on diatoms and producing fast-sinking carbon-rich faecal 

pellets (Ducklow et al., 2007). Salps are carbon-poor and, unlike krill, are not a 

preferred food source for higher predators, so inhibit carbon transfer to higher trophic 

levels (Moline et al., 2008). As such, the ongoing decline in krill stocks and shift to 

dominance of zooplankton communities by salps, associated with shifts in 

phytoplankton community composition (Atkinson et al., 2004; Moline et al., 2004; 

Clarke et al., 2007), are likely to drive a further decline in biological carbon stocks. 

Detailed examination of carbon transfer between different trophic levels, how these 

transfer pathways are changing in the context of ongoing climate change, and 

quantitative estimates of total biological carbon storage would therefore make a 

significant contribution to the understanding of carbon dynamics in the WAP marine 

environment. Since it is yet to be fully resolved whether salps can export carbon 

efficiently by rapid sinking with minimal predation, a comparative study of the 

integrative carbon export efficiency of krill- and salp-dominated ecosystems would 

allow further insight into the impacts of ecosystem change at the WAP on the marine 

carbon cycle and potential feedbacks to climate change. 

 

As with most time-series work, the conclusions of this PhD thesis are restricted 

temporally and spatially, and only implications for the wider regional context or 

longer timescales can be discussed. However, significant advances in the 

understanding of carbon and nitrogen cycle processes and their interaction with 

changing environmental conditions have arisen from this PhD thesis. The work of the 

Rothera Oceanographic and Biological Time-Series (RaTS) programme of the 

British Antarctic Survey and the Palmer Long-Term Ecological Research (Pal-

LTER) programme of the USA, amongst others, have produced and continue to 

produce vast amounts of high quality data and scientific understanding of this 

important ocean region. In order to continue to address key scientific questions of 

global significance, the continuation and expansion of these and other such research 

programmes is vital. Of specific relevance to this PhD thesis, it is hoped that ongoing 

time-series study of the WAP marine environment will confirm or disprove the 

conceptual model developed here, and that this will inform the scientific community 

on the drivers of changes in biological productivity and help to predict the biological 
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response and carbon cycle feedbacks to ongoing climate change. Finally, an 

extension of the time-series of carbon and nitrogen isotope systematics in the 

dissolved and particulate phase and an expansion to include the oxygen isotopic 

composition of nitrate (Casciotti et al., 2002) are highly recommended. The 

continued development of this established time-series work would give ever deeper 

insight into the functioning of Southern Ocean carbon and nitrogen cycles, the 

interplay between them, their response to ongoing environmental change and their 

importance in regulating atmospheric CO2 and global climate. 
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Appendix A1: Set-up and development of the denitrifier method for 
isotopic analysis of seawater nitrate 
 

Introduction 

 

The bacterial denitrifier method for isotopic analysis of nitrogen and oxygen in 

dissolved inorganic nitrate (Sigman et al., 2001; Casciotti et al., 2002) has been 

under development at the Scottish Universities Environmental Research Centre 

(SUERC) since 2005. The denitrifier method utilises denitrifying bacteria that lack 

N2O reductase activity to convert dissolved inorganic nitrate into nitrous oxide gas, 

for preparation using a custom-modified gas bench with a purge and trap cryogenic 

focusing system, and subsequent isotopic analysis by gas chromatograph isotope 

ratio mass spectrometry (GC-IRMS). Initially, Pseudomonas chlororaphis was used 

to denitrify nitrate in seawater samples to N2O. However, the method proved 

unsuccessful because the peak area for intended blanks was as large as or larger than 

for samples and isotopic standards, which were also highly variable over the course 

of a run (Fig. A1.1). It was speculated that a possible reason for this problem may be 

the use of a P. chlororaphis strain significantly different to the strain used in the 

Sigman Laboratory, where the method was learned, which may not employ the same 

enzyme pathway. Other possible explanations may involve incomplete denitrification 

of nitrate in the liquid medium, so that some residual quantity of nitrate dominates 

the signal in blanks, standards and samples, a potential problem with the cryogenic 

focusing system, or a leak in the system. It is notable that raw �15N output data were 

very low yet relatively consistent for blanks, standards and samples alike. This 

necessarily means that an isotopically light nitrogen contaminant was entering the 

system or an isotopically heavy fraction was being lost from the sample vial or in the 

gas bench and mass spectrometer system, and this is discussed in more detail below. 
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Figure A1.1. Peak area data from an example run from the first phase of method 

development. IAEA-20 (pink bars) and USGS-20 (purple bars) are nitrate reference 

standards of 20 nmol NO3
-, R001-20 etc. (yellow bars) are seawater samples of 20 

nmol NO3
-, grey bars are blanks. 

 

Due to time and logistical constraints, no further developments were made to the 

method until summer 2010. As part of this PhD project, significant progress has 

since been made, a reliable analytical procedure developed and 3000 samples 

successfully run. The method now established at SUERC is based on the methods 

employed at Princeton University, Woods Hole Oceanographic Institution (WHOI) 

and the University of East Anglia (UEA). This appendix outlines the three main 

stages of the analytical procedure, the most significant methodological developments 

made and the future potential of the technique. 

 

An outline of the denitrifier method 

 

Preparation of working cultures 

 

P. chlororaphis uses a heme-type nitrite reductase which catalyses significant 

oxygen exchange with water and consequently is not suitable for isotopic analysis of 

nitrate oxygen. Conversely, Pseudomonas aureofaciens utilises a copper-type nitrite 

reductase, which causes little incorporation of water into N2O molecules and 

therefore facilitates isotopic analysis of both nitrogen and oxygen in the nitrate 

molecule. 
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Cultures of P. aureofaciens were grown on tryptic soy agar amended with 10 mM 

KNO3. Starter cultures of tryptic soy broth were inoculated from single colonies and 

grown overnight. Working cultures of 120 ml tryptic soy broth amended with 10 mM 

KNO3, 2 mM (NH4)2SO4 and 36 mM KH2PO4 were then inoculated from the starter 

cultures and grown in 160 ml butyl rubber-stoppered serum bottles on a reciprocal 

shaker table in the dark at room temperature for 5-7 days. This gives a ~3-fold higher 

initial concentration of bacteria in the growth media than does the protocol at WHOI, 

but was found to be optimal at SUERC. 

 

Denitrification of seawater samples 

 

When all nitrate in the culture medium was consumed and bacterial cell 

concentration was sufficient for sample denitrification, working cultures were 

concentrated 4-fold by centrifugation and resuspension in nitrate-free media. 

Resuspension in nitrate-free media rather than spent culture media was important in 

lowering bacterial blanks. It has been suggested that the use of fresh media provides 

a renewed source of labile organic carbon, which facilitates continued bacterial 

growth and denitrification (McIlvin and Casciotti, 2011). As such, nitrite and nitrate 

were completely removed from media in the initial growth phase and consequently 

made a negligible contribution to procedural blank at the mass spectrometry stage.  

 

Resuspended cultures were divided into 3 ml aliquots in 20 ml headspace vials, 

crimp-sealed with butyl rubber stoppers and purged for three hours with He gas on a 

custom-built manifold. In agreement with McIlvin and Casciotti (2011), we found 

butyl stoppers to be much more effective for N2O storage over periods of weeks to 

months than the teflon-lined silicon stoppers used previously. Seawater nitrate 

samples were then injected into the vials in appropriate volumes to give a total of 60 

nmol NO3
- for 3 ml of bacterial media. Samples were left in the dark overnight to 

allow complete bacterial conversion of NO3
- to yield 30 nmol N2O. This 

denitrification step is usually close to completion within thirty minutes, although the 

time required for complete reduction of NO3
-
 can vary depending on sample nitrate 

concentration, volume and the age of the bacterial culture (Sigman et al., 2001). A 
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longer denitrification time than required has been found to be of no detriment to 

samples and standards (Sigman et al., 2001) and consequently vials were left to 

denitrify overnight for convenience and to ensure complete denitrification of all 

samples and standards. On the following day, 0.2 ml of 10 M NaOH was added to 

blank, sample and standard vials to lyse the bacterial cells and scavenge CO2.  

 

N2O analysis by GC-IRMS 

 

Samples were prepared for mass spectrometry using a custom-modified Analytical 

Precision gas-prep interface. Sample N2O was flushed from the sample vial in a 

stream of He carrier gas through an ethanol slush trap at -60˚C, which removes a 

large amount of water vapour and volatile organics, then a chemical magnesium 

perchlorate trap and a carbosorb trap to further remove water and a large proportion 

of the CO2. The gas sample was then passed through a stainless steel loop immersed 

in liquid N2 for six minutes to condense N2O with any remaining H2O and CO2. This 

cryogenically-focused sample was then separated into distinct N2O and CO2 pulses 

by gas chromatography before reaching the open split inlet of the VG Prism III 

isotope ratio mass spectrometer. Continuous flow isotope ratio mass spectrometry 

measures the mass-to-charge (m/z) ratio of each sample and isotopic standard against 

N2O reference gas introduced to the mass spectrometer before each gas sample. Raw 

sample �15N data were corrected to atmospheric N2 and raw sample �18O data were 

corrected to Vienna standard mean ocean water (VSMOW) using isotopic reference 

standards USGS-32, USGS-34 and USGS-35, according to the values in Table A1.1. 

All isotopic data are presented in the delta per mil notation, with �15N compared to 

atmospheric N2 (�15NNO3 ‰ AIR) and �18O compared to VSMOW (�18ONO3 ‰ 

VSMOW).  

 Chemical formula �
15NNO3 +/- �

18ONO3 +/- 

USGS-32 KNO3 +180 exact +25.7 0.4 

USGS-34 KNO3 -1.8 0.2 -27.9 0.6 

USGS-35 NaNO3 +2.7 0.2 +57.5 0.4 

Table A1.1. Isotopic values for absolute reference standards used in NO3
- isotopic 

analysis 
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Blank size measured at three points throughout each sample run was always below 

the detection limit of the mass spectrometer, so no isotopic data is available. 

However, the blank effect is likely to be negligible since the �15N and �18O of 

seawater are similar to those of tropospheric N2O (Dore et al., 1998; Popp et al., 

2002). In any case, blank effect can be assumed to be constant over the course of one 

run and is thus accounted for in �15N and �18O by correcting raw values to USGS 

reference standards.  

 

Using this standard protocol, samples of NO3
- concentration down to 5 µmol/L can 

be analysed for �15N with standard deviation of 0.2 ‰. Standard deviation on �18O 

values is more variable (1� = 0.7 ‰), and there remain uncertainties regarding the 

reliability of �18O measurements. Further work is in progress to refine the analytical 

procedure for �18O, but as a result of the time constraints of this study, �18O data are 

not included in this thesis nor discussed further here.  

 

Modifications for low nitrate concentration samples 

 

Samples of [NO3
-] < 5 µmol/L can be measured using the denitrifier method and our 

mass spectrometer system, with only minor modifications to the original 

experimental design. As the volume of sample injection should not exceed a volume 

5-fold greater than the volume of cell concentrate, very low nitrate concentration 

samples were prepared in larger 160 ml serum bottles rather than the original 20 ml 

vials, with 6 ml of cell concentrate. This permits a larger sample injection volume 

required to maintain a sample size of 60 nmol NO3
- (30 nmol N2O gas). The larger 

sample volume requires a longer He-purge time of 5 hours to ensure that all 

atmospheric contamination is removed prior to sample injection, and thus keep blank 

effect to the level maintained using the standard 20 ml vial protocol. It was expected 

that the larger volume samples would produce excess water vapour and consequently 

a sparging flask was installed in the gas-prep interface prior to the -60°C trap. 

However, this additional trap made no discernible difference to moisture content in 

the gas-prep system and GC column, so it was concluded that the ethanol slush trap 

and the magnesium perchlorate trap were sufficient to remove all water vapour, even 
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with much larger volume samples. The larger volume samples did require a longer 

15 minute freeze time in the liquid N2 trap, to ensure that maximum sample N2O is 

available for isotopic analysis. With this adapted protocol, seawater samples of 

concentration down to 1 µmol NO3
-/L can be analysed for �15N with precision of 0.6 

‰.  

 

It is clear that we are not currently operating at the level of precision of other 

laboratories employing this technique (minimum sample size: 0.2 µmol/L NO3
-; 

McIlvin and Casciotti., 2011) and more development work is required in order to 

improve the precision of our analytical system, particularly for low [NO3
-] samples. 

However, the new system established at SUERC is capable of performing reliable 

analyses for �15N on the vast majority of Ryder Bay sea water samples, with [NO3
-] > 

1 µmol/L, and consequently tracking the vast majority of variability in �15N over the 

course of an Antarctic summer growing season and with depth in the coastal 

Antarctic marine environment. The method is also capable of reliable analysis of 

seawater samples from large areas of the global ocean, where nitrate concentration 

normally exceeds 1 µmol/L. 

 

 

Development of the method at SUERC 

 

Preparation of bacterial cultures 

 

Different laboratories employing the denitrifier method use slightly different recipes 

and storage conditions for agar culturing plates. It was found that the optimum 

bacterial growth in discreet colonies was achieved using the recipe in Table A1.2. 

Plates were discarded if bacteria developed as a smear rather than discreet colonies, 

or became overdeveloped, joining or cracked in appearance, as this was an indication 

of mutation and/or contamination. Incubation at 21 ˚C caused bacteria to grow too 

quickly with a greater risk of mutation. Keeping plates in a sealed container caused 

problems with humidity and therefore the development of mould, whilst leaving 

plates in an unsealed container increased the risk of bacterial contamination and 
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growth of foreign species. The working condition of agar plates and growth of P. 

aureofaciens was optimal when new plates were left to cool in a sterile environment 

to limit initial build-up of condensation, and then kept and bacteria grown in a sealed 

container with silica desiccant beads in the dark at room temperature. 

 

Agar plates Bacterial media 

500ml mQ.H2O 1L mQ.H2O 

0.5g KNO3 1g KNO3 

0.125g (NH4)2SO4 0.25g (NH4)2SO4 

2.5g KH2PO4 5g KH2PO4 

15g tryptic soy broth 30g tryptic soy broth 

15g tryptic soy agar  

Table A1.2. Optimum recipes used for agar culturing plates and bacterial growth 

media 

 

Precise recipes and preparation of bacterial growth media also vary between 

laboratories and we found that bacterial growth proceeded at the optimal rate with 

least chance of overdevelopment or mutation using the recipe in Table A1.2. Time 

and temperature of autoclaving was found to be a crucial control on subsequent 

bacterial growth with an insufficient time causing bacteria to grow too quickly, 

nitrate to be consumed too fast and bacterial cell biomass to be too high. If media is 

autoclaved for too long, bacterial growth and nitrate consumption are too slow and 

insufficient bacteria is produced to denitrify all sample nitrate. Optimum bacterial 

growth was achieved in media which had undergone two back-to-back preset 

autoclave cycles of 121 ˚C and 2063 millibars for 15 minutes and a total cycle time 

of 1 h 35 min, and then cooled slowly in the autoclave overnight. To minimise the 

risk of contamination, butyl septa are placed loosely over media bottles for 

autoclaving and then secured and sealed immediately on opening the autoclave prior 

to removing the bottles. 

 

Despite the most careful handling of bacterial cultures, there remains the possibility 

of a “bad bug batch” when sample gas volume is variable or low and isotopic data is 
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erroneous. Either poor bacterial condition did not allow complete conversion of 

nitrate to N2O or a mutation introduced N2O reductase and caused complete 

denitrification to N2 rather than N2O. Although the reasons for the occasional bad 

bug batch remain elusive, this is a ubiquitous problem across laboratories using the 

denitrifier method and our success rate of approximately 90 % is comparatively 

good. Back-up samples are always kept and in the event of a bad bug batch, the batch 

is rendered useless and simply discarded. All samples are analysed in triplicate 

across different batches to ensure robustness of the analytical procedure and sample 

data. 

 

The gas bench and mass spectrometer system 

 

The Analytical Precision gas-prep interface has received the most modification of all 

elements of the analytical system over the course of the method development 

process. The original system was a simplified version of systems used at WHOI and 

UEA, in which sample N2O was carried in He gas through a Nafion drier and 

magnesium perchlorate trap to remove water vapour, a carbosorb trap to remove CO2 

and liquid N2 trap to cryogenically focus the sample gas. This focused sample was 

then passed into a gas chromatography (GC) column at room temperature to separate 

the gas into distinct N2O and CO2 pulses before entry into the mass spectrometer. 

 

Both the microbiological and analytical components of the system were under 

concurrent development at SUERC, so it was important to isolate each component in 

order to avoid problems with one component compounding or disguising problems 

with the other. Initial test samples for the analytical procedure were prepared using 

established protocol at WHOI, so that the microbiological conversion of sample 

nitrate to N2O was reliable, and therefore performance of the gas bench and mass 

spectrometer system could be examined in detail.  

 

Over the course of the method development process, a number of problems and 

inconsistencies were encountered. Samples of 60 nmol NO3
- (30 nmol N2O), should 

give a consistent peak height reading from the mass spectrometer of >3.0 x 10-9 
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Amps. However, peak heights were found to be consistently lower and show high 

variability and a general decrease over time. Low peak heights were generally 

coincident with sample �15N values that were higher and showed much greater 

variability than expected. This meant presumably that not all sample gas was 

reaching the mass spectrometer and some fractionation or loss process was occurring 

during the analytical process. Fractionation may have occurred in the cryogenic trap 

due to preferential scrubbing and removal by He flow of the lighter N isotope during 

freezing, and subsequent release of heavier gas molecules to the mass spectrometer. 

Fractionation may also have occurred due to some blockage or retention of gas 

somewhere in the gas-prep system, although this would have been more likely to 

make delta values low rather than high. Alternatively there may have been a source 

of isotopically heavy contamination or a loss of isotopically light N2O from a leakage 

in the system. Further problems included the mass spectrometer baseline showing 

significant drift over the course of a run (~2.8 x 10-11 to ~4.5 x 10-11 for mass number 

44) and a smaller CO2 peak being detected before the CO2 peak expected at the 

collector (Fig. A1.2). The additional CO2 peak probably arose from a source of 

contamination, whilst persistent baseline drift was thought to be indicative of a build-

up of volatile organic molecules in the GC column. This may have been compounded 

by minor contamination by water droplets, in which gases would dissolve and 

therefore reside in the GC, with a possible fractionation effect on N2O and CO2. 

Finally, there was concern over the chromatographic separation of CO2 and N2O 

peaks in the original 10 m GC column being marginal, such that a slight CO2 

contribution to the N2O signal measured by the mass spectrometer could not be ruled 

out. 

 

Significant methodological advances have been made over a period of around 12 

months, to give consistent and reliable isotopic data for nitrogen in seawater nitrate. 

Towards the beginning of the method development process, the mass spectrometer 

source was removed, stripped down and cleaned before being reinstalled and retuned. 

This caused a considerable improvement in the stability and linearity of the mass 

spectrometer and consequently the size, consistency and �15N values of measured 

sample peaks. Typical stability of the mass spectrometer is determined using the 
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standard deviation on delta values from repeated measurements of the N2O reference 

gas, and was found to be good at 1.2 x 10-7 for �15N and 2.9 x 10-7 for �18O. The 

linearity of the mass spectrometer shows the isotopic variation with sample size, and 

was good (i.e. negligible variation) for all test samples with a peak height above 1.5 

x 10-9 A. As such, any samples falling below this threshold value were discarded.  

 

The most important modifications to the original Analytical Precision gas-prep 

interface were the addition of an ethanol slush trap, heating and backflushing the 

cryogenic focusing loop and closely regulating the temperature of the GC column 

before, during and after sample runs. Figure A1.2 shows schematically a typical scan 

from the mass spectrometer detector before and after the modifications to the gas-

prep interface. An ethanol slush trap was added before the magnesium perchlorate 

trap to limit the amount of water and organics entering the gas-prep system. With the 

ethanol slush trap, the vast majority of water was removed immediately after flushing 

from sample vials, such that the Nafion drier made no difference to the amount of 

water reaching the cryogenic trap, and was therefore rendered redundant and 

removed from the system. The cryogenic focusing loop was baked at 150 ˚C between 

samples, whilst backflushing with He through the needle circuit, to clear any residual 

gases that may have caused contamination of the N2O signal. The 10 m GC column 

was replaced with a new column of 30 m, with which adjustment of column flow to 4 

ml min-1 was optimal for peak separation (Fig. A1.2), and sample size and integrity. 

A major reduction of volatile organic build-up in the GC column, and consequently 

elimination of baseline drift, was achieved by adding a custom-built GC oven to the 

gas bench system to regulate GC temperature during and between sample runs. When 

the GC column was baked to 180 ˚C, detection of mass number 41 increases 

gradually until a pronounced peak at 85 – 90 ˚C, and again at ~170 ˚C, presumably 

reflecting a pulsed release of trapped gas from the GC column. To prevent build-up 

of gases in the GC column, an oven temperature of 38 ˚C was maintained throughout 

sample runs, and increased to 180 ˚C at the end of every run. This removed 

contaminant gases and any small amount of water, such that backgrounds were 

consistently low and showed negligible drift over the course of a run (Fig. A1.2; 
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Table A1.3). A further improvement to background stability came from baking the 

GC column for 10 minutes prior to each sample run, as well as at the end. 

 

 

Figure A1.2. Example scans from the mass spectrometer detector for mass number 

44 from a) before, and b) after the modifications to the gas-prep interface. Note the 

elimination of the anomalous CO2 peak and baseline drift, and the increase in 

separation between CO2 and N2O peaks. 

 

Mass number Background (Amps) 

44 1.4 x 10-11 

45 1.7 x 10-13 

46 1.0 x 10-13 

Table A1.3. Background readings for mass numbers relevant to N2O analysis after 

drift was eliminated 

 

Additional improvements were made through regular replacement of carbosorb and 

magnesium perchlorate, which increased trapping efficiencies of CO2 and H2O, and 

replacing sections of gas lines reduced the risk of sample gas leakage or atmospheric 

contamination. Finally, minor adjustments to the rate of He carrier gas flow through 

the upper circuit, GC column flow and reference gas pressure optimised the 

reliability of the analytical system and the sensitivity of the mass spectrometer. 
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Current operating conditions and method evaluation 

 

Upon completion of the above development steps, the entire procedure was tested 

rigorously to ensure the robustness of the denitrifier method and the analytical 

system, and therefore the reliability of output data. Tests were conducted using 38 

aliquots of sodium nitrate (NaNO3) internal standard and 10 aliquots of USGS nitrate 

standards, all prepared using the denitrifier method and analysed using the gas-prep, 

cryogenic focusing and mass spectrometer system. Peak height for 60 nmol NO3
- (30 

nmol N2O) aliquots of internal standard was consistently 3.7 x 10-9 ± 2.2 x 10-10 A 

(1�) (Fig. A1.3) and that of the USGS standards was 3.5 x 10-9 ± 1.0 x 10-10 A (1�) 

(data not shown). Standard deviation on �15N values for both internal and USGS 

standards was very good at 0.2 ‰ (Fig. A1.3). In agreement with the assertion made 

above, �18O values from the same analyses were more varied (e.g. 1� = 1.6 ‰ for 

internal standards; Fig. A1.3) and should be treated with caution. 

 

Figure A1.3. Internal standard data from method evaluation tests: peak height (white 

bars, left hand y-axis), �15N (red dots and line, right hand y-axis) and �18O (blue dots 

and line, right hand y-axis). 

 

Repeat analyses on individual sample vials showed that 95 % of sample gas enters 

the mass spectrometer system for each analysis. Accordingly, seawater samples of 60 

nmol NO3
- consistently gave peak heights >3.0 x 10-9 A and good reproducibility of 

�
15N values (1� = 0.2 ‰ for samples > 5 µmol NO3

-/L and 0.6 ‰ for smaller 

samples). 
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The accuracy of the system was further evaluated by an inter-laboratory comparison 

of three sets of two identical samples at SUERC and UEA, where the denitrifier 

method is fully established (e.g. Kaiser et al., 2007). Table A1.4 shows that all �15N 

values for each sample are in agreement, given analytical error of ± 0.2 ‰. Again 

�
18O values from our system are problematic and reinforce the requirement for 

further development work before �18O can be reliably analysed using our system. 

 

 �
15N (‰) 

UEA 1 

�
15N (‰) 

UEA 2 

�
15N (‰) 

SUERC 

�
18O (‰) 

UEA 1 

�
18O (‰) 

UEA 2 

�
18O (‰) 

SUERC 

921-15 7.2 7.2 7.2 12.0 10.1 -1.4 

924-15 8.1 8.2 8.3 14.9 11.2 3.0 

LMG-550 4.1 4.1 3.8 2.5 2.8 -0.4 

Table A1.4. Results of inter-laboratory comparison tests for three Antarctic seawater 

samples. 921-15 and 924-15 are surface water samples, LMG-550 is a deep water 

sample. UEA 1 and 2 are duplicate tests conducted at UEA, SUERC denotes tests 

conducted using the new system at SUERC. 

 

Future potential of the technique 

 

The denitrifier method of nitrate isotopic analysis, now established at SUERC, is of 

great value in the study of nitrogen biogeochemistry throughout the world’s oceans. 

Further, major potential exists for future development of the technique and its 

application to different nitrogen species, such as dissolved nitrite (NO2
-) and diatom-

bound particulate nitrogen. The denitrifier method can be used to analyse nitrite for 

�
15N (Sigman et al., 2001) and �18O (Casciotti et al., 2007). Nitrite is an important 

intermediate compound in nitrogen cycle processes and can exist in significant 

concentrations in ocean waters, sediment pore-waters and terrestrial ground waters. 

As such, its isotopic composition can be exploited to help constrain nitrogen cycle 

processes, in particular nitrification and denitrification, in systems where nitrite 

makes a significant contribution to the total dissolved inorganic nitrogen (DIN) pool, 

for example in oceanic oxygen minimum zones. 
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The denitrifier method can also be used to analyse the isotopic composition of 

diatom-bound particulate nitrogen (�15NDB), following a wet persulphate oxidation 

technique, which dissolves the opal frustule, releases the interstitial organic nitrogen 

and quantitatively converts the organic nitrogen to NO3
- (Robinson et al., 2004). 

�
15NDB is thought to be more reliable for paleoceanographic studies than bulk 

particulate nitrogen, since it is protected from isotopic alteration during diagenesis by 

the diatom frustule and is free from phytoplankton species effects (Shemesh et al., 

1993; Sigman et al., 1999b). This persulphate-denitrifier method is more sensitive 

and thus requires a smaller sample size than the traditional combustion method of 

�
15NDB analysis (Sigman et al., 1999b), and also removes a gaseous N blank present 

in combusted samples, thought to be associated with the diatom frustule (Robinson et 

al., 2004). As such, the persulphate-denitrifier method is preferable to known 

alternatives for analysing �15NDB and has important potential for paleoceanographic 

applications. 
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Appendix A2a: Surface water time-series N data for 2004/5 
 
 [NO3

-
] �

15
NNO3 [NH4

+
] [PN] �

15
NPN [chl a] 

5/12/2004 15.30 6.9 0.54 7.31 1.7 20.03 

8/12/2004 12.33 7.5 3.66 11.41 6.5 16.84 

10/12/2004 20.57 5.7 1.35 4.94 2.1 10.24 

12/12/2004 13.81  1.39    

13/12/2004 8.52 8.4 2.33 9.83 3.2 24.76 

15/12/2004 12.29 8.7 0.94 10.91 3.8 14.30 

20/12/2004 6.08 6.6 0.68 7.39 2.8 12.05 

22/12/2004 11.89 6.9 0.91 7.39 3.0 13.16 

28/12/2004 10.92  0.85    

29/12/2004 5.40 10.1 0.79 11.45 5.0 2.44 

31/12/2004  6.6  6.71 4.1 10.73 

5/1/2005 26.30 4.8 3.66 3.66 3.2 4.10 

7/1/2005 11.54 5.9 0.30 7.47 3.6 10.67 

10/1/2005 5.48 11.4 0.30 11.16 5.7 23.42 

13/1/2005 16.45 5.8 0.00 5.19 5.1 5.44 

17/1/2005 14.75 7.5 7.55 11.10 4.3 16.88 

19/1/2005 15.75 5.1 1.49 7.77 4.0 24.16 

21/1/2005 3.85 8.1  12.84 5.4 35.55 

25/1/2005   1.59    

28/1/2005 15.19 6.2 1.01 5.80 3.7 15.01 

1/2/2005 3.49 8.0 0.44 7.80 6.5 15.88 

12/2/2005 15.67 5.5 2.62 2.07 0.1 2.58 

18/2/2005 8.32  3.19    

21/2/2005 12.52 5.4 2.80 1.87 3.1 2.95 

22/2/2005 13.97  2.80    

26/2/2005   3.33    

28/2/2005 9.25 5.5 3.10 1.57 2.0 1.38 

4/3/2005 19.70  4.45    

8/3/2005   3.68    

14/3/2005 14.55 4.4 3.80 1.10 0.0 1.25 
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Appendix A2b: Surface water time-series N data for 2005/6 
 
 [NO3

-
] �

15
NNO3 [NH4

+
] [PN] �

15
NPN [chl a] 

17/9/2005 15.70 5.2 0.40 0.23 5.1 0.12 

21/9/2005 20.45  0.30   0.12 

29/9/2005 18.90  0.73   0.14 

13/10/2005 29.95 5.3 0.24 0.19 5.1 0.14 

1/11/2005 19.40  0.14   0.27 

21/11/2005 33.70 4.4 0.81 0.67 6.0 0.50 

23/11/2005 22.57 5.3  0.92 4.9 0.60 

23/12/2005 10.00 6.5 0.35 4.84 3.4 10.24 

28/12/2005 9.10 6.9 0.27 4.89 2.2 13.07 

4/1/2006 10.85 7.2 0.84 4.88 1.7 14.13 

6/1/2006 8.45 9.0 0.30 9.17 5.9 25.74 

10/1/2006 4.80 9.2 0.83 9.63 3.5 20.51 

13/1/2006 6.70 9.2 0.88 10.02 5.5 22.16 

19/1/2006 4.20 8.8 0.38 10.01 0.0 20.95 

24/1/2006 6.70 7.1 1.11 7.36 4.3 16.39 

30/1/2006  6.9 2.54 5.39 3.7 11.92 

2/2/2006 5.90 7.1 2.28 4.23 3.1 13.48 

10/2/2006 6.00 7.2 1.20 6.87 3.5 18.79 

13/2/2006 7.60 7.2 1.36 6.36 3.8 17.09 

17/2/2006 8.75  1.46   12.43 

20/2/2006 6.30 9.5 0.45 5.04 3.7 16.20 

23/2/2006  9.7 0.95 7.42 4.9 19.89 

27/2/2006 1.35 9.5 0.66 8.81 6.0 27.94 

4/3/2006 7.08 7.6 2.37 4.56 5.2 12.21 

8/3/2006 6.55 7.3 2.28 5.42 5.3 14.61 

10/03/2006      18.14 

13/3/2006 3.55  0.93 4.89 4.8 11.49 

23/3/2006 5.65 7.2 2.93 3.49 3.5 5.79 

 
 
 

Appendix A2c: Surface water time-series N data for 2006/7 
 
 [NO3

-
] �

15
NNO3 [NH4

+
] [PN] �

15
NPN [chl a] 

9/12/2006 16.85 6.4 0.43 2.78 2.2 8.68 

12/12/2006 9.92 7.0 0.41 6.16 2.7 11.58 

22/12/2006 0.00   9.47 5.5 4.58 

29/12/2006 6.87 7.8 0.89 7.25 4.7 11.32 

4/1/2007 8.43 8.1 1.80 13.95 6.2 7.51 

8/1/2007 3.66 9.4 1.44 7.61 4.5 10.05 

11/1/2007 4.18 10.6 0.76 9.54 5.3 18.58 

18/1/2007 16.58 6.5 2.62 5.00 4.7 3.21 

22/1/2007 2.61 10.3 1.08 7.66 5.6 8.89 

25/1/2007 2.81 11.4 1.19 8.17 5.8 10.17 

31/1/2007 14.69 6.9 2.78 5.71 6.0 6.25 
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Appendix A2d: Surface water time-series N data for 2008/9 
 
 [NO3

-
] �

15
NNO3 [NH4

+
] [PN] �

15
NPN [chl a] 

4/12/2008 17.19 5.5 0.65 2.72 1.0 2.89 

10/12/2008 15.79 5.8 0.36 2.91 1.2 2.36 

12/12/2008 12.83 6.1 0.49 3.54 1.7 2.70 

15/12/2008 8.22 6.4 0.40 5.24 2.0 3.86 

18/12/2008 17.80 5.6 1.70 1.79 0.2 1.43 

27/12/2008 12.19 6.7 1.22 4.24 2.8 6.96 

30/12/2008 18.83 6.7 2.01 2.06 -1.2 0.37 

4/1/2009 13.99 5.4  1.23 -2.1 0.58 

7/1/2009 11.30 5.4 2.05 1.88 2.1 1.17 

8/1/2009 14.74 5.9  2.02 -0.2  

12/1/2009 12.24 5.9 3.71 2.05 -0.7 0.57 

15/1/2009 17.62 5.5 1.44 2.24 -1.4 1.17 

19/1/2009 14.99 4.9 2.02 2.30 -0.8 1.26 

22/1/2009 10.97 4.8 2.02 2.92 -1.6 1.38 

26/1/2009 12.27 5.1 1.88 3.11 -1.9 2.66 

29/1/2009 13.92 4.7 1.20 2.66 -0.5 0.98 

2/2/2009 9.83 4.4 0.91 3.58 0.4 2.13 

5/2/2009 15.11 6.0 1.29 5.09 2.0 2.34 

9/2/2009 15.54 4.7 1.85 2.13 -0.6 1.18 

12/2/2009 16.76 4.8 1.76 1.97 1.7 1.33 

18/2/2009 11.12 4.7 1.52 3.45 1.7 2.18 

23/2/2009 18.60 4.4 1.29 2.64 0.6 1.92 

26/2/2009 10.89 5.6 1.66 1.87 2.6 1.71 

2/3/2009 8.57 5.0 1.54 2.22 2.2 1.47 

5/3/2009 14.70 4.5 1.14 1.86 0.7 1.31 

11/3/2009 18.34 4.4 1.82 1.84 0.7 1.15 
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Appendix A2e: Surface water time-series N data for 2009/10 
 
 [NO3

-
] �

15
NNO3 [NH4

+
] [PN] �

15
NPN [chl a] 

2/12/2009 12.71 10.6     

7/12/2009 12.81 7.4  7.82 3.8 8.02 

10/12/2009 13.02 8.8  5.63 3.1 5.43 

15/12/2009 19.28 6.9 1.36 2.44 2.1 1.25 

21/12/2009 23.49 6.5 0.45 2.32 0.4 1.36 

22/12/2009 23.80 6.8     

24/12/2009 17.02 6.4 0.76 4.73 2.6 5.92 

28/12/2009 16.93 6.7 0.55   3.30 

30/12/2009 15.37 7.0 1.56 2.55 1.4 1.22 

4/1/2010 16.91 6.9 0.59 2.47 1.5 2.32 

7/1/2010 15.70 7.4 1.44 3.69 1.8 1.36 

12/1/2010 15.26 6.3 1.78 2.09 1.5 1.27 

16/1/2010 16.82 6.3  4.57 2.9  

18/1/2010 12.68 7.2 1.01 5.44 3.7 5.33 

21/1/2010 12.77 6.8 1.37 7.14 3.9 5.72 

23/1/2010 15.61 7.4 2.50   4.52 

26/1/2010 14.20 8.0     

27/1/2010 15.23 7.2  3.75 3.8 4.83 

30/1/2010 15.74 6.9  2.88 3.0 4.02 

2/2/2010 12.04 7.0 1.86 4.90 4.7 4.11 

6/2/2010 15.55 7.4 2.53 5.80 3.7 8.98 

12/2/2010 10.26 7.8 0.64 11.86 4.3 13.64 

15/2/2010 6.49 8.3 0.45 12.00 5.2 21.76 

18/2/2010 2.47 10.2 0.46 12.68 4.9 17.37 

22/2/2010 7.76 9.0 1.30 8.37 4.4 10.81 

25/2/2010 10.38 7.9 1.24 6.65 3.8 7.97 

1/3/2010 7.53 8.6 1.18 6.86 4.8 5.71 

4/3/2010 11.39 7.5 1.50 3.45 4.5 4.29 

10/3/2010 15.24 7.1 1.66 1.75 4.1 0.95 

15/3/2010 10.22 7.6 1.85   0.63 

18/3/2010 11.79 7.1 1.30 1.22 4.0 0.21 

22/3/2010 14.96 6.8 1.66 0.91 4.1 0.06 
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Appendix A3a: Surface water time-series C data for 2004/5 
 
 pCO2 [CO2 (aq)] �

13
CCO2 [POC] �

13
CPOC 

5/12/2004    40.00 -21.2 

8/12/2004 94.2 6.2 -10.4 63.03 -20.0 

10/12/2004 402.5 26.2 -10.9 27.33 -20.9 

13/12/2004 372.9 23.9 -10.6 57.91 -20.0 

15/12/2004 268.7 17.3 -10.5 64.26 -19.5 

20/12/2004 402.0 25.7 -10.4 39.63 -19.6 

22/12/2004 470.4 30.4 -10.5 39.40 -19.3 

29/12/2004 873.6 54.3 -9.9 62.82 -18.7 

31/12/2004 393.7 25.0 -10.1 37.59 -19.4 

5/1/2005 721.7 46.7 -10.5 20.67 -19.7 

7/1/2005 528.4 34.6 -9.7 40.66 -19.5 

10/1/2005 291.7 18.6 -9.3 59.89 -18.5 

13/1/2005    28.88 -19.4 

17/1/2005 255.7 16.4 -9.7 64.59 -18.0 

19/1/2005 502.8 32.7 -10.4 53.78 -18.8 

21/1/2005 318.8 20.6 -10.5 71.75 -17.7 

28/1/2005 512.0 32.8 -10.4 34.79 -17.5 

1/2/2005 82.5 5.2 -9.0 43.58 -17.9 

12/2/2005 443.7 29.0 -10.2 11.52 -26.7 

21/2/2005 479.5 30.8 -9.7 10.88 -22.2 

28/2/2005 409.8 26.2 -10.7 8.89 -22.4 

14/3/2005 458.5 29.7 -11.2 5.92 -23.0 

 

Appendix A3b: Surface water time-series C data for 2005/6 
 

 pCO2 [CO2 (aq)] �
13

CCO2 [POC] �
13

CPOC 

17/9/2005    1.45 -24.9 

13/10/2005    1.35 -24.0 

21/11/2005   -10.9 4.35 -24.2 

23/11/2005 422.9 28.3 -10.9 4.99 -24.3 

23/12/2005 472.6 31.0 -10.6 28.21 -18.8 

28/12/2005 513.6 33.7 -10.6 26.37 -22.2 

4/1/2006 461.6 26.7 -10.4 25.96 -22.3 

6/1/2006 470.4 31.0 -9.9 54.04 -20.8 

10/1/2006 396.6 25.9 -9.7 55.72 -20.8 

13/1/2006 339.3 22.3 -10.0 60.85 -21.5 

19/1/2006 338.5 21.9 -9.2 60.60 -22.5 

24/1/2006 438.4 28.5 -9.9 42.09 -22.3 

30/1/2006 406.8 26.4 -10.1 31.22 -25.5 

2/2/2006 404.5 26.5 -10.5 23.84 -26.3 

10/2/2006 362.6 23.3 -9.9 39.57 -27.8 

13/2/2006 363.1 23.4 -9.8 36.11 -28.0 

20/2/2006 242.0 15.5 -9.5 43.21 -28.7 

23/2/2006 269.9 17.4 -9.2 42.63 -28.5 

27/2/2006 213.2 13.6 -9.2 52.72 -27.7 

4/3/2006 343.1 22.0 -9.2 25.49 -28.1 

8/3/2006 299.0 19.3 -9.2 32.49 -25.4 

13/3/2006 289.0 18.5 -9.4 29.10 -24.3 

23/3/2006 251.8 16.2 -9.6 20.80 -24.8 
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Appendix A3c: Surface water time-series C data for 2006/7 
 
 pCO2 [CO2 (aq)] �

13
CCO2 [POC] �

13
CPOC 

9/12/2006 416.2 27.7 -11.1 15.03 -23.8 

12/12/2006 286.9 19.1 -10.3 31.51 -23.1 

22/12/2006 154.3 9.5 -8.8 60.29 -20.2 

29/12/2006 218.9 14.0 -9.8 38.87 -21.3 

4/1/2007 253.9 16.3 -9.8 65.57 -22.6 

8/1/2007 212.4 13.4 -9.6 40.77 -21.3 

11/1/2007 207.2 13.1 -9.8 51.35 -20.1 

18/1/2007 226.4 14.5 -10.5 28.37 -20.4 

22/1/2007 203.5 12.5 -10.1 41.72 -20.4 

25/1/2007 189.6 11.6 -9.5 52.84 -19.8 

31/1/2007 218.5 13.5 -9.9 30.23 -19.7 

 

Appendix A3d: Surface water time-series C data for 2008/9 
 
  pCO2 [CO2 (aq)] �

13
CCO2 [POC] �

13
CPOC 

4/12/2008 337.1 22.3  14.80 -28.5 

8/12/2008 462.7 30.4  16.52 -27.0 

12/12/2008 392.8 25.6  19.70 -24.3 

15/12/2008 237.5 15.4  28.90 -24.5 

18/12/2008 245.4 16.1  9.91 -27.1 

27/12/2008 391.2 25.1 -10.0 22.62 -23.9 

30/12/2008 269.2 17.2 -10.0 10.71 -26.4 

4/1/2009   -10.5 6.68 -27.1 

7/1/2009 427.9 27.5 -10.0 10.22 -23.1 

8/1/2009 366.6 23.3  10.61 -25.3 

12/1/2009 437.6 27.4 -10.0 11.64 -26.6 

15/1/2009 426.6 27.0 -10.4 12.07 -26.8 

19/1/2009 450.4 28.3 -10.2 12.80 -26.8 

22/1/2009 348.1 21.6 -10.0 15.72 -26.2 

26/1/2009 274.6 17.2 -10.1 16.76 -26.9 

29/1/2009 389.4 24.2 -10.1 14.68 -26.2 

2/2/2009 417.9 25.5 -9.8 18.90 -26.6 

5/2/2009 298.7 18.6 -9.6 25.45 -28.7 

9/2/2009 287.7 18.0 -9.9 11.20 -27.0 

12/2/2009 306.7 19.1 -9.7 10.29 -25.5 

18/2/2009 337.3 20.7 -10.0 18.01 -26.5 

23/2/2009 282.7 17.4 -9.8 14.92 -27.8 

26/2/2009 274.9 17.0  10.00 -26.2 

2/3/2009 347.6 21.2 -9.6 11.75 -24.7 

5/3/2009 380.9 23.6 -10.0 10.32 -27.4 

11/3/2009 341.9 21.1 -9.8 9.17 -26.4 
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Appendix A3e: Surface water time-series C data for 2009/10 
 
 pCO2 [CO2 (aq)] �

13
CCO2 [POC] �

13
CPOC 

2/12/2009   -11.0 43.84 -17.8 

7/12/2009 303.9 19.6 -10.1 53.27 -19.4 

10/12/2009 258.9 16.7 -9.8 35.26 -19.9 

15/12/2009 366.6 23.6 -10.1 19.54 -23.2 

18/12/2009 382.1 24.6  11.89 -29.0 

21/12/2009 436.2 28.1 -10.4 17.63 -29.4 

24/12/2009 304.0 19.4 -10.5 29.06 -24.0 

28/12/2009 404.5 25.8 -10.3   

30/12/2009 372.1 23.6  17.45 -24.9 

4/1/2010 389.4 24.8  21.78 -26.6 

7/1/2010 416.2 26.2 -10.1 21.27 -27.6 

12/1/2010 377.4 23.3 -9.1 16.66 -27.2 

16/1/2010   -9.5 24.91 -26.8 

18/1/2010 256.0 15.6 -9.8 29.96 -25.3 

21/1/2010 290.3 17.7 -9.6 39.06 -24.7 

23/1/2010   -9.7   

26/1/2010 238.3 14.7 -9.4   

27/1/2010 301.8 18.8  26.66 -24.4 

30/1/2010 285.8 17.8 -9.1 17.48 -24.6 

2/2/2010 304.9 18.7 -9.3 41.24 -20.4 

6/2/2010 338.2 20.9 -9.6 30.75 -20.5 

12/2/2010 260.5 16.1 -9.4 68.38 -19.1 

15/2/2010 206.1 12.5 -9.6 70.22 -17.4 

18/2/2010 232.3 14.0  73.81 -17.5 

22/2/2010 367.2 22.3 -9.9 46.69 -17.5 

25/2/2010 269.3 16.4 -10.1 38.60 -18.2 

1/3/2010 248.3 15.0  39.13 -16.8 

4/3/2010 305.8 18.8 -9.3 21.65 -17.3 

10/3/2010    10.45 -19.2 

15/3/2010 273.0 16.6    

18/3/2010 322.3 19.9 -9.4 7.03 -18.4 

22/3/2010 311.6 19.2 -9.2 5.27 -19.5 
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Appendix A4: Depth profile data for dissolved N and C in 2009/10. 
Samples from Marguerite Bay and continental shelf sites are labelled 
accordingly. All other samples are from the RaTS site in Ryder Bay. 
 

Date Depth (m) [NO3
-
] �

15
NNO3 pCO2 [CO2 (aq)] �

13
CCO2  

02/12/2009 0 1.32 10.6 107.4 6.5 -9.7  

02/12/2009 5 0.74    -10.1  

02/12/2009 10 3.19    -10.4  

02/12/2009 15 12.71    -11.0  

02/12/2009 25 17.85    -11.1  

02/12/2009 100 28.81 5.6   -9.5  

02/12/2009 500 32.46 5.3   -12.0  

07/12/2009 0 9.03 8.1 314.0 19.2   

07/12/2009 5 3.71  226.8 14.4   

07/12/2009 10 6.87 8.3 234.4 14.9   

07/12/2009 15 12.81 7.4 303.9 19.6 -10.1  

07/12/2009 25 14.63 6.8 283.0 18.2   

09/12/2009 450 31.84 5.0   -9.9 Continental shelf 

10/12/2009 0 13.03 7.9     

10/12/2009 15 13.02 8.8 258.9 16.7 -9.8  

15/12/2009 0 19.23 6.5 363.0 23.2   

15/12/2009 15 19.28 6.9 366.6 23.6 -10.1  

18/12/2009 0 24.02 6.7 382.1 24.6   

21/12/2009 0 23.65 5.7 418.9 26.8   

21/12/2009 15 23.49 6.5 436.2 28.1 -10.4  

22/12/2009 0 23.61 5.2     

22/12/2009 5 23.67 5.4 441.7 28.1   

22/12/2009 10 23.69 6.5 425.8 27.2   

22/12/2009 15 23.80 6.8     

22/12/2009 25 22.47 5.9 429.6 27.6   

24/12/2009 15 17.02 6.4 304.0 19.4 -10.5  

28/12/2009 0 16.42 6.6 412.7 26.1   

28/12/2009 5 18.20 6.8 420.8 26.7   

28/12/2009 10 16.16 6.8 396.0 25.2   

28/12/2009 15 16.93 6.7 404.5 25.8 -10.3  

28/12/2009 25 18.96 6.9 442.7 28.3   

30/12/2009 15 15.37 7.0 372.1 23.6   

04/01/2010 0 15.77 6.1 394.9 25.1   

04/01/2010 5 16.68 6.0 376.1 23.9   

04/01/2010 10 16.91 6.9 370.7 23.6   

04/01/2010 15 16.91 6.9 389.4 24.8   

04/01/2010 25 18.31 7.4 407.3 26.1   

07/01/2010 15 15.70 7.4 416.2 26.2 -10.1  

07/01/2010 100 24.40 6.2 569.8 37.5 -11.1  

07/01/2010 500 29.39 5.6 1085.6 65.1 -11.3  

12/01/2010 0 14.08 6.5 395.4 24.0   

12/01/2010 5 13.64 6.3 380.3 23.2   

12/01/2010 10 13.78 8.1 358.2 21.9   

12/01/2010 15 15.26 6.3 377.4 23.3 -9.1  
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Continued from previous page… 
 

Date Depth (m) [NO3
-
] �

15
NNO3 pCO2 [CO2 (aq)] �

13
CCO2  

12/01/2010 25 17.22 7.2 415.7 25.8   

16/01/2010 15 16.82 6.3 609.3 37.1 -9.5  

18/01/2010 0 15.92 6.0 276.9 17.6   

18/01/2010 5 15.08 6.3 251.4 15.5   

18/01/2010 10 14.37 7.6 273.1 16.6   

18/01/2010 15 12.68 7.2 256.0 15.6 -9.8  

21/01/2010 15 12.77 6.8 290.3 17.7 -9.6  

23/01/2010 15 15.61 7.4   -9.7  

23/01/2010 110 26.23 5.2 444.2 29.3 -10.8  

23/01/2010 175 32.14 4.6 614.0 38.5 -10.8  

23/01/2010 280 33.03 4.6   -10.7  

23/01/2010 496 32.44 5.2 743.6 44.6 -10.8  

23/01/2010 15 16.26 7.2 300.3 18.5 -9.5 Marguerite Bay 

23/01/2010 100 29.10 5.4 468.9 30.8 -10.7 Marguerite Bay 

23/01/2010 180 32.97 4.5 656.2 40.8 -11.4 Marguerite Bay 

23/01/2010 275 31.40 4.8   -10.5 Marguerite Bay 

23/01/2010 550 32.84 3.7 703.7 42.3 -11.1 Marguerite Bay 

26/01/2010 15 14.20 8.0 238.3 14.7 -9.4  

27/01/2010 0 10.35 8.3 247.4 14.8   

27/01/2010 5 9.72 7.4 232.9 14.2   

27/01/2010 10 13.30 7.0 266.5 16.5   

27/01/2010 15 15.23 7.2 301.8 18.8   

27/01/2010 25 17.02 6.0 319.7 20.1   

30/01/2010 15 15.74 6.9 285.8 17.8 -9.1  

02/02/2010 0 0.38  140.4 8.2   

02/02/2010 5 0.97 7.8 200.3 11.9   

02/02/2010 10 11.45 8.3 270.9 16.4   

02/02/2010 15 12.04 7.0 304.9 18.7 -9.3  

02/02/2010 25 16.70 6.0 344.7 21.4   

06/02/2010 15 15.55 7.4 338.2 20.9 -9.6  

12/02/2010 0 0.32  229.5 13.9   

12/02/2010 5 7.99 8.3 295.4 18.0   

12/02/2010 10 9.26 7.2 266.0 16.3   

12/02/2010 15 10.26 7.8 260.5 16.1 -9.4  

12/02/2010 25 11.14 7.5 258.2 15.9   

12/02/2010 100 19.23 6.5 367.8 24.0 -11.9  

12/02/2010 500 32.36 5.0 765.8 45.9 -13.8  

15/02/2010 0 0.37 9.5 114.0 6.8 -8.5  

15/02/2010 5 0.41  155.0 9.3 -9.0  

15/02/2010 10 1.17  222.0 13.4 -9.6  

15/02/2010 15 6.49 8.3 206.1 12.5 -9.6  

15/02/2010 25 9.06 8.0 254.9 15.6 -10.2  

18/02/2010 15 2.47 10.2 232.3 14.0   

22/02/2010 0 0.66 11.0 277.5 16.5   

22/02/2010 5 1.31 8.8 286.4 17.3   

22/02/2010 10 6.67 8.5 358.8 21.6   

22/02/2010 15 7.76 9.0 367.2 22.3 -9.9  
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Continued from previous page… 
 

Date Depth (m) [NO3
-
] �

15
NNO3 pCO2 [CO2 (aq)] �

13
CCO2  

22/02/2010 25 9.83 7.4 403.2 24.5   

22/02/2010 100 30.11 4.6 917.5 59.7 -11.8  

22/02/2010 500 32.88 4.9 1179.6 70.7 -12.1  

25/02/2010 15 10.38 7.9 269.3 16.4 -10.1  

01/03/2010 0 8.49 8.8 256.6 15.7   

01/03/2010 5 9.21 8.3 262.4 15.9   

01/03/2010 10 8.48 8.8 265.3 16.1   

01/03/2010 15 7.53 8.6 248.3 15.0 -8.2  

01/03/2010 25 6.76 9.1 239.3 14.5 -8.8  

04/03/2010 15 11.39 7.5 305.8 18.8 -9.3  

10/03/2010 0 15.25 6.3 521.5 32.3 -10.7  

10/03/2010 5 15.20 7.4 557.4 34.4 -10.8  

10/03/2010 10 15.23 6.4 526.5 32.5 -10.8  

10/03/2010 15 15.24 7.1 504.2 31.1 -10.7  

10/03/2010 25 15.32 7.4 529.6 32.6 -10.8  

10/03/2010 100 22.58 6.0 712.0 44.9 -10.8  

10/03/2010 500 33.07 4.7 1288.2 77.2 -12.2  

15/03/2010 0 11.06 6.6 281.6 17.4   

15/03/2010 15 10.22 7.6 273.0 16.6   

18/03/2010 0 14.96 7.3 388.7 24.1   

18/03/2010 5 12.79 7.3 342.9 21.2   

18/03/2010 10 12.63 7.7 339.0 20.9   

18/03/2010 15 11.79 7.1 322.3 19.9 -9.4  

18/03/2010 25 11.91 7.4 331.0 20.3   

22/03/2010 15 14.96 6.8 311.6 19.2 -9.2  

22/03/2010 100 20.79  426.8 26.8 -10.3  

22/03/2010 500 32.73 4.9 769.3 46.1 -10.1  
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Appendix A5a: Water column radiocarbon data for DIC in 2009/10. The 
final two sample ages are labelled with their sampling location. All other 
samples are from the routine RaTS site in Ryder Bay. 
 
Sample ID code Date Water 

depth (m) 
DIC age 
(
14

C years) 
± (1�)  

SUERC-33171 2/12/2009 15 1086 37  

SUERC-33176 7/1/2010 15 1069 35  

SUERC-36982/3 21/1/2010 15 1038 38  

SUERC-33179 12/2/2010 15 1025 35  

SUERC-36979 15/2/2010 15 1149 35  

SUERC-33184 22/2/2010 15 943 35  

SUERC-33187 10/3/2010 15 959 37  

SUERC-33190 22/3/2010 15 971 38  

SUERC-33191 22/3/2010 15 943 38  

      

SUERC-33174 2/12/2009 100 1044 37  

SUERC-33177 7/1/2010 100 1024 37  

SUERC-33180 12/2/2010 100 1037 37  

SUERC-33185 22/2/2010 100 1091 35  

SUERC-33188 10/3/2010 100 831 37  

SUERC-33194 22/3/2010 100 1047 38  

      

SUERC-33175 2/12/2009 500 1284 35  

SUERC-33178 7/1/2010 500 1279 37  

SUERC-33181 12/2/2010 500 1319 35  

SUERC-33186 22/2/2010 500 1325 37  

SUERC-33189 10/3/2010 500 1270 35  

SUERC-33195 22/3/2010 500 1285 38  

      

SUERC-36984 9/12/2009 450 1335 36 Continental shelf 

SUERC-36985 23/1/2010 550 1254 36 Marguerite Bay 

 

Appendix A5b: Water column radiocarbon data for POC in 2009/10. All 
samples are from the routine RaTS site in Ryder Bay 
 
Sample ID code Date Water depth (m) POC age (

14
C years) ± (1�) 

SUERC-34453 7/1/2010 15 1126 47 
SUERC-34454 16/1/2010 15 1077 44 
SUERC-33536 21/1/2010 15 1157 37 
SUERC-33537 12/2/2010 15 991 37 
SUERC-33538 15/2/2010 15 947 35 
SUERC-34455 22/2/2010 15 997 43 
SUERC-34460 1/3/2010 15 1074 44 
SUERC-34462 22/3/2010 15 1377 62 
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Appendix A6a: Sea ice time-series N data for 2004/5 and 2005/6 
 
 [NO3

-
] �

15
NNO3 [PN] �

15
NPN 

10/12/2004 8.22 5.9 9.35 6.8 

13/12/2004 6.94 2.9 9.00 7.3 

15/12/2004 12.15 3.6 6.55 7.4 

17/12/2004 6.95 4.4 6.93 8.8 

19/12/2004 4.98 4.3 4.07 6.4 

     

17/9/2005 12.90  4.60 2.8 

13/10/2005 1.63  3.55 4.5 

21/11/2005 3.21  2.96 5.5 

23/11/2005 21.58 0.9 2.68 6.3 

24/11/2005 2.61  3.92 5.0 

28/11/2005   2.97 5.2 

1/12/2005 7.26 0.3 3.30 7.4 

6/12/2005 2.01  3.01 7.5 

9/12/2005 1.54  2.14 6.0 

20/12/2005 2.03  2.45 9.7 

 

Appendix A6b: Sea ice time-series C data for 2004/5 and 2005/6 
 
  [CO2 (aq)] �

13
CCO2 [POC] �

13
CPOC [chl a] 

10/12/2004 3.30 -10.1 118.41 -13.6 0.07 

13/12/2004 1.20 -10.7 62.45 -18.8 0.01 

15/12/2004 6.60 -9.6 60.41 -15.9 1.54 

17/12/2004 2.10 -10.0 50.64 -14.4 0.47 

19/12/2004 1.50 -8.6 37.14 -15.2 0.26 

      

17/09/2005   31.58 -24.9 4.53 

13/10/2005   24.48 -22.6 0.64 

21/11/2005 0.40 -6.8 23.19 -22.3 2.77 

23/11/2005 2.10 -4.8 18.57 -21.3 1.66 

24/11/2005 1.50 -6.8 43.24 -17.7 1.04 

28/11/2005 8.80 -9.9 23.11 -22.3 1.33 

01/12/2005 4.00 -9.2 20.66 -21.3 1.02 

06/12/2005 7.80 -9.6 18.20 -22.6 1.17 

09/12/2005 3.50 -5.1 16.89 -20.8 0.91 

20/12/2005 1.00 -7.2 19.35 -22.1 1.77 
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Appendix A7a: Sediment trap flux and isotopic data from the RaTS 
200m trap for 2004/5 and 2005/6 

Open Closed 
Mass flux 
mg/m

2
/day 

POC flux 
µmol/m

2
/day 

�
13

C 
‰ VPBD 

PN flux 
µmol/m

2
/day 

�
15

N 
‰ AIR 

Opal flux 
µmol/m

2
/day 

26/1/05 7/2/05 1296.38 3430.39 -20.7 394.19 4.5 3036.31 

7/2/05 21/2/05 1581.77 3845.11 -20.1 503.55 4.1 3800.33 

21/2/05 1/3/05 1244.37 3214.52 -19.7 410.79 4.0 2843.91 

1/3/05 1/4/05 1020.72 1826.84 -21.1 246.98 4.1 2197.10 

1/4/05 1/5/05 21.58 31.41 -22.6 4.65 5.5 0.00 

1/5/05 1/6/05 0.10      

1/6/05 15/7/05 0.02      

15/7/05 1/9/05 0.30      

1/9/05 1/10/05 0.23      

1/10/05 1/11/05 0.07      

1/11/05 15/11/05 0.23      

15/11/05 29/11/05 0.23      

29/11/05 6/12/05 0.45      

6/12/05 13/12/05 0.70      

13/12/05 20/12/05 2.17      

20/12/05 27/12/05 1.20      

27/12/05 3/1/06 1.33      

3/1/06 18/1/06 0.32      

18/1/06 1/2/06 0.58      

1/2/06 14/2/06 2789.23 3341.96 -22.5 457.90 4.1  

18/2/06 3/3/06 140.39 537.00 -28.7 84.97 3.0  

 

Appendix A7b: Sediment trap flux and isotopic data from the RaTS 
512m trap for 2004/5 and 2005/6 

Open Closed 
Mass flux 
mg/m

2
/day 

POC flux 
µmol/m

2
/day 

�
13

C 
‰ VPBD 

PN flux 
µmol/m

2
/day 

�
15

N 
‰ AIR 

Opal flux 
µmol/m

2
/day 

26/1/05 7/2/05 1637.47 3564.67 -20.5 457.58 4.4 4093.94 

7/2/05 21/2/05 1628.48 3524.76 -20.2 465.53 4.0  

21/2/05 1/3/05 2.13      

1/3/05 1/4/05 0.84      

1/4/05 1/5/05 0.13      

1/5/05 1/6/05 0.19      

1/6/05 15/7/05 0.06      

15/7/05 1/9/05 0.32      

1/9/05 1/10/05 0.40      

1/10/05 1/11/05 0.16      

1/11/05 15/11/05 0.19      

15/11/05 29/11/05 0.17      

29/11/05 6/12/05 0.34      

6/12/05 13/12/05 1.17      

13/12/05 20/12/05 0.81      

20/12/05 27/12/05 0.61      

27/12/05 3/1/06 0.79      

3/1/06 18/1/06 0.16      

18/1/06 1/2/06 4.84      

1/2/06 14/2/06 294.93 453.08 -21.8 60.00 3.5 690.88 

18/2/06 3/3/06 174.89 438.47 -27.8 65.66 2.9  
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